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The Fate and Mobility of Heavy Metals in East Anglian
Salt Marsh Sediments
Alec Martin Hutchings
Measuring the evolution of redox conditions in Earth’s atmosphere and oceans through
time is a prominent challenge in Earth Sciences. Geochemical proxies in sedimentary rocks
used to reconstruct past redox conditions—such as the speciation of iron mineralogy, δ 98Mo,
and δ 53Cr—rely on the assumption that the geochemical signature acquired at the sediment
surface is translated directly into the geologic record.
In this thesis, I have used East Anglian salt marsh anoxic pond sediments as a modern
analogue to test the effect of diagenesis on these paleoredox proxies. This site is particularly
applicable because of an intriguing geochemical dichotomy that exists; the anoxic sedimen-
tary porewater beneath ponds either contains high concentrations of ferrous iron or aqueous
sulfide, which are somewhat comparable to the ferruginous and euxinic ocean sediments of
the mid-Proterozoic respectively.
I found that proximity of tidal creeks imparts a first order control on the spatial distribu-
tion of sulfide-rich and iron-rich pond sediments. Evidence is provided of a geochemical
"switching" from iron-rich pond sediment chemistry to sulfide-rich pond chemistry which is
hypothesised to be driven by an accumulation of organic carbon over time.
High resolution porewater and sedimentary δ 98Mo samples are used to infer the behaviour
of Mo within these sediments. The speciation of iron mineralogy is the primary control on
Mo distribution in iron-rich pond sediment. Two separate sulfide-rich pond sediments with
similar sulfide concentrations have very different δ 98Mo profiles; it is hypothesised that these
differences reflect the amount of time since that pond sediment was iron-rich. This suggests
that sedimentary δ 98Mo can be altered during a diagenetic redox change.
A method to measure δ 53Cr using thermal ionisation mass spectrometry is developed
and used to determine the Cr isotope composition of these pond sediments. The δ 53Cr in
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iron-rich and sulfide-rich pond sediment occupies a narrow isotope range which is more
similar to oxic marine settings than anoxic marine settings. This implies that the redox
conditions of the water column, rather than the sediment porewater, dictates the δ 53Cr which
is recorded.
The reaction of aqueous sulfide with iron minerals is a fundamental diagenetic reaction
observed in these salt marsh pond sediments. I used a simple diagenetic model to illustrate
how a significant proportion of mid-Proterozoic sedimentary rock samples classified as eux-
inic using conventional iron speciation classification could be explained by solely diagenetic
conversion of iron mineralogy.
The work in this thesis addresses the hitherto underappreciated importance of early
diagenetic reactions on paleoredox proxies. A better understanding of these reactions will
help deconvolve what the actual paleoredox conditions were in the geological past.
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1.1 Redox conditions through Earth history
One of the outstanding aims in the scientific community has been to constrain the evolution
of Earth’s atmospheric and oceanic redox state through history (Figure 1.1). The geological
record is the key to reconstructing this redox evolution: the geochemical signals ultimately
recorded in sedimentary rocks can potentially reveal the environmental conditions present at
the time of deposition. Our current understanding of Earth’s redox history is as follows: The
atmosphere in the Archean Eon (4–2.5 Ga) contained negligible oxygen, instead consisting
of some mixture of H2O, CO2, NH3 and CH4 which kept the Earth surface warm, despite
the lower solar luminosity (Nisbet and Sleep, 2001; Sagan and Chyba, 1997). Early in
the succeeding Proterozoic Eon (2.5–0.542 Ga), the disappearance of mass independent
fractionation in sedimentary sulfide minerals suggests a large-scale global oxidation event
occurred (Farquhar et al., 2000), possibly preceded by smaller whiffs of atmospheric oxygen
(Anbar et al., 2007). This introduction of atmospheric oxygen, termed the Great Oxidation
Event (2.4–2.1 Ga), is widely supported by a variety of geochemical and geological evidence
such as the disappearance of detrital pyrite from river sediments, the appearance of red beds
and a shift in δ 53Cr in banded iron formations (Frei et al., 2009; Holland, 2006; Konhauser
et al., 2011).
The cause of this oxidation event is still unclear; the evolution of photosynthesis, a change
in tectonic processes and internal feedbacks based on chemical cycles have all been posited
(Alcott et al., 2019; Kump and Barley, 2007; Lenton et al., 2014). A tighter constraint on
timing of the increase in oxygen would aid in establishing the causal mechanism, but there is
disagreement among paleoredox proxies (Gumsley et al., 2017).
The ∼billion-year period that followed the GOE is known at the mid-Proterozoic or,
more colloquially, the “boring billion”. During this time, the atmosphere is hypothesised to
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Fig. 1.1 - Evolution of atmospheric oxygen and oceanic conditions through Earth history. (a)
Oxygen concentrations of the atmosphere (for a more in depth representation of this plot, see
(Lyons et al., 2014)). (b) Canonical view of the geochemistry of the deep ocean (Canfield,
1998; Holland, 1984; Rouxel et al., 2005) and, (c) revised view of deep ocean redox water
conditions based on shale date from Planavsky et al. (2011). All of these reconstructions are
based on paleoredox proxies. Figure from Planavsky et al. (2011)
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have contained between 0.1 and 10% of present atmospheric oxygen levels (PAL) (Laakso
and Schrag, 2017; Planavsky et al., 2014). As a consequence, the surface ocean may have
contained very small levels of oxygen, but the majority of the ocean would have remained
anoxic. In the absence of oxygen, the oceans were initially proposed to contain widespread
aqueous sulfide (Canfield, 1998), conditions which are similar to the modern Black Sea—or
Euxine Sea according to the ancient Greeks—and thus are termed euxinic. More recent
evidence has highlighted that ferruginous conditions—anoxic waters containing dissolved
iron—were widespread in the deep oceans and that euxinic conditions were instead confined
to shallow continental margins (Planavsky et al., 2011). The actual proportion of euxinic and
ferruginous conditions at the time however, is not well constrained and there is disagreement
among redox proxies (Gilleaudeau et al., 2019; Reinhard et al., 2013; Sperling et al., 2015).
Understanding the extent, timing and geographical location of euxinia during this period is
key; the early development and diversification of eukaryotes is hypothesised to have occurred
during the mid-Proterozoic. Aqueous sulfide could have influenced the eukaryotic species
that could have existed during this period (as sulfide is toxic to certain eukaryotes), although
other factors, such as nutrient availability, may have also controlled eukaryotic evolution.
Following the “boring billion”, a second oxidation event known as the Neoproterozoic
Oxidation Event (NOE) (800–540 Ma) is thought to have occurred. It is in this period that
atmospheric oxygen levels increased up to 50% of PAL and the first introduction of oxygen
to the deep ocean has been hypothesised (Och and Shields-Zhou, 2012). The nature of this
introduction of oxygen to the deep ocean is thought to have been stepwise until modern levels
were reached (Fike et al., 2006; Sahoo et al., 2016).
1.2 Paleoredox proxies and the role of diagenesis
Constraining these redox conditions has required the incredible—yet unenviable—work of
identifying, developing, and testing paleoredox proxies in the geological record to fingerprint
both atmospheric oxygen and oceanic oxygen through Earth history. With almost every
proxy, the basic premise is that a geochemical signature acquired at the sediment surface
in a ferruginous, oxic, or euxinic ocean or in an oxic or anoxic atmosphere subsequently
becomes buried and, ultimately, lithified into the rock record. What this thesis examines,
first and foremost, is the geochemical reactions that occur during the period of time between
deposition and lithogenesis and how they may influence the preservation of these primary
signatures in the sediment. These early reactions, cumulatively referred to as “diagenesis”,
have the potential to alter that geochemical signature which was acquired at the surface. If
these reactions are understood comprehensively, then the primary signature in the rock record
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can be decoupled from the diagenetic signature and the true primary redox signal can be
revealed.
Without access to the exact sedimentary conditions of the ancient ocean, modern environ-
ments analogous to past conditions need to be used to ascertain the sequence of diagenetic
processes that can generate a preserved geochemical signature. However, care needs to be
taken to when applying interpretations of modern environments to the past for a number of
reasons: the same geochemical signature could have been generated by multiple processes,
certain environmental characteristics (e.g. the pH, carbon fluxes and ionic composition of
seawater) may not be comparable between the past and present, and chemical reactions may
have altered the signature in the sediment between the timing of deposition and the formation
of the rock.
In this project, I am examining the effect of early sedimentary diagenesis in a modern
analogous environment on three commonly used paleoredox proxies: the δ 98Mo isotope
system, the δ 53Cr isotope system and iron speciation measurements. Each of these has
been used extensively to fingerprint paleoredox conditions in the geological record (Arnold,
2004; Planavsky et al., 2014; Sperling et al., 2015). The fundamental premise behind
the use of these particular metals to explore paleoredox is introduced below. A more
comprehensive introduction to each of these geochemical systems is given in Chapters 4, 5,
and 6 respectively.
1.2.1 Molybdenum and the δ 98Mo isotope system
Molybdenum (Mo) is a trace element which becomes more easily removed from solution in
the presence of aqueous sulfide. As such, enrichments of Mo in shales have been used as an
indicator of local euxinic conditions and a global decline in the abundance of Mo in shales
has been interpreted as more widespread euxinic conditions in global oceans (Reinhard et al.,
2013). The speed of Mo sequestration in sediments deposited below a euxinic water column
means that the δ 98Mo of seawater is hypothesised to be directly transferred to the sediment,
whilst sediments deposited under oxic conditions have a much lower δ 98Mo (Arnold, 2004;
Kendall et al., 2017). Seawater δ 98Mo will change dependent on the relative balance of
each of these sinks which can be tracked using the δ 98Mo of shales deposited underneath a
euxinic water column. In summation, δ 98Mo in euxinic shales is hypothesised to track the
fraction of euxinic conditions in the ocean and Mo enrichments in a particular sedimentary
sequence can be used to track local euxinia.
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1.2.2 Chromium and the δ 53Cr isotope system
Chromium (Cr) in nature typically exists in one of two oxidation states: an oxidised, soluble
Cr(VI) form and a reduced, largely insoluble Cr(III) form. Higher sediment concentrations
of Cr are thus inferred to form under anoxic water columns (promoting the formation of the
insoluble Cr(III)), regardless of whether this water column contains ferrous iron or sulfide
(Reinhard et al., 2013). The δ 53Cr proxy relies on the premise that Cr(III) can only be
oxidised in terrestrial environments if a certain threshold of atmospheric oxygen is present
(Planavsky et al., 2014). Since the most significant Cr isotopic fractionation is associated
with reduction, sediments containing δ 53Cr which differ from bulk silicate earth values
(-0.012‰) are inferred to have been deposited under an atmosphere containing some oxygen
(Frei et al., 2009). Additionally, the balance of higher δ 53Cr anoxic sinks to lower δ 53Cr
oxic sinks may provide some information on the balance of oxic and anoxic water masses in
ancient oceans if paleoseawater δ 53Cr is recorded in independent record. In summation, the
δ 53Cr proxy is proposed to be both a tracer of ocean anoxia and atmospheric oxygen.
1.2.3 Iron Speciation
The iron speciation proxy uses the mineralogy of iron in sediment to infer both anoxic
and euxinic conditions in the water column (Poulton and Canfield, 2011). Under anoxic
conditions, highly reactive iron minerals (e.g. iron carbonates, iron (oxyhydr)oxides and iron
sulfides) form in the water column whereas under under euxinic conditions, predominantly
iron sulfide minerals form in the water column; in both cases the minerals would become
deposited in the sediment more rapidly than in an oxic environment (Lyons and Severmann,
2006). Where the fraction of highly reactive iron to total iron in the sediment exceeds 0.38,
an anoxic water column is inferred. Furthermore, where the fraction of iron hosted in pyrite
to the highly reactive iron exceeds 0.7, a euxinic water column is inferred. Iron speciation is
one of the most widely used proxies to interpret the local redox conditions of a water column
in sediments, which can aid in distinguishing between the global and local components of
other paleoredox proxies (Planavsky et al., 2014; Sperling et al., 2015).
1.3 Early sedimentary diagenesis
To test these various paleoredox systems, an understanding of the redox reactions occurring
in the sediment is necessary. A plethora of these reactions occur within sediments, many of
which are driven or influenced by the breakdown of organic carbon. The reduction of oxygen
is the most common half reaction coupled with the breakdown of organic matter as it is the
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most energetically favourable terminal electron acceptor (TEA). In the modern atmosphere
and ocean, oxygen is ubiquitous enough to always be in excess, therefore aerobic respiration
is the dominant mechanism oxidising organic carbon (Equation 1.1).
C6H12O6 +6O2 → 6CO2 +6H2O (1.1)
Within sediment however, organic carbon can accumulate to the extent that the supply
of oxygen is exhausted. Under these conditions, the breakdown of organic carbon can
couple with less favourable terminal electron acceptors. A canonical order of usage called
“the redox ladder” was initially proposed for environmentally available molecules (Figure
1.2) whereby one TEA will be used until depletion whereupon the next most energetically
favourable TEA will be used (Froelich et al., 1979). Support for this mechanism came from
the redox zonation observed in marine sediment cores. This redox ladder has since been
shown to be more complex: variations in pH and Eh affect the relative favourability of
different terminal electron acceptors (Bethke et al., 2011), cable bacteria can connect redox
zones which are otherwise not adjacent to each other in a sedimentary profile (Meysman,
2018), and two different reduction metabolisms can coexist in the same sediment either in
microenvironments or in coupled reactions (Hansel et al., 2015; Mortimer et al., 2011).
All of these reactions will influence how trace elements such as Mo and Cr are distributed
in the sediment column. Changes in pH, Eh and major element cycling occurring as a result
of diagenetic reactions can potentially break down previously deposited elements and cause
them to be diffused elsewhere in the sediment column (Shaw et al., 1990). There is a growing
body of work examining trace elements in modern sediments to understand how geochemical
signals can be altered post depositionally (Liu et al., 2020; Scholz et al., 2013) but each
environment is subject to different conditions and reactions, and thus many more sites are
needed. In particular, there needs to be more sites where multiple redox proxies are tested in
conjunction, as this will address the comparative benefits and drawbacks of each system.
1.4 Salt marsh pond sediments as potential analogues
All fieldwork for this thesis was conducted in East Anglian salt marshes in the UK. Aside
from being an exotic destination for fieldwork, the sediments beneath saline ponds offer
many of the geochemical characteristics of ancient ocean sediments and thus are an ideal
location to test paleoredox proxies. Salt marsh ponds offer an easily accessible environment
where sediment exists with a high organic carbon flux which is overlain by seawater. The
high organic carbon flux means that the depth of oxygen penetration is minimal (<1 cm)
and each electron acceptor is depleted more rapidly (thus constricting the redox transitions
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Fig. 1.2 - Sediment column under the conventional redox ladder as electron acceptors are
used in order of energy availability (Froelich et al., 1979). Dashed lines indicate electron
acceptor for the redox reaction (reactant). Solid lines indicate the product of the redox
reaction. Oxygen and nitrate are rapidly metabolised in the uppermost portion of the
sediment and thus concentrations are highest in the water column. East Anglian salt marsh
pond sediments do not always abide to this conventional redox ladder.
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vertically). These conditions make it an ideal environment to understand how paleoredox
proxies are affected by a wide variety of anoxic redox conditions during early diagenesis.
These sediments have certain advantages over other potential modern analogues. Al-
though open ocean sediments contain the same redox zones at depth, the lower organic carbon
supply means that the depth of oxygen penetration and the width of each redox zone can
extend for many metres, requiring the use of longer cores. Terrestrial lake settings could offer
another potential analogue for past ancient oceans, however, lower ionic strength solutions
would result in different types and rates of authigenic mineral precipitation, detrital sources
and delivery would vary in comparison to marine settings, and other geochemical parameters
such as a pH and alkalinity would be markedly different.
1.5 East Anglian salt marsh pond sediments
Salt marshes are highly productive coastal wetlands that serve a critical role in carbon
sequestration and nutrient trapping (Barbier et al., 2011; McLeod et al., 2011; Valiela et al.,
1978). Like other environments defined as “Blue Carbon”, they sequester a disproportionately
larger amount of carbon than their area would suggest. However, as a marginal environment
poised between the terrestrial and marine realms, salt marshes are also extremely vulnerable to
changes in environmental conditions such as anthropogenic eutrophication/drainage, climate
change and sea level rise (Deegan et al., 2012; Kennish, 2001; Kirwan and Megonigal,
2013). For example, in the UK, up to 100 Ha of salt marsh land is estimated to be lost
per year (Phelan et al., 2011). Understanding the geochemistry of these environments is
therefore important if we wish to better predict how salt marshes may be affected by future
environmental changes.
Salt marsh surfaces are highly heterogeneous; a largely vegetated platform is incised by a
series of narrow, tidally fed creeks with varying cross sections (Allen, 2000; Lawrence et al.,
2004). Saline ponds form where tidal drainage is most inefficient, forming pockmarks in the
vegetated platform surface which seawater infills (Wilson et al., 2014). The low hydraulic
conductivity of the sediment means that the ponds remain filled for the majority of the year
and are sporadically flushed by tidal events which flood the vegetated platforms during high
tides or storm surges (Santos et al., 2009). The formation mechanism of these ponds is
uncertain, although it has been proposed that either physical processes (e.g. algal debris or
heterogeneous development of the salt marsh) or biogeochemical processes (e.g. build-up of
salinity in standing water or decay of deposited algal matter) are responsible for the initial
formation of primary (well-rounded) ponds and senescence of creeks isolated by vegetation
forms secondary (elongate-shaped) ponds—both of which can be present in the same salt
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marsh (Pethick, 1974; Redfield, 1972; Wilson et al., 2014). As brackish water sits on the
surface of these ponds, vegetation is prevented from colonising, resulting in a set of feedbacks
which allow these ponds to remain semi-permanent and respond to sea level change and other
larger perturbations (Wilson et al., 2014).
Huge quantities of organic carbon, both allochthonous (supplied by rivers and the oceans
from elsewhere) and autochthonous (grown in situ) are supplied to the muddy sediment. As
a consequence, the sediment beneath these ponds, and indeed throughout the salt marsh
beneath the rhizosphere, is largely anoxic (Mills et al., 2016). In the ponds, the presence of
a standing water column (1–50 cm) and the lack of surface vegetation limits the supply of
oxygen into the sediment. In the absence of processes which would disturb the sediment (e.g.
bioturbation or a rhizosphere), aerobic respiration is limited to a small boundary layer at the
sediment surface (<1 cm) (Nealson, 1997). A rather unusual phenomenon discovered in these
localities is that sediments beneath certain ponds contained dissolved ferrous iron (Fe2+) in
the porewater whilst the sediments beneath other ponds, sometimes less than 10 m away,
contained dissolved sulfide (S2−). The distribution and behaviour of these two different types
of sediment and how this affects the chemistry of trace elements used as paleoredox proxies
in these sediments will be the main focus of this thesis.
1.6 Thesis Roadmap
Chapter 1 – Introduction Chapter 1 provides a brief account of the redox evolution of
the Earth’s surface and the paleoredox proxies which are being tested in this thesis. The salt
marsh system is introduced as an analogue for past redox conditions.
Chapter 2 – Controls on the Spatial Distribution of Pond Sediment Geochemistry
in East Anglian Salt Marshes Chapter 2 provides an introduction to the fundamental
geochemical processes occurring in iron-rich and sulfide-rich pond sediments in the East
Anglian Salt marshes. Various hypotheses are posited for why these geochemical conditions
co-exist in the spatial distribution that is observed.
Chapter 3 – Method Development for Trace Element Analysis using ICP-MS and
for Chromium Isotope Analysis on the Thermal Ionisation Mass spectrometer (TIMS)
Chapter 3 introduces the analytical methods which were developed for trace element con-
centration determination in porewaters and sediment and the development of the δ 53Cr
methodology by TIMS.
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Chapter 4 – The Geochemical Behaviour of Molybdenum in Salt Marsh Pond Sed-
iments Chapter 4 looks at the δ 98Mo system under the varying redox conditions present
in the salt marsh pond sediment. The work in this chapter provides evidence for diagenetic
overprinting of sedimentary δ 98Mo during early diagenesis.
Chapter 5 – The Geochemical Behaviour of Chromium in Salt Marsh Pond Sedi-
ments Chapter 5 looks at the δ 53Cr system in salt marsh pond sediments where in spite
of the anoxic conditions, δ 53Cr looks similar to oxic sediment. This chapter explores the
small differences in δ 53Cr between the sulfide-rich and iron-rich pond sediment and how
diagenesis influences δ 53Cr.
Chapter 6 – Potential for Diagenesis in the Proterozoic Rock Record Chapter 6
examines how early diagenetic overprinting may have consequences for paleoredox proxies
in the geological record. A model shows how diagenetic overprinting can mimic a “eu-
xinic” signal in the geological record. The model is tested on the 4000+ iron speciation
measurements compiled by Sperling et al. (2015).
Chapter 7 – Conclusion Chapter 7 concludes the thesis by summarising the develop-
ments in our understanding of diagenesis in pond sediments and the effect of diagenesis on
the three paleoredox proxies. The implications for the geological record are highlighted.
Chapter 2
Controls on the Spatial Distribution of
Pond Sediment Geochemistry in East
Anglian Salt Marshes
The work presented in this chapter has been published under the title ‘Creek Dynamics
Determine Pond Subsurface Geochemical Heterogeneity in East Anglian (UK) Salt
Marshes’ in Frontiers in Earth Science (Hutchings et al., 2019). The sediment cores were
collected by myself and many of the co-authors on this paper. Spatial mapping, data analysis
and interpretation of the results were my own work. Co-authors and two reviewers provided
comments on the published manuscript.
2.1 Introduction
2.1.1 Chapter outline
This chapter provides an in-depth description of the chemistry at the field site where I tested
the applicability of the δ 98Mo (Chapter 4) and the δ 53Cr (Chapter 5) isotope systems in a
modern sedimentary environment. In addition, the work in this chapter ties together work that
the Turchyn group had been conducting since 2013; I provide a mechanism to describe the
dichotomous pond sediment geochemistry which is observed in East Anglian salt marshes.
Parallels can be drawn between the geochemistry in these locations and the geochemical
conditions in mid-Proterozoic ocean sediments (Chapter 6).
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2.1.2 East Anglian salt marshes: a geochemical dichotomy in pond sed-
iments
As discussed in Chapter 1, East Anglian salt marsh pond sediment geochemistry is char-
acterised either by sediment which has high dissolved ferrous iron in the porewater, or by
sediment which has high dissolved hydrogen sulfide in the porewater. For brevity, I will
ascribe the terms “iron-rich” pond sediment and “sulfide-rich” pond sediment for these two
systems respectively from here onwards. All sampled pond sediments prior to this project
had been described as one of these two categories, and multiple projects had been undertaken
to look at some of the processes controlling redox changes in each type of sediment (Antler
et al., 2019; Lin et al., 2020; Mills, 2014; Mills et al., 2016; Wilkening, 2017; Wilkening
et al., 2019).
Still, some fundamental questions remained unanswered—what actually controls whether
the sediment beneath a pond iss destined to become iron-rich or sulfide-rich? This is
particularly poignant, as iron-rich pond sediment could be separated by less than 5 metres to
a sulfide-rich pond sediment, yet two iron-rich sediments would be nearly identical between
Norfolk and Essex—salt marshes over 100 km apart. A further question is, could sediment
or porewater geochemistry, unidirectionally or reversibly, transform from one geochemical
state to the other? The answers to these questions are fundamental to better understand the
controls and interconnections between the iron, sulfur and carbon cycles within these salt
marsh systems.
The work in this chapter first defines the major redox reactions in both iron-rich and
sulfide-rich pond sediment. I used a wide array of sediment cores collected by other members
of the research group and myself over the period from 2013–2018 to understand and explain
larger patterns in the dataset of sediment cores.
The second part of this chapter looks at the spatial distribution of iron-rich and sulfide-rich
pond sediment in East Anglian salt marshes. The heterogeneous structure of salt marshes
means that ponds at different locations on the vegetated platform will be subject to different
environmental conditions such as the frequency of tidal flooding events, the age and depth
of the pond, the strength and nature of groundwater flows, differences in vegetation, and
differences in the supply of organic carbon and nutrients. A clear spatial pattern would imply
that differences in some combination of environmental conditions could be controlling the
geochemistry of the pond sediment.
Following the results of this spatial survey, I then tested three potential hypotheses as
controlling factors in determining the observed pond distribution: (1) the depth of the water
column above the sediment, (2) the distribution of organic carbon in surface sediments and




For this study, I looked at two different salt marsh systems across East Anglia: a series of
salt marshes across the North coast of Norfolk, UK and an isolated salt marsh at Abbotts
Hall Farm, Essex, UK (Figure 2.1). Both salt marshes contain iron-rich and sulfide-rich pond
sediment, implying some commonality (most likely geological provenance) between the two
sites.
On the Norfolk coastline, protection offered by migrating barrier islands, spits and
intertidal sand flats have allowed salt marsh systems to form since the start of the Holocene
(Pethick, 1980). The muds, silts and sands of the intratidal zone overlay glacial gravel
deposits which sit upon a predominantly chalk lithology visible in outcrops at Hunstanton
(Chroston et al., 1999). In Norfolk, the field locations examined are three developed areas
of stable, upper salt marsh near the small towns of Blakeney, Warham, and Stiffkey (Figure
2.1b). The upper marsh sediment is Romano-British in age (2000+ years) and consists of
greyish-brown, silty sands and clayey silts, likely accumulated by vegetative capture of finer
grained sediment, which sits upon a northwards dipping boulder clay (Pethick, 1980; Pye
et al., 1990). The source of the salt marsh sediment is expected to be from the erosion of
proximal cliffs, such as the Crag formation and outcropping chalk formations along the coast
near Hunstanton (McCave, 1987).
Abbotts Hall Farm is a nature reserve owned by Essex Wildlife Trust on a tidally dom-
inated estuarine portion of the River Blackwater. Area 3 (Figure 2.1g) lies on the edge of
this tributary (defined as fringed-estuarine) where low energy environments are protected
from direct wave action (Allen, 2000). The surface geology comprises of London clay and
glacial deposits of chalky boulder clay, sand and gravel (Bristow et al., 1985). The salt
marsh sediment consists of medium and fine-grained silts (Emmerson et al., 1997) reflecting
a combination of tidally supplied eroded material and upstream tributaries. Salt marshes
formed on the mudflats of the river were historically undergoing large scale losses due to sea
level rise (Burd, 1992); as such, the site has been an area of coastal managed realignment
strategy involving the breaching of an existing seawall, thus many of the fringe salt marshes
are very young (<100 years) (Hughes et al., 2009). This is reflected by the shallow depths
(<40 cm) required to reach the gravelly layer underlying the salt marsh sediments.
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Push core liners made of polyvinyl chloride (PVC) were used to extract vertical columns
of sediment from ponds at irregular intervals over the period 2013–2018 by many members
of the Turchyn research group. Porewater was extracted from the cores either in the field
or within 24 hours of being collected using Rhizons (syringe-based samplers with an inert
polymer membrane). Samples for each core were taken at variable depth resolutions (between
1 and 4 cm). Typically, between 2 to 10 mL of porewater was extracted from each depth
sampled, depending on the sediment porosity and what was needed for analysis. Aliquots of
porewater (50–2000 µL) for ferrous iron analysis were fixed with 100 µL ferrozine reagent;
the precise amount of porewater depended on the amount of iron present. Aliquots (50–2000
µL) for aqueous sulfide were fixed with excess quantities of either—dependent on sulfide
concentration or researcher—5% or 20% zinc acetate.
2.2.3 Analytical methods
All analytical measurements were carried out at the University of Cambridge. Dissolved iron
concentrations (Fe2+) were determined spectrophotometrically (Thermo Aquamate UV-Vis)
according to the method described by Stookey (1970) with an error of 0.4%. Dissolved sulfide
concentrations were measured spectrophotometrically using the methylene blue method with
an error of 2% and a detection limit of 1 µM (Cline, 1969). Samples were diluted with
ultrapure water to fit within a calibrated range. Major anions (sulfate and chloride) were
measured by ion chromatography (Thermo Scientific Dionex ICS5000+) with an error up to
2% based on repeat analysis of standards. Samples measured for alkalinity were filtered using
a cellulose nitrate membrane syringe filter (0.2 µM, 47 mm). Alkalinity was determined
using the inflection point method by titrating 1–1.2 mL aliquots of filtered samples with
0.0166 M analytical grade hydrochloric acid (HCl). The pH was measured at 25°C on the
NBS scale using an Orion 3 Star meter with ROSS micro-electrode (ORION 8220 BNWP
PerpHect ROSS).
Samples for sulfur isotope analysis were separated into vials and a supersaturated barium
chloride solution was added, precipitating barite (BaSO4). The barite was cleaned using 10%
HCl, triple washed with ultrapure water, and dried. The δ 34SSO4 was determined through
combustion on a Flash Element Analyser (Thermo Scientific) coupled with continuous
helium flow to a Delta V Plus mass spectrometer. Samples were corrected to NBS-127 barite
standards (δ 34S = 20.3‰) which were run before and after sets of 20 samples. Based on
blind replicates and repeat running of the standard, the data had precision of 0.2‰ (1σ ).
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Sulfur isotopic compositions are reported in standard delta notation as per mil (‰) deviations
from the Vienna Cañon Diablo Troilite (VCDT).
2.2.4 Mapping of ponds
In the absence of high-resolution satellite imagery of the Norfolk Salt Marshes, a method to
aerially map and classify ponds was necessary. A drone (Phantom 3 Standard) was used to
create an aerial survey at a height of 150 m in May 2018. The orthophotos were assembled
using the MapsMadeEasy website and the projection used for uploading to QGIS was WGS
84 31N. I was unable to drone map for Area 3, in Abbotts Hall, so I used Google Earth
satellite imagery of the area which fortunately provided a high enough resolution image.
Two ground-truth campaigns—in May and July 2018—were undertaken to characterise
pond sediment types from the drone images. I initially attempted to characterise ponds
directly from the drone-imagery, but this proved impossible given the variable surface colours
and the small scale of other distinguishing features (e.g. worm burrow casts). The variability
of surface sediment colours was a particular problem seasonally, where transient pulses of
sulfide generation at the surface can stain the surface sediment black in Spring and Autumn.
This can result in pond sediment where the colour of the surface varies across the sediment
surface (Figure 2.2) and with depth.
Fig. 2.2 - Spatial variation in surface sediment colour. (A) The presence of algal blooms at
the periphery of ponds causes sulfate reduction to become temporarily dominant over iron
reduction, staining the surface sediment black (likely iron sulfides). (B) Evidence of algal
blooms growing from the outside inwards.
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I therefore decided that in-field categorisation was more applicable. Following years of
sediment core collection, our research group had found that there was a series of characteris-
tics which could rapidly define a pond from observation/brief sediment handling (Table 2.1,
Figure 2.3). Unfortunately, there was no single obvious characteristic that I considered which
could diagnostically define the geochemistry in a pond sediment in the field. A plausible
method was offered in van de Velde et al. (2020) where a silver wire could be inserted into
the pond sediment to identify the presence of dissolved sulfide (AgS would rapidly form,
coating the wire in a black precipitate (Fike et al., 2017)).
I constructed a classification scheme based on a combination of factors we had observed
in the different pond sediments over time (Figure 2.4). More diagnostic features such as the
presence of sulfide oxidising bacteria, the colour of the surface sediment, and the presence of
worm casts at the sediment surface could quickly categorise the majority of pond sediments.
Some ponds, however, contained sediment of which the geochemistry was more ambiguous.
For cases such as this, in the absence of geochemical measurements, physical handling of
the sediment was the only way to distinguish between the two ponds. Sulfide pond sediment
has a higher porosity and a higher organic carbon content and thus feels softer to the touch
(van de Velde et al., 2020).
Using this classification scheme, I was able to classify 350 ponds using the characteristic
flowchart (Figure 2.4). For each pond visible in the aerial images, I would classify it as
an iron-rich pond sediment, a sulfide-rich pond sediment or as an ‘intermediate’ between
iron-rich and sulfide-rich. The third category was necessary given that some ponds contained
attributes of both iron-rich and sulfide-rich sediments. This technique relied on classifying
each pond as a discrete object based on the findings from Mills (2014) that showed a single
sediment core was reflective of the entire pond chemistry. Rare (<5%) of ponds—particularly
those which were elongate—contained localised patches of both iron-rich sediment and
sulfide-rich sediment; for simplicity, ponds such as these were classified as intermediate.
At each pond, I measured the depth of the overlying water column using a tape measure. I
also recorded the following characteristics for 267 of the 350 ponds for statistical analysis of
certain features: the presence of algae in the water column (Figure 2.3e), signs of burrowing
macrofauna (Figure 2.3a,b), the presence of sulfide oxidising bacteria (Figure 2.3d) and signs
of desiccation cracks (Figure 2.3f).
2.2.5 In situ sampling
In order to monitor geochemical changes in individual pond sediments over time, in situ
samplers were designed to allow repeated sampling of pond sediment pore fluids without
disturbing the sediment. These samplers were designed prior to my PhD and consist of plastic
18



















































































































































































































































































































Fig. 2.3 - Photos showing the common characteristics used to define different pond sediments.
(a) Presence of worm casts on the surface of the pond sediment indicates bioirrigation
ongoing underneath by macrofauna such as polychaete worms (Nereis spp.) and lugworm
(Arenicola spp.) (a close-up of a typical worm cast is shown in (b)). (c) Mineral films occur-
ring at the water surface is assumed to be comprised of predominantly iron (oxyhydr)oxides
which have been oxidised in the water column. (d) Presence of sulfide-oxidising bacteria
(e.g. Beggiatoceae) on the sediment surface indicated by yellow, white and grey staining. A
bacteria film mixed with wind-derived dust is present on the water surface. (e) Algal material
present growing in the water column—this often forms around the edges of a pond first
before reaching the centre, presumably as it attaches to the pond edge (Figure 2.2). Detrital
seaweed is observed on the edge of the pond. (f) Desiccation cracks formed in the pond
sediment surface that extend up to 20 cm into the sediment.
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Fig. 2.4 - Typical method of characterisation of an pond sediments based on features visible
and/or easily testable from the surface (see Table 2.1 for description of characteristics).
Flowchart is constructed in order of most diagnostic and most easily characterised (e.g.
the presence of Beggiatoaceae and surface colour are far quicker to differentiate than the
sediment texture). The presence of white microbial mats, presumed to be Beggiatoaceae
and resulting oxidise sulfur products present on the sediment surface, was decided to be
sufficient enough evidence that sulfate reducing conditions were present in these ponds
(Figure 2.3d). The colour of the sediment surface was typically well differentiated; ponds
were either a very dark grey colour or had a red/brown tint to them (similar to iron oxide
colouration). If the pond sediment surface was a different colour to this or was a shade
between the classifications, this category would be ignored for the classification. The presence
of bioturbation was ascertained by worm casts seen on the sediment surface (Figure 2.3a,b).
The presence of a single worm cast was deemed sufficient to assign a positive result to this
category. The sulfidic smell property relates to a strong sulfidic odour when the sediment
was removed from the water and handled. Sediment texture was determined by handling of
the top 5 cm of sediment. When touched, certain sediments were clearly very soft and fluffy
at the surface, whilst others had a stiffer clay texture. These would be defined as soft and
hard respectively. Some characteristics were occasionally present but in spatially isolated
zones on the pond (e.g. signs of bioturbation on one side of the pond and white microbial
mats on the other). These were defined as ‘zoned’ on the diagram and ponds of this nature
were classified as intermediate. This method is preferred to geochemical analysis as it is
quicker than sampling and allows for rapid characterisation of the salt marsh system.
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frames to which Rhizon filters are attached at 2-cm intervals starting from the sediment-water
interface to a depth of 34 cm (Wilkening, 2017). Outlets from the Rhizons were connected
to sampling ports via airtight, double-walled, (<60 cm) tubes (polyethylene inner and PVC
outer, ID = 1mm) to the surface to which 10 mL syringes were attached for extraction.
Two in situ samplers were installed in the sediments of ponds at Warham (termed Pond
A and Pond B) in January 2017 (Figure 2.1d,e). Pond A appeared to contain sulfide-rich
pond sediment (using the classification scheme shown in Figure 2.4)—whilst the other, Pond
B, an elongate pond, was targeted since it contained sediment which showed characteristics
of both iron-rich and sulfide-rich conditions. Samples of pore fluids from sediment in both
ponds were collected in March, April, May, July prior to my PhD and I collected the samples
in November 2017 and May 2018. During each sampling, the stagnant fluid in the tubing
(roughly 0.6 mL for 60 cm of 1 mm ID tubing) was first removed by extracting and discarding
1–2 mL of pore fluid from each outlet. Another 4–5 mL of pore fluid was then extracted for
geochemical analysis. All depths were sampled simultaneously.
2.2.6 Sediment core transect at Abbotts Hall Farm, Essex
To test for the presence of subsurface ground water flows, I took six sediment core samples
from the Abbotts Hall salt marsh system along a linear transect of roughly 25 m from the
centre of the salt marsh platform to the creek in May 2018 (Figure 2.1h). A horizontal core
(internal diameter = 6 cm) was extracted at 20 cm depth into the creek wall in a south-easterly
direction (named C-Core). Vegetated cores (V1, V2 and V3) were taken from the vegetated
platform surface in areas between the ponds. An iron-rich pond core (I-Core) and sulfide rich
pond core (S-Core) were taken in ponds displaying the designated geochemical behaviour
(Figure 2.4). Porewater in all cores was tested for ferrous iron concentration, δ 34SSO4 and
major anion concentrations.
2.2.7 Carbon content analysis
In May 2018, sediment was extracting from the surface of 30 ponds in Abbotts Hall (Area 3
on Figure 2.1g) using a 1 mL syringe with a cut edge. Sediments were dried and crushed by
pestle and mortar to homogenise the sediment. Roughly 3 µg of sediment was weighed into
tin capsules with care being taken to remove any obvious roots or large pieces of organic
material. Total carbon content were measured using a Costech element analyser coupled via
continuous flow to a Delta V mass spectrometer in the Godwin Laboratory for Paleoclimate
research. Five samples were tested for the presence of carbonate minerals using a duplicate
washed in 0.1 M HCl and subsequently triple washed with ultrapure water. As there were no
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carbonate minerals found, total carbon content is assumed to come from the organic carbon
fraction.
2.3 Results
2.3.1 Porewater geochemistry in sediment cores taken from 2013-2018
In this section, I first present a full geochemical dataset from two sediment cores which
reflect typical iron-rich and sulfide-rich pond sediment geochemical characteristics. I then
present a larger dataset of cores where only Fe2+ concentrations and δ 34SSO4 are reported
to give an indication of the variability within the iron-rich and sulfide-rich pond sediment
classifications. Also included in this dataset are sediment cores taken through the vegetated
platform.
Porewater data collected from an iron-rich core taken from Stiffkey, August 2015, and a
sulfide-rich core taken from Blakeney, August 2015 differ in many geochemical parameters
(Figure 2.5). In the iron-rich pond sediment porewater there were ferrous iron (Fe2+)
concentrations up to 2 mM, little change in the δ 34SSO4 , near-zero aqueous sulfide, near
seawater [SO4]/[Cl] ratios, lower overall pH and low alkalinity (Figure 2.5, red). In contrast,
in the sulfide-rich pond sediment there was no measurable Fe2+, an increase in δ 34SSO4 up
to 40‰ higher than seawater, sulfide concentrations above 4 mM, lower [SO4]/[Cl] ratios
relative to seawater, higher pH and higher alkalinity (Figure 2.5, black). The concentration
of both chloride and sulfate in the porewaters of both sediment cores are lower than that
of typical seawater. In particular, the surface 20 cm of the iron-rich pond contains very
low porewater chloride concentrations (200–400 mM, 30-60% lower than seawater) (Figure
2.5e,f). The porewater characteristics of these two cores reflect the typical geochemical
conditions expected in iron-rich pond sediments and sulfide-rich pond sediments.
To test if there were any differences in pond sediment geochemistry beyond this bimodal
classification, I compiled the porewater results of all the sediment cores collected in the
research group from 2013–2018 (Figure 2.6). It should be noted that depths within the
sediment cannot be accurately compared between the sampled ponds because water depth
was not always recorded in ponds where sediment cores were taken, and there is no elevation
data for these salt marsh platforms.
Dissolved Fe2+ was consistently present (up to 2.3 mM concentration) in iron-rich
pond sediment porewaters, whereas Fe2+ concentrations were almost always negligible in
sulfide-rich pond sediment porewaters. There were variations in the general pattern of Fe2+
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Fig. 2.6 - Porewater compilation of sediment cores extracted from salt marsh ponds between
2013 and 2018. (a) Fe2+ concentrations and (e) δ 34SSO4 for iron-rich pond sediment which
shows a significant increase in Fe2+ concentration below 15 cm depth (see discussion
for explanation). (b) Fe2+ concentrations and (f) δ 34SSO4 for iron-rich pond sediment
which shows a decrease in Fe2+ concentration below 15 cm depth (see discussion for
explanation).(c) Fe2+ concentrations and (g) δ 34SSO4 for porewater in sulfide-rich pond
sediment. (d) Fe2+ concentrations and (h) δ 34SSO4 for porewater in sediment cores extracted
from the vegetated salt marsh platform.
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cores, porewater Fe2+ concentrations increased with depth, sometimes reaching as high as 2
mM at 35 cm depth (Figure 2.6a). In such cores, lower Fe2+ concentrations are observed from
5–15 cm; a zone where iron and manganese oxides visibly stain the sediment orange in some
places. Conversely, in the other subset of ‘iron-rich sediment cores’ there was a decrease in
Fe2+ concentration with depth (Figure 2.6b). Vegetated cores contained negligible ferrous
iron up 10 cm below the surface (this coincides with the depth of root penetration). Below
this rooting zone, porewater ferrous iron concentrations increase up to 3 mM—the highest
observed in any of the cores (Figure 2.6d).
Both types of iron-rich core have porewater δ 34SSO4 which exhibit a minor increase
with depth or have a constant δ 34SSO4 near that of seawater (Figure 2.6e,f). In sulfide-rich
cores, δ 34SSO4 reaches a maximum up to 70‰ by 15–25 cm depth below the sediment-water
interface (Figure 2.6g). In vegetated cores, there is an increase of approximately 5–15‰
δ 34SSO4 from 0–35 cm (Figure 2.6h).
2.3.2 Mapping of pond distributions
Two areas from the Blakeney salt marsh system were mapped using an aerial drone survey
and an area in the Abbotts Hall salt marsh system was mapped using Google Earth satellite
imagery (Figure 2.1f,g). Area 1, from Blakeney (Figure 2.7) consists of two groups of ponds
separated by a tidal creek. Ponds containing sulfide-rich sediment tend to be situated further
from large creek networks than ponds containing iron-rich sediment. The presence of sulfide-
rich ponds is often accompanied by a region of standing water on the surrounding vegetated
platform (visible in Figure 2.7a). Ponds of a similar geochemical and geomorphological
nature appear to cluster in groups. Intermediate ponds, displaying neither or both criteria for
iron-rich or sulfide-rich ponds, often lie at the boundary between iron-rich and sulfide-rich
pond clusters. There are also clear differences in the vegetation over the marsh with “lawn”
vegetation (e.g. Puccinellia maritima, Salicornia spp.) located at the centre of platforms and
larger shrubs (e.g. Spartina anglica) located at the periphery (closer to creeks) (French and
Spencer, 1993).
Area 2 was the most inland area sampled, slightly north of the Norfolk coastal path at
Blakeney (Figure 2.8). Ponds with sulfide-rich sediment in this area tend to concentrate at the
point furthest inland and iron-rich or intermediate ponds are located more towards the littoral
zone. Drone imagery shows vegetation debris on the vegetated platform with sulfide-rich
ponds (south in Figure 2.8a) and larger vegetation around the edges of sulfide-rich ponds.
Proximity to larger creeks appears to favour the presence of ponds with iron rich sediment
(north in Figure 2.8a).
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At Abbotts Hall, there is a similar pattern of salt marsh ponds located further from creeks
being more sulfide-rich (Figure 2.9), albeit less distinct than in Areas 1 and 2. Iron-rich
and sulfide-rich pond sediment distribution does not seem to correlate with the type of
vegetation observed on satellite imagery. An artificial drainage ditch (linear creek in NE
of area) is proximal to an area where most of the pond sediments have been categorised as
‘intermediate’.
Fig. 2.7 - Pond sediment classification in area 1 of the salt marsh in Blakeney. (a) Drone
imagery taken on 03/05/18 of two aggregates in Blakeney salt marsh area 1 (See Figure
2.1c) overlain by geochemical classification observed over period from May and July 2018.
I changed the classification of only two ponds between May and July 2018—both were
changed from sulfide-rich to intermediate. (b) Geochemical classification of ponds sediments.
Hypothetical, hand-drawn zones of sulfide-rich pond clustering shown in grey.
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Fig. 2.8 - Pond sediment classification in area 2 of the salt marsh in Blakeney. (a) Drone
imagery taken on 03/05/18 of an aggregate in Blakeney salt marsh area 2 (See Figure 2.1c)
overlain by geochemical classification observed over period from May 2018. (b) Geochemical
classification with hypothetical, hand-drawn zones of sulfide-rich pond clustering shown in
grey.
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Fig. 2.9 - Pond sediment classification of Abbotts Hall Farm salt marsh system. (a) Google
Earth imagery (06/11/2006) of the salt marsh system in Abbotts Hall (Area 3) (See Figure
2.1g) overlain by geochemical classification observed in June 2018. (b) Geochemical
classification with hypothetical, hand-drawn zones of sulfide-rich pond clustering shown in
grey. Boundary depicted indicates the limit of the salt marsh.
2.3 Results 29
2.3.3 Pond characteristics and water depths
There is a correlation between water depth and the type of pond sediment geochemistry
(Figure 2.10b–e); the average pond water depth overlying sulfidic pond sediments is deeper
than that of iron-rich pond sediments (Area 1 - mean iron-rich pond water depth = 20.2 ±
5.0 cm (n=60), mean sulfide-rich pond water depth = 24.1 ± 4.7 cm (n = 50) (two sample
t-test, p< 0.05); Area 2 – mean iron-rich pond water depth = 19.1 ± 5.6 cm (n = 40), mean
sulfide-rich pond water = 22.4 ± 5.5 cm (n = 64) (two sample t-test , p<0.05); Area 3 – mean
iron-rich pond water depth = 11.8 ± 4.0 cm (n = 40), mean sulfide-rich pond water depth =
15.2 ± 4.6 cm (n = 40) (two sample t-test, p<0.05)).
Figure 2.10a shows the number of ponds which present certain features notable from the
pond surface (described in Table 2.1). Desiccation cracks, evidence of a transient drying
effect, were found to be less prevalent in sulfide-rich ponds compared to iron-rich and
intermediate ponds. This is consistent with the observation that sulfide-rich ponds in general
have greater water depths and thus would dry out less frequently. The presence of algae in the
water column is common in sulfide-rich (90%) and intermediate ponds (80%) and yet is only
present in 30% of iron ponds. Intermediate ponds contain any combination of characteristics;
in particular, cases where both algae and bioturbation were present was common (>70%).
2.3.4 In situ sampling from March 2017 – May 2018
Ferrous iron concentrations were negligible in both ponds over the sampling period (data
not shown). Pond A (a sulfide-rich pond) shows small seasonal variations in δ 34SSO4 of
porewater sulfate with higher δ 34SSO4 observed in the summer and autumn months (Figure
2.11a). These variations are particularly pronounced in the upper 15 cm. Changes in δ 34SSO4
in Pond B (an intermediate pond) are far greater (Figure 2.11b); in March 2017, δ 34SSO4 is
constant with depth and only slightly elevated from the values seen in a ‘typical’ iron-rich
pond. Over time, the δ 34SSO4 of the shallow portion of the sediment (0–15 cm) increases to
a maximum of 55‰ in July 2017 before returning to lower values in November 2017. In
contrast, the deeper portion of the sediment (>15 cm) shows a consistent increase in δ 34SSO4
through time—up from 24‰ in March 2017 to 35‰ in May 2018.
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Fig. 2.10 - Characteristics and water depth of salt marsh ponds in Blakeney and Abbotts Hall
(a) Percentage of ponds which showed evidence of bioturbation, algae, desiccation cracks and
sulfide oxidising bacteria (e.g. Beggiatoaceae) for each classification of pond. Data comes
from all three mapped areas of salt marsh pond sediment. (b) Water depth measurements
taken in Area 1 for each type of pond (17/05/18). P-value taken from t-tests testing the
null hypothesis that there is no difference in water depth between pond classfications. (c)
Water depth measurements taken in Area 2 for each type of pond (17/05/18). (d) Water depth
measurements taken in Area 3 for each type of pond (19/06/18). (e) Composite made of all
depth measurements taken from Area’s 1, 2 and 3.
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Fig. 2.11 - Porewater geochemistry of two pond sediments over a 14-month period. (a)
δ 34SSO4 measured in porewater samples over a 14-month period for pond A (sulfide-rich
pond). Data from an iron-rich pond sampled in 2014 is added for comparison. Analytical
uncertainty is 0.2‰. (b) δ 34SSO4 measured in porewaters over a 14-month period for pond
B (intermediate pond). Data from an iron-rich pond from 2014 is added for comparison.
Analytical uncertainty is 0.2‰.
2.4 Discussion
2.4.1 Salt marsh pond sediment chemistry
There are multiple geochemical, mineralogical, and geomicrobiological methods of under-
standing the microbial reactions occurring in a sedimentary environment. Characterisation of
the bacterial community present is comprehensive but requires an understanding of how this
relates to the chemistry of the environment (Pett-Ridge and Firestone, 2005). Omics—the
study of all the metabolic reactants, intermediaries and products in a system to infer microbial
reactions—can potentially offer nuanced insight into microbial processes. However, it is
difficult to scale the microbial data that is collected to an integrated collection of biogeochem-
ical processes; the huge number of individual reactions in an environmental system makes
interpretations non-unique and imprecise (Schimel, 2016). A more recent development is that
of biosensors: microbes which have been bioengineered to emit a measurable response to
certain environmental conditions (Masiello et al., 2013). Though in its infancy, this promises
a new method of monitoring integrated redox changes in an environment.
The alternative method our research group has employed to understand redox reactions
in an environment is to use the porewater and sediment concentrations and isotope ratios
to infer the biotic and abiotic reactions occurring in the sediment. In essence, this involves
measuring the concentration of the reactants (e.g. SO2−4 ) or the products (e.g. Fe
2+) of
a microbial reaction. These measurements are the net integrated concentrations of all the
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reactions occurring in the sedimentary environment, and therefore do not necessarily reflect
the reactant/product resulting from an individual geochemical reaction. Geochemical analysis
of porewater can nevertheless provide insight into how elemental cycles interact with both
biotic and abiotic processes in the sedimentary environment.
In this discussion, I will first describe the fundamental reactions and questions regarding
iron-rich pond geochemistry, sulfide-rich pond geochemistry and the possibility of interme-
diate pond geochemistry. I will then discuss what could possibly cause the different pond
geochemistry types and whether a transition in pond chemistry could occur. Using the maps
of those pond chemistries, I will then offer potential mechanisms which control their spatial
distribution on a salt marsh platform.
2.4.2 Iron-rich pond sediment chemistry
Iron-rich pond sediments are characterised by high Fe2+ concentrations in the porewater
well in excess of almost all known marine environments. For example, Lake Sulawesi—an
often-cited modern ferruginous environment—contains porewater Fe2+ only up to 45 µM,
nearly two orders of magnitude lower than in these salt marshes (Vuillemin et al., 2016).
These high concentrations are most likely produced from the reduction of Fe3+-containing
minerals (e.g. ferrihydrite or goethite), either through bacterial iron reduction (e.g. for
ferrihydrite in (Equation 2.1) or abiotic reduction coupled to sulfide oxidation (Equation 2.2).
Once formed, the generated Fe2+
(aq) would either be reoxidised back to Fe
3+ which would
predominantly form insoluble minerals or it would be sequestered into the sediment phase
as an Fe2+-containing mineral—the most likely of which are iron monosulfides (Equation
2.3) or pyrite (Equation 2.4). The former process—that of Fe2+ oxidation—requires an
electron acceptor (most likely O2, but potentially also nitrate or Mn-oxides) to couple with the
Fe2+/Fe3+ half-reaction. While this process readily occurs at the sediment-water interface,
staining the surface red or brown (Figure 2.2), oxygen diffusing into the sediment is quickly
depleted within the uppermost centimetre. Therefore, a mechanism is required to explain
how such high levels of iron reduction can be regenerated indefinitely at depth in the pond
sediment.
4Fe(OH)3 +7H++CH2O → HCO−3 +4Fe
2++10H2O (2.1)
HS−+2Fe(OH)3 +5H+ → 2Fe2++S0 +6H2O (2.2)
Fe2++HS− → FeS+H+ (2.3)
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FeS+H2S → FeS2 +H2 (2.4)
The most likely mechanism stems from the observation that roughly half of iron-rich
ponds contain worm-casts at the sediment surface (Figure 2.3a,b), a result of delightful
species such as polychaete worms (Nereis spp.) and lugworm (Arenicola spp.) burrowing
in the sediment below (Antler et al., 2019). The amount of worm casts in iron rich ponds
and worm density in sediment varies substantially, although the 5–15 cm depth increment
has been reported to contain the highest density of worms (Antler et al., 2019). This
burrowing effect—termed bioirrigation—introduces a mechanical pathway for oxic waters
into an otherwise diffusion-dominated, anoxic system, allowing for reoxidation of aqueous
Fe2+ to Fe3+-containing minerals (Volkenborn et al., 2007). Evidence for this comes from
the orange iron minerals surrounding the linings of burrows which are most likely some
poorly crystalline Fe3+-containing mineral such as ferrihydrite(Figure 2.12). This is further
supported in the dissolved Fe2+ profiles of iron-rich pond sediments, where lower Fe2+
concentrations are observed at 5–15cm depth—the zone which coincides with maximum
bioirrigation (Figure 2.6a).
Fig. 2.12 - Evidence of bioturbation at (a) 4 cm depth and (b) 12 cm depth in a sediment
core collected in May 2019. Brightness has been adjusted to highlight the orange (likely
ferrihydrite/amorphous iron oxides) burrow linings. Two polychaete worms are present in
(b).
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Beneath this bioturbated zone, ferrous iron concentrations in porewater either increase
from 15 cm to 35 cm in some cores (Figure 2.6a) or continue to decrease to negligible con-
centrations below 15 cm (Figure 2.6b). No major difference is observed in the corresponding
δ 34SSO4 (Figure 2.6e,f). This discrepancy among porewater profiles of ferrous iron could
be due to varying extents of bioirrigation or through different iron minerals present at depth
which would influence the rate of iron reduction, with amorphous phases being more rapidly
reduced (Lovley and Chapelle, 1995). Another potential explanation for the increase in
Fe2+
(aq) below 15 cm in certain cores is iron reduction coupled with deep sulfide oxidation
(Hansel et al., 2015; Mortimer et al., 2011). This would be undetectable in sulfide or sulfate
concentrations or δ 34SSO4 if it were near quantitative, implying some kind of ‘cryptic’ sulfur
cycling may be present (Blonder et al., 2017; Holmkvist et al., 2011; Mills et al., 2016).
Indeed, the presence of a cryptic sulfur cycle has been suggested by the δ 18O of the porewater
sulfate in these salt marsh sediments (Mills et al., 2016).
Iron-rich pond chemistry is therefore characterised by iron reduction coupled with
subsequent reoxidation of that Fe2+ by dissolved oxygen mechanically brought deep into the
sediment by bioirrigation. Although transiently available aqueous sulfide, produced through
microbial sulfate reduction in microenvironments, could titrate some of the reduced iron into
iron-sulfide phases (Antler et al., 2019), the ongoing regeneration of Fe3+ minerals generates
favourable conditions for iron reduction over other microbial metabolisms, resulting in high
ferrous iron concentrations within the sedimentary porewater. Reoxidation of Fe2+ can
explain why pH does not increase with depth in the sediment, as would be expected with the
acid-consuming behaviour of iron reduction, as iron reduction and oxidation have equal but
opposing effects on pH (Soetaert et al., 2007). Therefore, the decrease in pH observed must
reflect other reactions in the subsurface; a tentative suggestion may be methanogenesis at
depth or sulfate reduction occurring in microenvironments.
2.4.3 Sulfide-rich pond sediment chemistry
Sulfide-rich pond sediments are characterised by high concentrations of porewater sulfide,
diminished sulfate concentrations and an increase in the δ 34SSO4 of the porewater sulfate
(Figure 2.5). All of these attributes can be explained by microbial sulfate reduction (MSR)
(Equation 2.5). During MSR, bacteria preferentially utilise sulfate with the lighter 32S isotope
over the heavier 34S isotope. This leads to an isotopically lower sulfide pool and a residual
porewater sulfate pool with a higher δ 34SSO4 .
2CH2O+SO42− → H2S+2HCO−3 (2.5)
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Higher alkalinity (up to 35 mEq/L) can be readily explained by MSR while an increase
in pH cannot (Figure 2.5). It is most likely that reactions such as carbonate precipitation,
or the reaction of iron monosulfides with hydrogen sulfide, cumulatively counteract the pH
decrease often associated with MSR. The high sulfide concentrations are toxic to burrowing
macrofauna, precluding the bioirrigation which characterises the iron-rich pond sediment.
As a consequence, deeper sediment is relatively less disturbed and more homogenous and
there is no means for oxygen to penetrate deeper into the sediment.
The maximum porewater δ 34SSO4 and depth of the maximum varies among different
sulfide-rich pond sediments, from 50‰ and 75‰ (Figure 2.6g). These variations suggest
that there are differences in the amount of microbial sulfate reduction compared to the sulfate
reservoir or how close to isotopic equilibrium this reduction is occurring (Johnston et al.,
2007). Variations in temperature, sulfate concentration and carbon quantity/type would all
influence these parameters. Sulfide-rich pond sediments have been suggested to release some
methane, while iron-rich pond sediments do not (Mills et al., 2016).
2.4.4 Intermediate pond sediment chemistry
This broad dichotomy of pond sediment geochemistry arises due to the titration reaction
between sulfide and ferrous iron or iron monosulfides (Equation 2.3) which means that
only one of the species (the one in excess) can be present in significant quantities. The
pond sediment ‘type’ therefore reflects environmental conditions which favour production
of either reduced iron or aqueous sulfide. While the canonical redox ladder suggests that
electron acceptors are used in a specific order with Fe3+ being exhausted before sulfate is
used (Froelich et al., 1979), the microbial use of electron acceptors becomes much more
complex at circumneutral pH conditions. A convergence in the useable free energies for
iron-reducing bacteria, sulfate-reducing bacteria and even methanogenic bacteria means that
even subtle changes in pH or Eh can switch the dominant metabolism at marine pH conditions
(Bethke et al., 2011). This can produce transient events where sulfide can be generated in
the presence of algae in the uppermost 10 cm of sediment (Figure 2.13). Sulfate reduction
and iron reduction can also coexist in the same sediment at the same time—albeit with one
reduction mechanism at significantly lower rates than the other—either as heterogeneous
microenvironments, else in redox coupled reactions (Hansel et al., 2015; Mills et al., 2016;
Mortimer et al., 2011).
A consequence of this is that certain pond sediments can have either low concentrations
of dissolved iron or aqueous sulfide if the time-integrated products of iron reduction and
sulfate reduction are roughly even. Under these circumstances, there may be sulfide present
in low enough quantities to be tolerated by burrowing macrofauna or there may be low
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Fig. 2.13 - Evidence of transient sulfide production at the sediment-water surface of an
iron-rich pond sediment. This sediment core was extracted from pond sediment overlain
by macroalgae in the water column (the surface sediment was stained black from sulfide
production). An example of this is visibly shown in Figure 2.2.
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enough Fe2+ concentrations to allow for periodic pulses of sulfide generation (Figure 2.13).
These conditions, close to the geochemical “switch-point” between iron-rich and sulfide-rich
classifications can produce surface features of both ponds and thus would be classified as
intermediate-pond sediments according to my classification scheme (Figure 2.4). Alternately,
there may be certain parts of the ponds that are undergoing sulfate reduction—typically
near the edge where algae accumulate in the water column (Figure 2.2)—and other parts
undergoing iron reduction (classified as "zoned" in Figure 2.4).
2.4.5 Spatial distribution of salt marsh pond sediment chemistry
There has been much debate whether iron-rich or sulfide-rich geochemistry in the sediments
is the stable phase, whether pond sediment chemistry could change with time and, if so,
what could cause such a change (Antler et al., 2019; van de Velde et al., 2020). Antler et al.
(2019) suggested that sulfide-rich geochemistry is a meta-stable phase in the pond sediment
which, upon introduction of bioirrigation to the system, could transform into more stable
iron-rich geochemistry. van de Velde et al. (2020) instead suggested that the redox dichotomy
occurs as a result of small differences in solid-phase input that, through non-linear feedback
effects, dictates whether a pond becomes iron-rich or sulfide-rich. A controlling factor could
potentially be constrained if there is a clear spatial distribution pattern over a marsh platform
of the two types of pond sediment. Of the 350 mapped ponds, I classified 140 as iron-rich,
154 as sulfide-rich and 56 as intermediate. Whilst this suggests a similar number of iron- and
sulfide-rich ponds in salt marsh systems, there were no sulfide-rich ponds in some localities
(e.g. the Stiffkey salt marsh) and the relative proportions of the three types of pond varied
from area to area.
The position of creeks on the salt marsh platform appears to play a first order control on
determining the distribution of the two types of pond sediment. Sulfide-rich pond sediments
are more likely to be located away from larger creek networks than iron-rich pond sediments.
This result is consistent across two sites; Area 1, in Blakeney (Figure 2.7), Norfolk; and in
Area 3, Abbotts Hall, Essex (Figure 2.9). Given the spatial separation of over a hundred
kilometres between these sites, this is unlikely to be a local phenomenon and instead is a
result of more widespread, pervasive, processes. I suspect that Area 2, where iron-rich pond
sediments seem to become more common towards the littoral zone, is an extension of the
same process but the relationship is based on the distance inland instead of proximity to a
creek (Figure 2.8).
This observed spatial distribution precludes temperature as a control on the type of pond
chemistry as diurnal changes would be far larger than any spatial differences in temperature
across the platform. Bioirrigation differences, as has been suggested in van de Velde et al.
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(2020), are also unlikely to vary in this way, unless the delivery of macrofauna is in some
way related to the tidal creeks. I therefore propose three controls can cause the observed
distribution: (1) a difference in the surface hydrology (both physically and as an input/output
of chemical species), (2) a difference in the groundwater regime in the salt marsh and/or, (3)
differences in the age, and therefore, depths of the ponds across the platform.
2.4.6 Potential switching of pond sediment geochemistry
Results from in situ samplers installed in the sediment of a suspected intermediate pond
suggest that iron-rich pond sediment can transition to sulfide-rich pond sediment over
relatively short (yearly) timescales. The gradual increase in δ 34SSO4 in pond B (intermediate
sediment) from March 2017 to May 2018, particularly at >20 cm depth, implies progressively
increased rates of sulfate reduction with time (Figure 2.11b). In comparison, the in situ
sampling of the sulfide-rich pond sediment nearby shows only minor variations seasonally
(Figure 2.11a). Further evidence of rapid geochemical transition is observed in a core taken
in June 2019 which shows evidence of transient production of sulfide occurring in the upper
most 10 cm of iron-rich sediment (Figure 2.13) and in a deeper (60 cm) core extracted from
sulfide-rich pond sediment in Warham salt marsh where sulfate reduction is on top of a
zone of iron reduction (Figure 2.14). This is the opposite direction to the canonical redox
ladder, where Fe3+ should be preferentially used as an electron acceptor before sulfate. This
deeper core is interpreted to reflect a pond which has historically undergone the iron-rich to
sulfide-rich transition. It is unknown currently how deep the sulfate reduction zone penetrates
into the iron-rich salt marsh sediment and how age of the pond relates to the depth of the
sulfate reduction zone.
The reverse geochemical transition—that of sulfide-rich to iron-rich geochemistry—has
not been observed directly in this salt marsh system. This is most likely due to the stability
of the iron sulfide minerals under anoxic conditions which prevent liberation of Fe2+ ions
for iron oxidation. A mechanical introduction of oxygen to the system could facilitate this
transition by oxidising iron sulfides, such as bioirrigation in the iron-rich pond sediment, but
the presence of aqueous sulfide is toxic to burrowing eukaryotes, preventing bioirrigation
from occurring. A more likely mechanism exists when large desiccation cracks form during
transient drying out events in the summer. Penetrating up to 20 cm in depth, these cracks
could potentially reoxidise enough iron to reestablish the iron redox system once again
(Figure 2.3f).
Given the clear spatial distribution observed in Figure 2.7, Figure 2.8 and Figure 2.9, it
can be assumed that the environmental changes that cause creek migration are necessarily
slower than the rate of geochemical transition. If this were not the case, I would expect
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Fig. 2.14 - Dissolved iron and sulfide concentrations in a 61-cm deep sediment core extracted
from a sulfide-rich pond in Warham. Details for the methods in collecting this core described
in section 3.2.2.
to see distributions more reflective of past creek positions or following a more random
distribution. Creek migration rates are surprisingly slow on salt marsh platforms, mostly
limited by the creeks ability to export the eroded sediment (Allen, 2000), therefore this only
places a limited time constraint on the process of geochemical change. An indication of more
rapid geochemical transformation rates is hinted by in the North-East corner of the Abbotts
Hall site, where an artificially dug linear creek is associated with a cluster (north of the creek)
of intermediate ponds (Figure 2.9).
Almost all ponds appear to exist on lawn vegetation as opposed to within the taller
vegetation closer to the creeks. This is likely because standing water, and subsequent
formation of these ponds, is more likely to exist in the lower energy zone where lawn
vegetation is present. I have not established if the vegetation type of the adjacent platform
surrounding a pond affects pond sediment geochemistry.
2.4.7 Potential hypotheses for controls on pond sediment chemistry
It seems most likely that all pond sediment will initially contain pond sediment abundant with
Fe3+-containing minerals. The surrounding geological landscape contains the glauconitic
Crag formation and iron-rich chalk formations at Hunstanton, providing an iron-rich source
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of sediment to be trapped in the marsh (Hamblin et al., 1997) given the major provenance
source to Norfolk salt marshes is from erosion of proximal cliffs (McCave, 1987). This is
corroborated by the high iron concentrations in the vegetated platform (up to 10 wt% of dry
sediment). Iron reduction is again common in the vegetated platform and likely behaves
similarly to iron-rich pond chemistry, with the addition of plant roots delivering oxygen in
the sediment in addition to burrowing macrofauna (Figure 2.6d).
Sulfate, too, should be in significant quantities on the salt marsh. Tidal inundation events
can supply large quantities of seawater to the ponds at regular (>monthly) intervals (Figure
2.15). The high concentrations of sulfate in seawater means that sulfate delivery will be far
in excess of sulfate consumption rates.
Given these conditions, I offer three potential hypotheses for why pond sediment geo-
chemistry could change from iron-rich to sulfide-rich and potentially vice versa. These are as
follows: (1) Variations in the depth of the ponds over the salt marsh platform, (2) Variations
in the amount of carbon and/or nutrients delivered to ponds over the salt marsh platform and,
(3) variations in the composition and extent of the groundwater fluxes to ponds over the salt
marsh platform.
Variations in depth of the ponds
The mean water depth of the sulfide-rich ponds is greater than for iron-rich ponds in all three
areas (p < 0.05) (Figure 2.10b–e). There is, however, no threshold value where it can be said
that if a pond is deeper, it will have a sulfide-rich subsurface geochemistry. Variations in the
oxygen concentration in the pond water will be predominantly controlled by wind strength
and in situ photosynthesis; controls largely independent of water depth. I therefore suggest
the relationship between water depth and sediment geochemistry is unlikely related to any
physical role that deeper water in the pond might play. One exception is if a deeper pond is
sufficiently unmixed by the wind that water column stratification could occur. If this occurs,
the bottom part of the water column could become anoxic if effluxes of reductants from the
sediment strip dissolved O2 from the water column.
An explanation for the observed relationship between pond classification and water
column depth is that the older the pond is, the more likely it is to be sulfide-rich. The change
in water column depth with time dZdT reflects a variety of factors, namely, the depth of the
hollow into the vegetated platform the pond sits in (DMax), and the relative fluxes (A) of
evaporation, ground water drainage and precipitation (Equation 2.6).
dZ
dT
= DMax −AEvaporation −ADrainage +APrecipitation (2.6)
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Fig. 2.15 - Results of a remote timelapse study conducted in September 2019. Subfigures A-F
show a typical flooding event that occurs during high tide. Note the whole event starts and
finishes with 150 minutes. (G) Tidal heights for high and low tide taken from Clacton-on-Sea
station (reference: tidetimes.org.uk) over the period. The light blue lines correspond to
the low and high estimates of the tidal height needed to flood the platform. This is based
off of two flooding events which were captured in the month period (29/09/2019 13:00 and
20/09/2019 13:30) (the second high-tide times were not recorded since they occurred in
the evening). (H) The remote sensing camera consisted of a GoPro camera attached to a
CamDo Blink rig which turned the camera on and off for 4 weeks to save battery. A packet
of couscous in a permeable bag was used to prevent excess moisture in the container. This
study showed that flooding events occurred in regular successions during Spring tides, and
that rough tide heights of 4.9 m were necessary to flood the platform.
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DMax is a term which foremost reflects the age of the pond. As salt marshes accrete via
vegetative capture of sediment, areas devoid of vegetation accrete at slower rates (Spivak
et al., 2017). Consequently, the depth of the pond somewhat reflects the height of the salt
marsh upon its formation (complicated by rates of organic matter degradation affecting the
porosity of the sediment (Spivak et al., 2017; van Huissteden and van de Plassche, 1998).
The fluxes of evaporation, drainage and precipitation all scale with the surface area of the
pond, though not necessarily in a linear way. My results lead me to conclude that the age
component is the factor which controls the relationship between water depth and pond
sediment classification observed in Figure 2.10 and that variations in the water column depth
should play a more minor role. A better measure would have been to measure both water
column depth and DMax as this would isolate the age component of the pond and solely give
information on the water column.
One important distinction to make is when ponds are very shallow or very deep. In
ponds where the water depth is very shallow (<10 cm), iron-rich pond sediments are much
more common. Desiccation cracks forming after complete evaporation of the water column
would create a physical mechanism for atmospheric oxygen to enter deeper into the sediment,
allowing for reoxidation of reduced iron mineral species. Desiccation cracks are both more
common in the iron-rich pond sediments (Figure 2.10a) and are more likely in ponds where
the water column is more susceptible to total evaporation. Therefore, at very shallow depths,
the propensity for complete evaporation of pond water keeps pond sediments in an iron-rich
state. Where water column depth is particular deep (>30 cm), the chances of total water
column evaporation decreases. In such cases, this may favour the presence of in situ algal
growth, increasing the carbon flux into these deeper pond sediments. These conditions favour
sulfate reduction and may provide a mechanism for the increased appearance of deeper ponds
being sulfide-rich.
Variations in surface carbon/ nutrient delivery to ponds
Given that the terminal electron acceptors of iron reduction and sulfate reduction (Fe3+ and
SO2−4 respectively) should be largely in excess in these salt marsh systems, the dominant
redox reaction will instead be controlled by changes in the electron donor (organic carbon)
and the pH/Eh of the system. If a higher amount of organic carbon is deposited on iron-rich
pond sediment, Fe3+-containing minerals would become temporarily depleted, favouring
the onset of microbial sulfate reduction in the sediment. This onset of microbial sulfate
reduction has been simulated in batch incubations of otherwise iron-rich pond sediments
spiked with lactate in Mills et al. (2016) and we observe temporary production of sulfide in
iron-rich ponds around the periphery of the pond surface—where algal blooms have formed
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(Figure 2.2). The ease of switching between redox reactions in these salt marsh sediments is
a manifestation of the similar free energies of the terminal electron acceptors at marine pH
(∼8) (Bethke et al., 2011).
An increase in organic carbon loading to sediment can explain a geochemical switch as
follows: During periods of temporary concurrent sulfate reduction and iron reduction, the
produced reduced Fe2+ and dissolved sulfide will react to form iron monosulfides. If organic
carbon again becomes limiting, sulfate reduction ceases, and the iron reduction/oxidation is
able to continue. If, however, carbon content is high enough to stimulate sulfate reduction
to the point that more integrated sulfide has been produced than iron, then dissolved sulfide
will become the excessive aqueous phase. This would generate the feedback that burrowing
macrofauna would be prohibited by the presence of toxic sulfide, iron cannot be recycled,
and hence an indefinite geochemical switch would occur.
The organic carbon content in the upper 5 cm in sediment in ponds at Abbotts Hall (Area
3) follows the iron-rich and sulfide-rich distribution which would be expected. Sulfide ponds
have a significantly greater organic carbon content in the upper 5 cm (p < 0.05) (one outlier
was excluded from this test which was 2SD from the mean). Additionally, ponds near the
creeks have a lower organic carbon content (Figure 2.16). Despite evidence that carbon can
clearly switch the geochemical redox system (Koretsky et al., 2003; Mills et al., 2016), a
mechanism is required to explain the carbon or nutrient (to stimulate carbon production)
distributions. I hypothesise that if a pond is proximal to the creeks, it is susceptible to more
flooding events and thus any organic carbon, present as dissolved organic carbon, in situ
vegetation or marine algae, would be flushed more regularly than ponds located centrally
(Spivak et al., 2017). The ponds in the centre of the platform therefore sustain conditions for
in situ macroalgal growth better than ponds on the platform periphery. Additionally, the drag
imparted by the rough, vegetated surfaces mean that particulate organic carbon is more likely
to be deposited in the centre of the platform, as the water loses energy during the ebb flow
back to the creeks. This explanation is consistent with the more inland area which would be
less affected by routine flooding events (Figure 2.8).
There is clearly a need to better understand the quantity and type of organic carbon
delivery to these ponds, and the metabolic pathways for carbon during sedimentary diagenesis.
A more rigorous approach would be to characterise the different pools of organic and
inorganic carbon, since some unknown portion of the organic carbon would have been
metabolised before measurement. Anecdotally, I have always found that ponds surrounded
by taller vegetation (e.g. Spartina anglica) are more likely to contain sulfide-rich sediment,
which may reflect more efficient capture of allochthonous carbon during tidal inundation
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Fig. 2.16 - Distribution of organic carbon content (%) in the top 5 cm of pond sediment
across Abbotts Hall Farm salt marsh. Hand-drawn zones of ‘high’ and ‘low’ organic carbon
content are shown to represent the overall relationship.
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events. Factors such as these need to be explored more thoroughly to constrain the role of
carbon in the geochemistry of these marshes.
Variations in composition and extent of the groundwater fluxes to ponds over the salt
marsh platform
The final hypothesis to explain the spatial distribution in the pond geochemistry is that
subsurface groundwater flow may play a role in distributing reactants, such as ferrous iron,
heterogeneously across the salt marsh platform.
The large variation in ferrous iron concentrations across the core transect in the vegetated
platform suggests some subsurface groundwater flow is occurring (Figure 2.17). The depth
of the ferrous iron maxima does not correlate with distance from the creek and instead
appears to vary randomly. Hydrological flow paths in salt marshes are complex to predict; a
catchment area is typically dictated over long timescales by hydrological equilibrium attained
by the flood and ebb tides (Allen, 2000). It therefore seems likely that the spatial distribution
of sulfide-rich and iron-rich pond sediments is not controlled primarily by subsurface flows.
In a core extracted horizontally into the creek wall, there is a 3 mM decrease in ferrous
iron over the 5 cm boundary layer (Figure 2.18). The chloride and [SO4]/[Cl] data suggests
this is hydrological mixing and not simply a zone of iron reduction. Ferrous iron must
therefore be effluxing from the salt marsh platform into creek water over time, corroborated
by measurable Fe(II) concentrations in creek waters (Table 2.2). Burrowing by crabs appears
to increase this zone of transport further than would be expected by simple diffusion. The
absolute flux is small compared to the amount of iron in the salt marsh sediment, so this is
unlikely to alter the total inventory of sedimentary iron on the salt marsh platform significantly
over time.
Chloride concentrations in the vegetated cores vary largely at the surface (Figure 2.17b),
implying significant variations in the balance of tidal inundation events, evaporation and
precipitation across 10 m distances. The likelihood of evaporation/precipitation differences
over such a short distance seems improbable, therefore this observation lends support for
tidal inundation events being heterogeneous across some parts of the salt marsh platform
which may cause heterogeneous detrital carbon distribution.
2.4.8 Potential mechanism for pond sediment distribution
The mechanism which dictates whether pond sediment becomes iron-rich or sulfide rich
is likely some combination of the three effects described above which, together, create
conditions favourable for a certain dominant redox condition. This process is undoubtedly
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Fig. 2.17 - Porewater geochemistry of sediment cores taken across a core transect (Figure
2.1h). (A) Dissolved Fe2+ concentrations (B) Chloride concentrations (C) Porewater δ 34SSO4
(D) Porewater SO4/Cl ratio. The depths are corrected for the pond sediment depth below the
vegetated surface.
Fig. 2.18 - Porewater geochemistry of a sediment core horizontally extracted from creek wall
(see Figure 2.1h for location). Depth is 20 cm from the surface of the salt marsh. (a) Fe2+
concentrations (M) (b) Cl concentrations (M) (c) Porewater δ 34SSO4 (d) [SO4]/[Cl
−]. Blue
dashed line corresponds with seawater values. Location shown in Figure 2.1.
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Table 2.2 Ferrous iron concentrations taken from 15 mL of creek water in 9 separate creeks
from Abbotts Hall salt marsh which were immediately fixed with 100 µL of ferrozine solution
and analysed via the methods in Stookey (1970).
influenced by non-linear feedbacks related to bioirrigation, however, bioirrigation alone
cannot explain the observed spatial distribution (Antler et al., 2019; van de Velde et al., 2020).
In the following section, I discuss a plausible mechanism which can control the observed
spatial distribution of pond sediments (Figure 2.19).
The baseline sediment of the marsh platform contains an abundance of Fe3+ minerals
which becomes the principle terminal electron acceptor for bacterial iron reduction. All pond
sediments will therefore initially contain dissolved Fe2+ in the porewater. Over time, the
sediment beneath each pond may undergo one of two broad fates.
First, the pond sediment could sustain high levels of iron reduction coupled with dissolved
Fe2+ reoxidation induced by bioirrigation. Carbon input to that pond must be lower than
the inventory of readily reducible Fe3+-minerals to prevent high levels of sulfate reduction
occurring, which would produce hydrogen sulfide and remove some of the reduced Fe2+ as
iron sulfide species. Thus, ponds where detrital carbon inputs and in situ algae formation are
low will be more likely to contain iron-rich sediment for prolonged periods of time. This
favours ponds at the periphery of the salt marsh platform which are younger and shallower,
and more susceptible to “tidal flushing” events that would export algae produced in the pond.
The formation of desiccation cracks during summer months would provide a mechanism to
reoxidise any iron sulfide minerals that had formed during transient sulfate reduction; again,
this process is favoured by the shallower ponds that exist on the platform periphery.
The second fate that can befall pond sediment is that the pond sediment changes from
iron-rich geochemistry to sulfide-rich geochemistry. The known mechanism which can
enforce this change is the introduction of organic carbon to the pond sediment to the extent
that sulfate reduction becomes significantly competitive (Mills et al., 2016). The argument
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Fig. 2.19 - Schematic of potential mechanisms driving pond chemistry heterogeneity over a
salt marsh platform. Vertical scale is exaggerated (likely elevation differences are within a
metre). Panel A represents an earlier stage of development ((Time)T = 0) in a salt marsh
platform whereas panels B, C and D represent changes over time ((Time)T > 0) (e.g. the
effects of deeper, older ponds and the potential transitioning of pond sediment geochemistry).
(A) Due to the high iron content of the sediment, all ponds are hypothesised to contain
iron-rich pond sediment geochemistry. Fe(II) efflux to creek demonstrates the unknown
diffusive flux at the creek wall boundary (Figure 2.18). (B) Periods of extremely high flooding
(storm events or very high tides) from tidal creeks. All ponds are flushed with seawater and
detrital organic carbon will be deposited heterogeneously. (C) Low energy flooding events
which may only flood ponds closer to the creeks introduces oxic water and removes algae
growing in the pond water (Spivak et al., 2017). (D) Periods of excessive dry weather on
the salt marsh platform (as observed in July 2018). Differential water head is attained due
to the low hydraulic conductivity of the clay-rich sediment. See text for full explanation of
mechanism.
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opposing this, as stated in Antler et al. (2019), is that a large enough source of labile carbon is
environmentally unfeasible. In response, I would argue the change does not actually require
all carbon to present in one event, as the formation of iron sulfide species essentially removes
some of the iron from being able to be reoxidised, decreasing the pool of bioavailable iron in
the sediment (Figure 2.20). Continued burrowing would be able to reoxidise some of these
iron-sulfide minerals in the same way as it would reoxidise dissolved Fe2+ but would be less
effective as iron sulfide minerals would not diffuse to these regions as readily as dissolved
Fe2+ would. This time-integrated transition of Fe3+-minerals to iron sulfide minerals would
lower the effective “switch-point” necessary to change the sediment to sulfide-rich. This
switch-point is the point at which sulfide produced from sulfate reduction is in excess of
ferrous iron produced from iron reduction. At that point, burrowing is inhibited by the
toxicity of sulfide, and this negative feedback makes the sulfide-rich pond stable.
Fig. 2.20 - Photo of black iron-sulfide minerals staining the sediment away from the lining of
burrows. The immediate lining of burrows is stained brown, reflecting precipitation of iron
(oxyhydr)oxides.
Following this logic, older pond sediments are more likely to become sulfide-rich simply
because more organic carbon would have reached the sediment-water interface with time.
Therefore, more of the Fe3+-minerals will have been converted to iron-sulfide, and the
switch-point is more likely to have been reached. Older ponds are more likely to located
centrally on a salt marsh platform; drainage efficiency decreases with distance from the
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creeks, and so primary pond formation will start at the furthest point. Consequently, age can
explain the primary spatial distribution of pond sediments.
To shift a sulfide-rich sediment back into an iron-rich sediment, a perturbing mechanism
is necessary to introduce oxygen deep into the sediment to reoxidise iron sulfide minerals—an
example of this would be desiccation in the summer months. A negative feedback is therefore
generated where the deeper, older ponds in the centre of the platform are less likely to have
complete evaporation of the overlying water column and are therefore more likely to remain
sulfide-rich. It is unknown what effect larger-scale drying events, such as in May-June
2018 where almost all pond sediments where dried out, has on the distribution of pond
geochemistry.
Not all ponds follow this spatial behaviour; there are clear cases where sulfide-rich pond
sediments are located close to creeks and vice versa. In view of this, it is likely that other
processes, aside from carbon loading with age, influence the spatial distribution: spatially
heterogeneous groundwater flows could periodically supply or strip pond sediments of
ferrous iron and favour one metabolism over the other, certain ponds with tall vegetation may
be disproportionately efficient at capturing detrital organic carbon during tidal inundation
events, and some water columns may have more suitable water chemistry (e.g. temperature,
macronutrients and micronutrients) which favour rapid and pervasive algal growth. Finally, I
highlight the fact that new ponds are generated every year; shallow ponds can form in the
centre of the platform and deeper ponds, through senescence of creek tributaries can form
adjacent to creeks. External factors—including human disturbance such as myself, with a
plastic tube—can also generate new ponds in areas where they perhaps would not have been
in naturally (Figure 2.21).
One conclusion which can be drawn from this study is that these salt marsh systems
are complicated. Measuring a single pond is like measuring a single—albeit fascinat-
ing—geochemical reactor; it behaves due to a specific set of conditions which may not
reflect the wider formation processes of ponds on the marsh. I have attempted a more
holistic approach with this study and have found that a broad relationship can be drawn
when considering the age and carbon-loading of a pond sediment. This may explain why
ponds on the marshes at Stiffkey appear to only contain iron-rich sediment—perhaps the
carbon inputs to ponds are lower here, or the ponds are relatively younger? Another pertinent
question is whether this dichotomy of pond sediment chemistry only arises when the total
iron content in the salt marsh sediment is sufficiently high. If so, are these salt marshes
particularly important or unimportant in terms of the fate of blue carbon? An understanding
of the behaviour of carbon on various UK salt marshes will surely answer this question.
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Fig. 2.21 - The formation of a new proto-pond at Abbotts Hall Farm salt marsh, Essex. (A)
A vegetated core taken in November 2018 was extracted leaving a cavity in the salt marsh
surface. (A) Over time, this pond expanded through erosion/further flooding events and
grew to over twice the diameter in 10 months. It is unknown what effect this anthropogenic
intrusion had on global CO2 emissions.
2.5 Conclusion
Sulfide-rich and iron-rich sediments are found throughout the East Anglian salt marshes.
The distribution of the types of pond sediment and the in situ sampler data suggest that
pond sediment geochemistry can be transformed from iron-rich to sulfide-rich over as short
a timescale as a few years. Drone-based mapping of the salt marshes has shown that
ponds containing sulfide-rich sediments tend to be congregated in the centre of a salt marsh
aggregate of ponds, further away from larger creek networks. I hypothesise that this is due to
a combination of factors, including delivery of organic carbon across the salt marsh platform,
the age of the pond, variation in physical characteristics based on the position of the pond (i.e.
water depth and the propensity for total evaporation), and a possible sub-surface groundwater
flow distributing reactants based on position on the salt marsh. This study suggests that
some combination of these effects will result in chemical heterogeneity of salt marsh pond
sediment geochemistry and that single mechanism appears dominant. This work implies
that artificial drainage ditches, common in agricultural reclamation of East Anglian salt
marshes, could alter the geochemistry of these pond sediments on short timescales. This
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has consequences for the carbon budget, and for nutrient and trace metal capture within salt
marsh ecosystems.
2.6 Implications for further chapters
The work in this chapter has introduced and elaborated on the fundamental redox processes
present in East Anglian salt marshes whilst highlighting the important of constraining the
individual redox conditions for each pond of interest.
This acts as a foundation through which to test various hypotheses of widely used
paleoredox tracers for iron-rich (or ferruginous) sediments and sulfide-rich (or euxinic)
sediments. A particularly important factor which has not previously been addressed is what
effect will be had on these paleoredox proxies if the sediment geochemistry switches from
one redox state to another. Will this diagenetic history be sustained, over-written or some
combination of the two in the sediment?
Chapter 3
Method Development for Trace Element
Analysis using ICP-MS and for
Chromium Isotope Analysis on the




Methods for analysing the major elements in salt marsh pore fluids, as well as the concentra-
tion of sulfide and iron and the sulfur isotopic composition of sulfate (δ 34SSO4) were already
well developed at the University of Cambridge prior to my arrival. The methods for measur-
ing trace metal concentrations were distinctly more limited—for both salt marsh sediments
and porewaters—with only one project previously looking at these environments in this
context (Traynor, 2016). During my PhD, I aimed to better understand the geochemistry of
molybdenum (Mo) and chromium (Cr) in these environments. For each of these elements, a
reliable method of measuring both the concentrations and stable isotope ratios was necessary.
The first part of this chapter focusses on the sample collection and accurate determination
of trace metal concentrations in porewater and aqua regia leachates of the pond sediment. This
was necessary for two reasons: Firstly, accurate concentration measurements are required
for the sample preparation (in particular, correct addition of the double spike) in measuring
the stable isotopic composition of Mo and Cr. Secondly, since the behaviour of different
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elements are often interlinked in a sedimentary environment, measuring a suite of elements
helps understand these relationships better. This is particularly true of iron and manganese;
the speciation of these elements strongly affects the behaviour of many other trace metals
due to adsorption, co-precipitation and altering the geochemical conditions of the porewater
(e.g. pH) (Goldberg et al., 2009; Shaw et al., 1990).
The second stage of my project was making stable isotope measurements of Mo and
Cr. The Mo isotope methodology was developed at Royal Holloway, University of London
(RHUL) prior to the work in this thesis and these methods are provided in detail in Chapter
4 alongside the Mo isotope data. There was no methodology developed at the University
of Cambridge for making chromium isotope measurements at the beginning of my PhD.
Therefore, a significant part of this chapter will describe the development of a method for
purifying and analysing chromium isotope ratios on a Thermal Ionisation Mass Spectrometer
(TIMS).
3.2 Sample collection
A method for core collection was in place before my thesis began; this methodology is
described in Mills et al. (2016). I list below the modifications and rationale behind the chosen
method of sediment core collection and core processing for trace element analysis. Most
importantly, due to the low concentrations of trace metals, modifications were necessary to
minimise contamination.
3.2.1 Sediment core collection
As carbon is deposited at the sediment surface, redox variations are distributed vertically
through the sediment, as described by the classical redox ladder, with more energetically
favourable electron acceptors being used successively until depletion (Froelich et al., 1979).
In open marine systems, the low flux of carbon to sediments means that single redox zones
(e.g. the sulfate reduction zone) can extend for many metres, requiring long drilled or gravity
cores to capture variations in redox conditions (Schulz et al., 1994). In salt marsh sediments
however, the large delivery of carbon causes the boundaries between redox zones to become
condensed since electron acceptors are much more efficiently depleted with depth (Berner,
1981).
These shallow and rapid variations in redox conditions mean that push coring is a viable
method of sampling in these salt marshes. This method involves pushing a PVC core liner
into the sediment slowly, using one’s hand to support the bottom (after digging through the
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mud) and carefully lifting the entire tube. Immediately after extraction, the overlying water
is siphoned off, and the entire core is wrapped in tape/cling film to keep it as airtight as
possible to prevent drying out of the sediment and to preserve the redox conditions in the
sediment. This technique has been used in this project to extract sediment cores between
30–40 cm data reported in Chapters 4 and 5. Deeper sediment cores (>60 cm) can be
extracted using a method I call the ‘vacuum method’. This method involves very slowly
inserting the core liner into sediment (to prevent compaction), replacing any air-filled space
at the top of the core with pond water, and then forming an airtight seal at the top of the core
before extraction. This technique has two benefits: (1) the limited expansion of the overlying
pond water means sediment cannot fall out of the base of the core during extraction and (2),
pond water preserves the loose sediment structure at the top of the sediment core. I chose not
to use this method for trace metal work as the presence of overlying pond water may mix
down the boundary of the inner-core wall. Mixing of overlying seawater with the sediment
would be particularly concerning when measuring Mo in the sulfide-rich sediment, as the
seawater concentration of Mo is an order of magnitude higher than in porewaters (Nakagawa
et al., 2012).
Large quantities of porewater are required to separate a sufficient sample size of any
trace metal for isotopic analysis. A large diameter core liner (102 mm) was therefore used
for the sole purpose of collecting porewater for isotopic analysis in each study. The plastic
core liners were pre-cleaned by: (1) wiping the outside with soap to remove any residual
organics and (2) wiping thoroughly with a Kimwipe with MQ water. Previous coring by
the lab group has simply covered the predrilled holes with electrical tape. Although likely
an unnecessary precaution, I opted to wrap the core in cling film before taping the holes to
prevent any chemicals from the tape glue contaminating porewater samples. A smaller core
placed within 30 cm of the larger core was used to collect porewater to analyse geochemistry
other than trace metals. Porewater chemistry in ponds has been observed to be spatially
homogenous over this scale so the chemistry is assumed be directly correlative (Mills, 2014).
3.2.2 Porewater extraction
Rhizons were used to extract sediment porewaters for this project. This method of porewater
extraction is preferred to sediment centrifugation as it better preserves anoxic conditions
during extraction. Rhizons were precleaned with the following steps: (1) they were first
stored in MQ overnight to remove any sediment or dust, (2), rinsed with 1 mM distilled HCl
for 2 hours, (3) flushed with MQ using a syringe and (4), dried overnight in a laminar hood.
Cr, Mo and U blanks from Rhizons after cleaning were below detection limit on ICP-MS.
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During extraction, Rhizons were inserted horizontally into the sediment at roughly 2 cm
intervals. Negative pressure was created inside the syringe which forces porewater through
the permeable membrane (0.22 µm pore size) at the end of the Rhizon into the syringe.
Typical porewater yields were between 15–20 mL for each 2 cm depth increment. Based
on porosity measurements with depth (Figure 3.1), this sampling resolution corresponds to an
extraction of 17–38% of the porewater volume at each depth increment. At these extraction
volumes, drawdown from other depth increments should be limited (Seeberg-Elverfeldt et al.,
2005). As a precaution, syringes from all depths were allowed to fill to 5 mL before more
sample was pulled at any depth increment to prevent over-extraction at the top of the core,
where porosity is highest.
Fig. 3.1 - Porosity measurements made for (A) sulfide-rich pond sediments and (B) iron-rich
pond sediments for a variety of cores used in this thesis. Porosity measurements made in
2015, 2016 and 2018 are included from van de Velde et al. (2020) for comparison. Water
density is assumed to be 1.035 g cm−3 and sediment density is assumed to be 1.90 g cm−3
and 2.00 g cm−3 based on density measurements in sulfide-rich sediments and iron-rich pond
sediments respectively (van de Velde et al., 2020). This is considerably lower than typical
marine sediment dry weight estimates (∼2.60 g cm−3) due to the high organic matter content
in the salt marsh sediments.
3.2.3 Sediment extraction
Sediments were sampled prior to porewater extraction to prevent porewater mixing altering
the sediment geochemistry. Sediments were removed from pre-drilled holes using syringes
with cut-edges (Figure 3.2). These were weighed into 7 mL container vials for processing.
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All sediments were digested within two hours after extraction to prevent any further reaction
with remaining porewater.
Fig. 3.2 - Photo showing collection of sediment and porewater from a salt marsh sediment
core. Rhizons connected to plastic syringes are on the left hand side of the photo. Syringes
with a cut end are inserted at regular intervals on the right hand side of the photo. Suction
draws sediment from the core into the syringe.
3.3 Analysis of trace metals in saline porewaters and aqua
regia leaches
This section describes the method developed to accurately measure the aqueous concentration
of a suite of trace metals in porewaters and aqua regia leaches prior to isotopic analysis.
While isotope dilution—a more accurate concentration measurement (Appendix C)—was the
principal method used to report Mo and Cr concentrations in Chapters 4 and 5 respectively,
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I required an independent method of measuring trace element concentrations in my samples
for two reasons.
Firstly, I wished to measure other trace elements in tandem with Mo and Cr. As element
cycles are often interlinked and interdependent, complimentary concentration profiles of
multiple elements reveal otherwise unknown diagenetic processes. For example, Cr in
sediments is typically a mixture of detrital and authigenic mineral phases. In the absence of
mineralogical mapping, a good estimate of the ratio of detrital : authigenic phases can be
made by measuring the Ti concentration in sediment and calculating the detrital Cr input by
correcting to a constant detrital Cr/Ti ratio (Gueguen et al., 2016). The elements of interest
to this project, listed in Table 3.1, comprise a selection of redox sensitive species (Cr, V, U,
Fe, Mn), species that react with other element cycles (Mo, Co, Ni) and species that exist in
detrital minerals and therefore act as a check for authigenic vs detrital sources (Al, Ti).
The second reason I required accurate concentration measurements prior to isotopic
analysis relates to the double-spike method used in the isotopic determination of δ 98Mo
and δ 53Cr. For both isotope systems, an enriched isotopic double-spike solution is added to
the sample prior to purification and instrumental analysis to correct for mass fractionation
processes occurring during the experimental procedure (see Appendix A for full discussion).
The error of the isotope measurement is dependent on the molar ratio of the double-spike
solution to the sample such that there is an optimal ratio where errors are the minimum
(Rudge et al., 2009). To target this molar ratio, an accurate concentration measurement of
both the double spike concentration and sample concentration (commonly referred to as a
“concentration check”) is required.
The analysis of porewaters is far more analytically challenging than the aqua regia digests
due to the lower trace element concentrations. I therefore describe the entire process of
porewater analysis first before highlighting the modifications and differences in measuring
trace elements in the aqua regia digests.
3.3.1 Trace metal determinations in porewaters
Benefits of ICP-MS in trace element analysis
The high salinity matrix of the salt marsh porewaters complicates the measurement of
trace elements. High sodium (seawater = ∼11,000 ppm Na) concentrations need to be
diluted substantially in order to minimise blocking of the sample and skimmer cones and to
minimise matrix effects during instrumental analysis on the inductively-coupled plasma mass
spectrometer (ICP-MS) (Dass, 2007). If the dilution is too large, however, the trace element
concentrations can fall below the detection limit of the instrument. This is a particular
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problem for elements such as Cr and V, which exist at very low concentrations in seawater.
A list of the elements of interest and their concentration in seawater is given in Table 3.1.
Concentration measurements at the University of Cambridge for trace metal cations
could be conducted on either the inductively-coupled plasma optical emission spectrometer
(ICP-OES Agilent) (detection limit = 1 ppb) or on the ICP-MS (Thermo Scientific Element
2) (detection limit = 20 ppt). Though the ICP-OES is less susceptible to matrix effects and
instrumental issues arising from high salinities, the concentration of elements such as U and
Cr are below the limit of detection at even a tenfold dilution. I therefore used the ICP-MS,
which is capable of measuring most trace elements in porewaters, even at 100-fold dilutions.
Fundamentals of ICP-MS
The ICP-MS converts nebulised aqueous samples into a plasma using an electromagnetic
coil. The elements in the sample (along with the constituents of the carrier gas) become
positively charged ions in the high temperature, charged conditions; the overall charge of the
plasma is maintained by free electrons.
A sample cone and a skimmer cone create an interface which accelerates and focuses
the plasma beam to the mass spectrometer itself by the use of a pressure and temperature
differential. A series of lenses further focuses the ion beam with the aim of removing larger
polyatomic interferences. A large magnet deflects the ions based on atomic mass to separate
detection cups which can then be calibrated to measure the concentration of specific elements.
Sample preparation for ICP-MS
The low elemental concentrations of targeted elements in the salt marsh porewater samples
means that the signal-to-noise ratio of a sample becomes a particularly important factor
during analysis. The noise corresponds to the background number of counts, in the absence
of a sample, that the detector measures. The largest component that contributes to noise
comes from potential contamination in the acid matrix that the samples and standards are
diluted in. The signal refers to the counts per second that are measured when a sample ion
beam hits the detector. To minimise error on each concentration measurement, effort must be
taken to both maximise the signal and minimise the noise. A minimum threshold for this is
the Limit of Detection value (LOD) which is typically three times the standard deviation of
the blank measurement, though uncertainty on the concentration measurement will decrease
as this signal is maximised or blank is minimised.
To maximise the signal counts, a 100-fold dilution from seawater (∼110 ppm Na) was
found to be the maximum dilution possible to still keep Cr above the detection limit (Figure
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3.3b). For elements such as Uranium, where the blank is low and the signal in seawater is
high, concentrations can be run at both 1:100 and 1:1000 with little variation in the results
(Figure 3.3a, r2 = 0.975).
Fig. 3.3 - Effect of dilution on the measurements of Cr and U on ICP-MS. (A) The mass
of uranium has few interferences and a low contamination blank. As such, despite the low
signal (∼500-3000 cps) there is little difference in the measurement between a 100-fold
and 1000-fold dilution. (B) The larger contamination blank and polyatomic interferences
associated with Cr means that 1000-fold dilutions are affected by too much noise for an
accurate concentration measurement.
The contamination blank can be minimised by clean lab practices and using an ultraclean
acid matrix in all samples and standards. For all samples and standards run on ICP-MS, a
double-distilled 0.1M HNO3 matrix was used. This was chosen as the cleanest possible acid
while still being a sufficiently low pH solution to keep all cations in solution. All plasticware
which the sample could come into contact with (aside from the syringe) was HCl/HNO3 acid
cleaned.
As a test to see if measurements on porewaters were above the limit of detection, I ran
repeats of acid blanks, 100-fold diluted seawater, 100-fold diluted iron-rich porewater and
100-fold diluted sulfide-rich porewater using the ICP-MS (Table 3.2). My results suggest
that certain elements (e.g. Cr, Mo and Fe) are more susceptible to accumulating in reagents
due to their abundance in laboratory conditions and thus have a higher acid blank. Only
Fe in seawater and sulfide-rich porewater, Ni in all porewater samples and Co in seawater
were below the limit of detection. Elements such as Cr, Fe and Co are considerably more
concentrated in porewaters than in typical seawater samples, permitting measurement by this
method. For all further analyses in this thesis, all acid blanks were tested prior to any run and
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if the sample signal was not greater than 3 times the standard deviation of the acid blank, the
samples were re-diluted in fresh acid.
Running samples in a ∼110 ppm sodium concentration matrix introduces multiple
problems during instrument analysis: First, there may be a higher portion of interferences on
elements of interest. Second, small variations in the matrix introduces large differences in the
ionic strength of the solution. Lastly, the intensity of the ion beam as a result of these high
dissolved solid matrices can cause detectors to become saturated. The next section looks at
the steps developed to mitigate the effects of these problems.
Interference minimisation
An interference in mass spectrometry is where the signal of the element of interest is con-
volved with the signal produced by another chemical species over the same mass window.
This can occur if the mass range of the isotopes of two ions (e.g. 54Cr and 54Fe) over-
lap—although almost all elements have at least one isotopic window which can be measured
that is interference free. An alternate, and more common, form of interference is a polyatomic
interference—where the sum of the masses of two ions that are common in the sample matrix
combine to create a mass which interferes with an element of interest (e.g. the 52Cr ion has
large potential interference issues with the 40Ar12C polyatomic ion). Any combined sum of
40Ar, 12C, 16O, 1H and 14N are potentially important polyatomic interferences to monitor
as these elements are most abundant in the plasma. Polyatomic masses with three or more
ions are possible (e.g. 40Ar12C1H) but are significantly less significant. Additionally, doubly
charged ions can interfere with elements of interest; since the recorded parameter is the
mass/charge ratio, a mass exactly twice as large as an element of interest with a 2+ charge
will be measured in the same mass window (e.g. 206Pb++ can interfere with 103Rh+).
The most efficient way to prevent interferences is to optimise the mass-peak separation
for an ion—defined as the mass resolution. There are three resolution modes on the ICP-MS:
low, medium and, high. Measuring an element in high resolution means you can clearly
separate the peaks from any proximal mass interferences; however, the produced signal
decreases by an order of magnitude between low and medium resolution, and again between
medium and high resolution. For many of the elements in which I am interested, medium
resolution offers the “goldilocks” resolution where peaks are sufficiently separated whilst
still providing enough signal to measure precise concentrations. To improve separation of
the peaks, in particular for 52Cr and 56Fe which both lie on the left-hand side of the 40Ar12C
and 40Ar16O peaks respectively, I tuned in both low and medium resolution until there was
no overlap between the element and the interference peak. Each peak was checked manually
before any samples were measured and the approximate signal values were compared to
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a long-term standard (seawater or an enriched concentration standard) to check that the
instrument was not measuring an interference peak.
Matrix effects
In ICP-MS, the measured signal of an ion can be enhanced or suppressed based on the nature
of the matrix it is in. This could be due to changes in the efficiency of ionisation imparted
by the presence of other elements, the build-up of salts on the sample cone clogging the
sample beam or some space-charge effect occurring in the plasma. Higher ionic strength
samples, such as the 110 ppm Na seawater solutions measured in this study, will have both
large matrix effects and larger errors based on variations in the matrix (i.e. a 5% difference
in Na concentration will cause larger absolute concentration changes in a high ionic strength
than in a low ionic strength solution).
To homogenise matrices between porewater samples at different depths, which have up to
50% variations in salinity, all samples were individually diluted to constant Na concentrations
(±0.5%) with 0.1 M distilled HNO3. Sodium concentrations were determined by ICP-OES,
along with other major elements. As other major cations behave conservatively in seawater,
it is assumed that different sample matrices matched by Na concentrations will also have
very similar concentrations of other major conservative cations with the caveat of iron and
sulfur species.
I looked at three main ways of monitoring and calibrating samples for matrix effects: (1)
standard addition to samples, (2) addition of a 115In spike to monitor matrix differences and,
(3) the use of a set of calibration standard in a similar matrix to the samples.
(1) – Standard addition The most rigorous and accurate method to correct for matrix
effects is to add varying quantities of known concentration spike to the sample so that a
linear relationship is observed (Figure 3.4). The gradient of this line indicates how the
measured signal varies as a function of analyte concentration. The y-intercept of the line is
the concentration of the solution of interest (i.e. the concentration with zero spike added).
In the case of the sample measured in Figure 3.4, the concentration is calculated from the
intercept to be 0.033 ppb Mo (intercept counts-per-second divided by the gradient). As a
standard addition approach is a function of the matrix effects of that specific sample, if the
concentration of the spike is precisely known, this method can provide the most accurate
results. The drawbacks of this approach are that each sample has to be run multiple times
with different amounts of spike, increasing instrument usage, consumables and time.
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Fig. 3.4 - A typical standard addition experiment used to calculate the concentration of an
element in a unique matrix. In this case, four aliquots of the same sample are run with
different amounts of spiked Mo solution while maintaining the same Na concentration. The
gradient of the line (in this case = 109,155) shows how responsive the measured signal is to
a change in analyte concentration. The y-intercept shows the signal produced by an unspiked
aliquot of the sample, which is the concentration of the analyte in the sample. For samples
with widely varying matrices, this can sometimes be the only way to measure individual
samples.
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(2) – Addition of 115In to samples An alternate method to monitor and correct for matrix
effects is to add a constant aliquot of an element which responds to matrix effects but will not
interfere with any of the measured signals—an example of which is 115In. This method has
the advantages of being quick, and corrects each individual sample based on the individual
matrix. The disadvantage is that this method is sensitive to how precisely the aliquot of
element is added, and elements may behave differently than 115In in different matrices, which
is not corrected for. I used a 0.25 ppb 115In for all samples as a check for contamination; if a
sample exhibited a particularly errant 115In signal, I would remeasure the sample.
(3) – Calibration standards The most commonly used method to determine sample con-
centrations is the use of a set of calibration standards spiked with the varying concentrations
of the elements of interest. For optimal accuracy, each standard should have a matrix as
similar to that of the samples as possible, and the set of standards should span the expected
elemental concentration range for the samples. The gradient of the standard calibration
line can be used to calculate the concentration of all of the samples. This method has the
advantage of being quicker and less exhaustive than the standard addition method, while
still accounting for the matrix effect on each individual element of interest. It is important
to accurately and precisely know the concentrations in the calibration standard set to get
accurate measurements with low errors.
When creating the calibration standards, I had to consider that the porewaters collected
from a sulfide-rich pond would have a different matrix from those collected from an iron-rich
pond. While conservative elements, such as Mg, K, and Cl, would behave conservatively
with constant Na concentration, the differences between the behaviour of Fe and S in
these pond sediments would lead to large differences in the dissolved concentrations of
Fe2+, HS− and SO2−4 . To test if separate calibration standards would be necessary for
porewater samples from the two different types of pond sediment, I ran standard-addition
experiments for porewater samples relative to a seawater standard (Figure 3.5). A higher
relative count difference, as a percentage difference from seawater, means more counts were
emitted from the same analyte concentration in a sample due to matrix effects. Differences
in the sulfide/sulfate concentration appeared to impart only small matrix effects on the
measurement for all elements (<8% difference on calibration line) (Figure 3.5b). On the
contrary, when ferrous iron concentrations were higher, more counts were measured on
all elements. Chromium appeared to be affected the most by this effect, with 21% more
counts in a 1.2 mM Fe2+ solution than in a seawater matrix (Figure 3.5a). These results
suggested that although a seawater matrix was suitable for sulfide-rich porewaters, a separate
set of calibration standards with a high Fe2+ matrix was necessary for iron-rich porewaters,
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otherwise the concentrations of trace elements would be overestimated. For porewater
measurements, I therefore used two sets of calibration standards: one set with a seawater
matrix for sulfide-rich porewaters and pond waters and, one set with a high Fe2+ seawater
matrix for iron-rich porewaters.
Fig. 3.5 - Relative variations in emission intensity for Cr, U, Mo, V and Co for (A) iron-rich
porewater and (B) sulfide-rich porewater relative to IAPSO seawater standard. A higher
count difference corresponds to a higher intensity per unit concentration (i.e. more efficient
emission of the element). A 10% error window is highlighted in grey. Iron and sulfide
concentrations correspond to the concentrations before the dilution preparation for ICP-MS.
The two calibration standard sets were made up in similar ways. A matrix (taken from
IAPSO N. Atlantic seawater for the seawater standard and porewater from 12 cm in an
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Element Mo U Cr* Ni V Co
Measured conc
(nmol/L)
114.4±6.1 13.6±0.2 10.1 8.8±8.8 22.7±1.7 b.d.l.
Published values
(nmol/L)
107 13.9 1.2–6.5 1.7–11.9 34–45 0.0
Table 3.3 - Concentrations measured by ICP-MS using the calibration standards compared
to published values. Seawater concentrations references shown in Table 3.1. b.d.l = Below
Detection Limit. *only one sample was measured.
iron-rich sediment core for the Fe2+-rich standard) was repeatedly (n = 5) measured on the
ICP-MS with standard addition of single element spikes to determine the exact elemental
concentrations of the raw matrices. A large aliquot of matrix was spiked with single element
standards for each element of interest. The standard set was then created by weighing
different proportions of the spiked matrix with the unspiked matrix. With the exception of
Ni in the iron-rich porewater standard (r2 = 0.90), all elements had an r2 exceeding 0.99
when measured. As a precaution, for every new core, I ran at least one sample with standard
addition to validate the use of the calibration standard. In all cases, the sample standard
addition calibration gradient agreed well with the calibration standards (<5% error).
The results from measuring North Atlantic seawater show support for the calibration
standards for Mo, U, Ni and V (Table 3.3). Chromium in seawater is overestimated which
is surprising given the accuracy of sediment digest concentrations. This is assumed to be
contamination in the OSIL seawater sample which was accumulated during processing.
Choice of detector for concentration measurements
The ICP-MS uses three modes of detection: Counting mode, Analog mode and Faraday
mode. Counting mode measures the raw number of times an ion hits the detector and is
used for small ion beams. Analog mode uses a secondary electron multiplier to produce a
cascade of electrons (through amplification of electrons through electrodes) which ultimately
produce an electrical current which is measured. In Faraday mode, the current produced from
neutralising the impacting ions is recorded in a Faraday cup. The sensitivity of this method
is much lower, and large numbers of ions correspond to a very small amount of current.
The ICP-MS automatically switches between Counting, Analog and Faraday mode with
increasing ion counts. A Faraday cross calibration is run before every sequence which
calibrates the detectors using carrier gas Ar as the analyte so that the same signal is recorded
regardless of detector mode. Turning down the radio frequency (RF) power to 20% means
the Ar signal is at the perfect size to tune between all three modes. The Ar peak is then
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manually aligned so that the detectors are calibrated. This is important given the wide range
of intensities for the desired elements which are present in these porewater samples (10–108
cps).
Behaviour of Mo on ICP-MS
Multiple problems arose when trying to measure the concentration of Mo in porewaters
by ICP-MS. Acid blank values tended to be significant (Table 3.2), possibly due to con-
tamination of Mo in the acid or due to polyatomic interferences such as 40Ar39K16O+ and
79Br16O+. This is not a large issue in seawater and iron-rich pond water matrices, where
Mo concentrations typically exceed 10 ppb (Table 3.1, Table 3.2). In sulfide-rich porewater
however, the concentration of Mo is significantly lower (<2 ppb) as a result of thiolation and
removal of thiomolybdate species to the sediments (Erickson and Helz, 2000). After dilution,
this puts many of the porewater samples below the instrumental limit of detection, depicted
by sulfide-rich porewater samples falling on the LOD line in Figure 3.6.
Another issue which arose was the tendency for Mo concentrations in porewater samples
to be underestimated compared to Mo concentrations calculated by isotope dilution. Seawater
samples and concentration standards, on the other hand, were within error between the two
methods (blue circles – Figure 3.6). Isotope dilution is a far more robust way of determining
concentration, therefore I assume that the ICP-MS is underestimating Mo concentrations in
iron-rich and vegetated porewaters. The reason for this is unclear, however I suspect that
the complexation of Mo with organic ligands may be preventing efficient ionisation. This
is supported from the observation that porewaters extracted from a vegetated core being
the most susceptible to this “dampening” effect. I trialled adding concentrated hydrogen
peroxide (H2O2) to samples in an attempt to oxidise any organics, however this resulted
in no improvement of the concentration measurement. Given that concentration checks do
not have to be completely accurate, and that I calculated final concentrations using isotope
dilution, this does not affect the results in Chapter 4.
Behaviour of Cr on ICP-MS
Chromium concentration measurements on ICP-MS were also susceptible to multiple issues.
Similar to Fe, the most abundant mass of Cr (52Cr) lies on the left-hand side of a large argon
interference (40Ar12C). All Cr measurements are therefore measured in medium resolution,
and the focus lenses are carefully tuned to separate the Cr and 40Ar12C peak. Chromium
measurements on ICP-MS appear to be particularly susceptible to instrumental drift, and thus
bracketing standards are a requirement. I suspect this is due to ionic build up deposited on
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Fig. 3.6 - Porewater molybdenum concentrations determined by isotope dilution and by
ICP-MS (Element). Four sediment cores taken through different types of pond sediment are
shown. Dashed line indicates the limit of detection (2 ppb); at this concentration, noise on
the ICP-MS prevents lower concentration measurements. Samples which fall on the 1:1 line
represent identical measurements on ICP-MS and by isotope dilution. Note the log scale on
both axes.
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the cones throughout an instrumental run. As discussed above, the concentration of Cr is very
low in seawater samples and only marginally higher in porewater samples. Concentration
checks to correctly add chromium isotopic double spike are fortunately tolerant to a wide
range in concentration, therefore ICP-MS provides an accurate enough measurement for this
purpose.
3.3.2 Trace metal determination in aqua regia digests
Compared to porewater analysis, concentration checks on the aqua regia leachates are
significantly more straightforward and accurate. All aqua regia leachates were diluted 10,000-
fold to get within a concentration range measurable on the ICP-MS Element. Matrix matching
is next to impossible as each digest will have a different proportion of ions, therefore a multi-
element standard set containing Fe, Ti, Al, Ni, Co, V, Cr, Mo and U in 0.1 M HNO3 is used
for calibration. The addition of a 1 ppb 115In spike to every sample, standard and bracketing
standard was used to correct for variations in matrix effects—which never exceeded 10%.
Molybdenum and Chromium concentrations measured by isotope dilution and by ICP-MS
are strongly correlated (r2 = 0.97 and r2 = 0.98), indicating that the issues involving porewater
samples do not extend to these leachates. The high concentrations of Cr, Fe and V remove
the issues of low signal observed in porewater samples. Based on repeat measurements of an
iron-rich pond sediment sample (n = 5), long term precision was <3%.
3.3.3 Section conclusions
In summary, a method for trace element analysis on porewater samples using ICP-MS has
been developed for certain elements (U, Mo, Cr, V, Ti, Al) at the University of Cambridge in
both porewater and sediment digests. These developments have allowed for the measurement
of lower elemental concentrations in the porewaters than in the previous Masters project
(Traynor, 2016). In particular, the tenfold lower dilution and the separate calibration standards
significantly improved the concentration measurements of trace metals.
Concentration measurements for sediment digests are reliable and accurate by ICP-MS.
There is close agreement between isotope-dilution-derived and ICP-MS-derived measure-
ments, supporting these measurements.
For concentration check purposes, Mo and Cr concentration measurements in porewaters
are sufficient, however detection limit issues and unknown matrix effects means isotope
dilution is the preferred method of measuring elemental concentrations. Elements such as U,
Co, V, Ti and Al, which either have interference-free beams produce reproducible porewater
concentrations within the expected range. Further work, most probably involving purification
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of the samples by column chemistry, would be necessary to provide accurate concentration
measurements of Mo and Cr in these saline, organic-rich porewaters.
3.4 Development of method to measure δ 53Cr using TIMS
This section describes the method development of a technique to measure δ 53Cr of sediment
samples at the University of Cambridge using a Thermal Ionisation Mass Spectrometer
(TIMS).
When reporting the Cr isotope composition using delta notation, the convention is to
report the 53Cr/52Cr ratio of a sample compared to the 53Cr/52Cr ratio of a standard. I report
to the SRM979 standard for all δ 53Cr measurements in this thesis (Equation 3.1). This is
the most widely used standard reference material, although some research groups opt for the
NIST3112a reference standard instead which has been reported as -0.07±0.04‰ relative to
















Teflon and plasticware cleaning methods
Samples are easy to contaminate with external sources of Cr during even simple chemical
procedures since Cr exists in measurable quantities in both acids and in uncleaned plasticware.
From sediment core collection to isotopic measurement, any contact with metal (which
contains a high concentration of Cr) was minimised.
All Teflon containers went through the following cleaning steps: (1) triple rinse with
MQ, (2) 50% HNO3 leach overnight on a hotplate set at 100°C, (3) triple rinse with MQ,
(4) 50% HCl leach overnight at 100°C, (5) double rinse with MQ, (6) ∼1% distilled HNO3
leach overnight at 100°C and (7), triple rinse with MQ. For Teflon vials which had contained
organics (e.g. aqua regia digests of sediments), 200 µL of concentrated distilled HNO3 was
refluxed at 120°C for 24 hours in the containers before the normal Teflon wash sequence.
All other plastic ware (pipette tips, centrifuge tubes, LDPE bottles) was washed in cold
50% HNO3 overnight. I found that heating the acid or leaving it in acid longer than overnight
denatured the plastic. Whilst this did not actually add any blanks to samples, the denatured
plastic became brittle and could not be used for centrifugation.
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Table 3.4 - Isotopic composition of the single spike powders as reported by ISOFLEX.
Reagents
All acid used in the column purification procedure was single distilled. The Cr blank on 6 M
HCl and 5 M HNO3 was 9 ng/L and 3 ng/L respectively (determined by ICP-MS).
Ultrapure H2O2 was purchased from Sigma Aldritch with a certified Cr blank of <50
ng/L. Ammonium persulfate (APS) ((NH4)2S2O8) BioXtra (>98.0%) was purchased from
Merck. Ammonium persulfate solution degrades rapidly, hence it was always prepared on
the day of usage; the APS salt was dissolved in MQ and used within three hours.
The anion exchange resin AG1-X8, 200–400 mesh size, was obtained from Eichrom
in chloride form. The resin was transferred to a clean teflon bottle using a teflon spatula.
Distilled water was added to the resin at a ratio of 4:1 and vigorously shaken. A noticeable
white layer of degraded beads was visible at the water surface immediately. After 10–15
minutes, many of the beads had settled, and the overlying water was decanted to waste. The
resin in the bottle then underwent the following procedure following Moos and Boyle (2019):
(1) 3 distilled water rinses, (2) 1 M NaOH (∼1 hour), (3) 10 distilled water rinses, (4) 6 M
HCl (∼7 days), (4) 5 distilled water rinses, (5) 6 M HCl (∼1 day) and (6), 5 distilled water
rinses. The addition of a strong base, followed by a strong acid, should remove any species
adsorbed to the beads. The Cr resin blank increases significantly if these resin batch cleaning
steps (i.e. the previously detailed rinses and the removal of degraded beads) are omitted
(Moos and Boyle, 2019). Resin was added to triple rinsed Bio-Rad Polyprep columns with 2
mL bed volume; the efficiency of the separation procedure strongly depends on the packing
of the resin (discussed below), hence all column resin was checked and resuspended if there
were any visible heterogeneities in the resin.
Double spike solution preparation
Enriched 50Cr and 54Cr metal powder standards were ordered from ISOFLEX with a certified
isotopic composition shown in Table 3.4.
The single spike solutions were dissolved in 1 M HCl overnight at 100°C. Stronger
oxidising acids (e.g. HNO3) are less suitable for dissolving Cr metals as a thin oxidised layer
74
Method Development for Trace Element Analysis using ICP-MS and for Chromium Isotope
Analysis on the Thermal Ionisation Mass spectrometer (TIMS)
forms around the outside of the metal, inhibiting dissolution (Haber and Goldschmidt, 1906).
The single spike solutions were evaporated and brought up in a 3% distilled HNO3 matrix.
Concentrations of the single spike solutions were measured on a MC-ICP-MS (Neptune) at
RHUL against a Sigma Aldritch 1000 ppm Cr standard solution. The single spike solutions
were then mixed into a double-spike solution at the optimal ratio described in Rudge et al.
(2009). The double-spike solution was later calibrated using TIMS (See Appendix A).
Isotope reference standards
Two isotopic standards were prepared for isotopic analysis of Cr. The primary standard,
SRM979, was bought in hydrated chromium nitrate form from the National Institute of
Standards and Technology (NIST). The powder was dissolved in 3% distilled HNO3.
NIST3112a was used as the secondary standard. Solution bottles (10 mL) with a certified
Cr concentration of 10.009 mg/g suspended in HNO3 were purchased from NIST. These were
gravimetrically diluted in 3% distilled HNO3 to ∼100 ppm and ∼1 ppm working standards.
3.4.2 Chromium purification procedure
Pre-column chemistry protocol
Before isotopic analysis by TIMS, Cr needed to be separated from any matrix ions which may
cause potential interferences on any of the 50Cr, 52Cr, 53Cr and 54Cr ion beams. However,
mass-dependent isotopic fractionation occurs during this Cr separation process, resulting
in a change in the Cr isotopic composition of the sample if some Cr is lost during the
column procedure (Ball and Bassett, 2000; Trinquier et al., 2008). Since Cr yields from
the separation procedure are typically between 60–90%, there must be some portion of
isotopically fractionated Cr which is lost during the separation procedure (Ball and Bassett,
2000; Frei and Rosing, 2005; Moos and Boyle, 2019; Trinquier et al., 2008). To correct for
this effect, I used the addition of a 50Cr–54Cr double spike—a solution enriched with precisely
known concentrations in 50Cr and 54Cr—to correct for mass dependent isotope fractionation
occurring during both Cr separation and instrumental analysis (For a full description of the
double spike deconvolution method, see Appendix B).
I measured the Cr concentration of samples by ICP-MS following the procedure in
Section 3.1.3 and dried down an aliquot of solution which contained 500 ng of Cr in Teflon.
For sediments, this was typically between 0.1–1 mL of aqua regia leach solution.
The sample and standards were re-dissolved in a 1 M HCl matrix. The double spike,
in exactly the same 1 M HCl matrix, was mixed with the sample at a targeted total [Cr]
spike-to-sample ratio of 0.45. There is a tolerance of at least 30% on the concentration
3.4 Development of method to measure δ 53Cr using TIMS 75
measurement as the double spike deconvolution method produces identical δ 53Cr values
between spike to sample ratios of 0.3–0.6 (Appendix A). The mix was left to equilibrate at
100°C for at least 24 hours to ensure sample/spike equilibration. This step was particularly
troublesome while developing the method (See Section 3.4.5).
Cr column procedure
A wide range of different methods to separate Cr using column chemistry exist in the literature
(Table 3.5). Most utilise the characteristic of Cr to behave as either an anion (CrO2−4 ) or a
cation (Cr3+)—based on its oxidation state as Cr(VI) and Cr(III) respectively—in order to
separate it from other matrix elements in a sample (Ball and Bassett, 2000).
I opted to base my column chemistry procedure on the method used in Moos and Boyle
(2019) with some minor modifications. I chose this method because it produces analytically
consistent results on small sample sizes and uses fairly low strength acids which do not
include HF.
Instead of using an Fe clean-up column described in Moos and Boyle (2019) as the final
step, I decided to use this column first in my separation procedure; this is because many of the
salt marsh samples—both porewater and sediment leachates—contain high concentrations of
dissolved iron which should be removed first to lower the ionic strength of the matrix added
to the other columns in the procedure. Lowering the ionic strength of the sample means resin
surfaces are more effective at binding ions which increases the efficiency of later columns at
separating Cr.
Anion resin cleaning procedure
The method I adopted uses the same pre-cleaned resin AG1-X8, 200–400 mesh size column
resin three times but under different chemical conditions. Between each column step, the
resin is cleaned using the following method: (1) 5 mL 5 M HNO3, (2) 3 x 3 mL MQ and (3)
80 mL 1 M HCl. In Step (1), the addition of nitrate (with a high selective preference of 65) is
an efficient way of displacing any chromate or leftover matrix ions from the resin (Table 3.6).
The combined MQ and HCl steps regenerate the resin back to chloride form. As the relative
selectivity of the chloride ion is much lower than for the nitrate ion, 43 bed volumes of OH−
or Cl− are necessary to fully regenerate the resin (Biorad, 2000). A significantly smaller
cleaning process is used in Moos and Boyle (2019) which would not effectively regenerate
the resin. Whilst this is unlikely to contribute a significant Cr blank, as the majority of the
Cr would be removed by the addition of nitrate, it will mean the resin is less effective at
separating chromium which may lead to lower yields. The longer cleaning steps allowed
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CrO2+4 85* (assumed to be similar to sulfate
ion)
Table 3.6 - Relative selectivities of ions on to the AG1-X8 anion resin (Biorad, 2000).
me to reuse all the resin four times with no difference in the measured isotope composition;
whereas other laboratories use fresh resin every time (Bruggmann, personal communication).
Column calibrations
The best way to determine the behavior and efficiency of column chemistry is to conduct
column calibrations. This involves monitoring the concentrations of elements of interest—in
this case Cr and its elemental interferences (Fe, V and Ti)—over the course of the column
elution by splitting the eluted material from each column step into fractions. With high
resolution sampling, there should be a clear peak where the elements of interest are eluted
from the columns.
As the procedure involved stick/non-stick column chemistry and used standard 2 mL-
bed Polyprep columns, I assumed that one column calibration would accurately reflect the
behaviour of all further columns.
I used an aqua regia leachate as the starting solution as this reflects the complex matrices
that I was seeking to separate Cr from. The same leachate was used throughout the calibration
to simplify calculations. For each stage, I dried down the amount of leachate required to
contain 500±7.8 ng of Cr—as determined by five replicates by ICP-MS—to add to the
columns.
Column 1 - Iron clean up column Column 1 is principally used to remove the large
quantities of dissolved iron in both the sediment digests and the iron-rich sediment porewaters.
Previous studies which have measured samples with a high Fe content use a similar first
column (Frei et al., 2009; Paulukat et al., 2015; Schoenberg et al., 2016). The sample-spike
mixture was dried down and dissolved in 1 mL of 6 M HCl overnight at 80°C. The cooled
sample was added to column resin which was cleaned and preconditioned with 12 mL of 6
M HCl. In this high chloride, low pH matrix, dissolved iron complexes with chloride ligands
to form FeCl4. This complex readily adheres to the resin whilst other cations pass through.
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To fully push any remaining sample through the column, a further 4 mL of 6 M HCl was
added. This column proved extremely effective (99.8%) at removing iron from a typical
sample matrix (237 ppm Fe) (Figure 3.7). Only minor amounts of chromium are lost during
the elution (<4%).
Fig. 3.7 - (a) Column calibration of Cr, Fe, Ti and V for the first column at separate 1 mL
collection intervals. Element concentrations in the eluent generated is given as a percentage
of the concentration of the initial sample. (b) Cumulative percentage element concentrations
(based on concentration of initial sample).
Column 2 - Chromium purification column The eluent from the first column was dried
down to completion. After cooling, the residue was dissolved in 30 µL of 6 M HCl and
8970 µL of MQ (0.02 M HCl matrix). A 1 mL aliquot of freshly prepared 0.2 M ammonium
persulfate solution was then added. The mixture was quickly capped, shaken and placed
on a hotplate at 120°C for one hour. Ammonium persulfate is an oxidising agent which
effectively oxidises Cr(III) to Cr(VI) under low pH conditions. The dependencies of this
oxidation reaction on solution pH, temperature and APS concentration are discussed in Moos
and Boyle (2019) so I replicated the conditions of their procedure. The sample is removed
after 1 hour and cooled whilst the precleaned columns were conditioned with 5 mL of 0.018
M HCl.
Samples were loaded carefully onto the column using a pipette. The Cr in the sample
solution, now present as the anionic Cr(VI) species, can bind to the column with a high
selectivity (similar to that of sulfate) along with other matrix anions. Matrix cations (e.g. Ti
and V) do not bind to the resin and pass through to waste. The addition of a 3 mL MQ step, a
5 mL 0.2 M HCl step and a 6 mL MQ step rinsed any remaining V and Ti ions out while
not considerably affecting the Cr bound to the resin. With a well-packed resin, leakage rates
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during this stage are less than 10% of the total Cr added to the column (Figure 3.8). This
loss of Cr is most likely Cr(III) which has not been effectively oxidised by the APS. Column
packing appears very important during this stage; any minor heterogeneities in the resin can
allow substantial amounts (>50%) of Cr to pass through in the first rinse stages (Figure 3.9).
Fig. 3.8 - (a) Column calibration of Cr, Fe, Ti and V for the second column at separate
∼1 mL collection intervals. Element concentrations in the eluent generated are given as a
percentage of the concentration of the initial sample. Shaded golden window indicates the
cumulative collected eluent used in column 3. (b) Cumulative total of the eluent collected
during each step.
Fig. 3.9 - The effect of poor resin packing on the separation of Cr. Description is the same as
Figure 3.8.
After the final rinse stage, Cr(VI), along with anions which were not removed in Column
1, is left attached to the resin. To elute the Cr from the resin, 10 mL of 2 M HNO3 and 200
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µL of H2O2 were pipetted onto the column simultaneously. In acidic conditions, H2O2 is an
effective reductant of Cr(VI) (Pettine et al., 2002; Zink et al., 2010), thus Cr(VI) is reduced to
Cr(III)—which is eluted from the column, as evidenced by a well-defined peak (Figure 3.8).
The broad tail of this peak likely reflects a combination of ongoing Cr(VI) reduction and
the high concentration of nitrate ions displacing Cr(VI) which escaped immediate reduction.
The yield of Cr after the first two columns was roughly 80%.
The eluent collected from the second column was then dried down. A small amount of
sulfuric acid remains in the residue, preventing complete evaporation on the hotplate (the
boiling point of H2SO4 is 337°C). Though sulfur interferences are less important on TIMS
than on MC-ICP-MS (Moos and Boyle, 2019), the presence of high sulfur concentrations
can hinder filament loading and form large reservoir effects which generate erratic isotope
ratio measurements (Ball and Bassett, 2000). Furthermore, the >10 µL of residue remaining
would be extremely time consuming to load on to filaments. A third column is therefore
necessary to separate chromium from this sulfuric acid matrix.
Column 3 - Secondary chromium purification column The third column in this proce-
dure removes excess sulfate and other anions still present in the matrix. To ensure that any
Cr being added to the column was in Cr(III) form, 110 µL of 1 M HCl and 50 µL of H2O2
were added to the dried down sample residue and left to react for 1 hour. This should ensure
complete reduction of Cr(VI) to Cr(III) (Pettine et al., 2002). Afterwards, 10840 µL of MQ
is added to form a dilute HCl matrix suitable for anion retention on to the column resin. The
sample was carefully poured on to precleaned resin conditioned with 5 mL 0.018 M HCl
and the eluent was completely collected. Three x 1 mL additions of 0.01 M HCl were added
to fully push through the sample. A broad Cr elution peak is observed to come off over the
entire collection window as Cr(III) can pass through the resin (Figure 3.10). The 15–20%
loss of Cr in this step is assumed to be caused by residual Cr(III) left in the Teflon container
during pouring of the sample mixture. After seeing these results, I modified the method by
using the first 1 mL addition of 0.01 M HCl to rinse the leftover sample and pour that on
to the resin. Sulfate and other anions are largely removed during this process, as is evident
from the lack of sulfuric acid when the eluent is dried down.
Any leftover organic material, most likely from the column resin, was broken down
overnight by 120 µL of aqua regia heated to 100°C. The digest was dried down to form a dry
speck at the base of the Teflon. For most standards and samples, the speck is typically light
blue or green in colour, though the absence of this colour has no bearing on the isotopic ratio
measured.
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Fig. 3.10 - (a) Column calibration of Cr, Fe, Ti and V for the first column at separate ∼1–2
mL collection intervals. (b) Cumulative total concentration of elements as a percentage of
the initial amount in the aqua regia leachate.
3.4.3 Preparation of samples for TIMS analysis
Fundamentals of TIMS
Thermal Ionisation Mass Spectrometry (TIMS) is one of the oldest methods for measuring
isotope rations in easily ionisable materials (Fantle and Bullen, 2009). Samples are typically
loaded onto a metal filament (typically W, Pt, Re or Ta) which is heated at low pressure. At a
certain temperature, the element will first evaporate from the filament, and then an electron
from the neutral species will “tunnel” onto the filament (this occurs due to the closeness
of the filament and analytes Fermi levels) (Dass, 2007). An electrical potential gradient
is used to accelerate the positive ions produced towards the electromagnet where the ion
beams are deflected differently based on their mass-to-charge ratio. Faraday cups positioned
at calibrated locations measure the current produced by the net charge of ions hitting the
detector.
The work in this thesis was conducted on a Thermo Scientific Triton Plus thermal
ionisation mass spectrometer (TIMS). The detector array consists of 9 Faraday cups with the
central cup fixed in position.
Advantages and disadvantages of TIMS
Chromium isotope measurements can be made on MC-ICP-MS and TIMS. MC-ICP-MS
analysis is much faster (<15 minutes per sample) and the use of a wet sample matrix means
that reservoir effects during analysis are minimal. MC-ICP-MS can potentially measure
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smaller sample sizes as long as the instrument is tuned correctly. These reasons explain why
many research groups currently opt to measure δ 53Cr by MC-ICP-MS (Goring-Harford et al.,
2018; Gueguen et al., 2016; Moos et al., 2020; Schoenberg et al., 2016).
Despite this, measuring δ 53Cr by TIMS offers certain advantages. Using MC-ICP-MS,
the 52Cr peak has to be measured on the left shoulder of the 40Ar12C peak, requiring careful
instrument tuning. As TIMS does not use an argon carrier gas, there are no argon related
interferences during analysis. Any interferences on Cr isotope beams only become a problem
if the interference is ionised from the filament at the same temperature as Cr. Chromium
peaks on TIMS are therefore much more stable, and less susceptible to Fe, V, Ti and S
interferences. Importantly, matrix effects are less important in TIMS isotopic analysis.
Whereas MC-ICP-MS can have substantial instrumental drift arising from variations in the
plasma—requiring regular standard bracketing—drift correction is not necessary on TIMS.
These reasons mean that with a large enough sample size, many of the sources of error are
much lower on TIMS than on MC-ICP-MS, resulting in a more precise isotopic measurement.
Sample preparation for TIMS
All samples and standards measured for δ 53Cr were loaded onto zone-refined rhenium fila-
ments. The filaments were mounted onto pre-cleaned filament posts and heated under vacuum
conditions the day before use and stored in a dry desiccator hood. I used a single filament
approach—where the filament acts as both the evaporation and ionisation filament—as this
has been proven to work for Cr in most studies and is analytically simpler (Frei et al., 2009).
The use of a loading solution (a mixture of compounds used to aid emission of a specific
element of interest) is necessary due to the high ionisation potential of Cr (6.77 eV). Loading
solutions for Cr isotope analysis are numerous and varied, though the combination of colloidal
silica and phosphoric acid and/or boric acid began early in the development history and has
continued to be used in a majority of studies (Table 3.7) (Barnes et al., 1973; Frei et al., 2009;
Füger et al., 2019). An ideal loading solution should promote the emission of large beam of
Cr (>1 V) which is stable and can be run at low filament currents so as not to ionise potential
interferences (e.g. Fe).
During method development, I trialled a range of reported loading solutions to test
which created the most ideal conditions for Cr emission from the filament (Table 3.7). I
found the method described in Trinquier et al. (2008) to be significantly better than other
reported methods. A short description of this method is as follows. I first dissolved the
standard/sample in 1.5 µL of 6 M HCl; to ensure efficient dissolution of the sample, the
sample is mixed by pipette a few times. This Cr suspension was loaded onto outgassed
filaments and dried at 0.4 A (10–15 minutes). When dry, an amount of loading solution
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(freshly made on the day of analyses) was added proportional to the amount of Cr in the
sample (1.5 µL per 500 ng Cr). The loading solution was then left to fully evaporate at 0.7 A
(∼5 minutes). The current was increased slowly until the filament glowed dull red for one
second (∼1.8–2.2 A). The standard/sample typically looked a dark grey in colour. Some
standards appeared to have localised patches of sample, although this made no difference to
the efficiency of the run. Chromium loaded with this method was ionised at temperatures
between 1150 and 1300°C and produced a stable 52Cr beam of 5 V for at least 6 hours (Table
3.7). The only issue I encountered while measuring standards using this loading method was
that beams could behave quite unstably during the heating procedure, presumably due to
reservoir effects created through imperfect loading. Heating the filament to produce an ion
beam of 10 V before lowering the intensity to 5 V was found to remove these instabilities,
likely as those small reservoirs were burnt off. This loading method was used for all reported
samples and standards in this thesis.
When I trialled the methods in Fantle and Bullen (2009) and Bruggmann et al. (2019), I
found that very high ionisation temperatures (1500-1600°C) were necessary to emit a beam of
0.5–1 V (Table 3.7). This would be unsuitable for sample analysis as elemental interferences
such as those from Fe would more efficiently ionise at these elevated temperatures. Addition-
ally, the low intensity of the ion beams—in particular the smallest 53Cr beam—would result
in larger uncertainties in the isotope analysis. Altering the ratio of the components of the
loading solution had little effect on the measurements. I initially suspected the issue might
be from the uncharacterised “silica gel” described in Bruggmann et al. (2019) and Füger et al.
(2019) so I trialled standards loaded with a range of silica concentrations from 0.1% to 40%.
Below 1% silica concentrations, samples did not ionise effectively. Above 10%, the loading
solution would become a brittle glass that would not adhere to the filament. A “sweetspot”
of 4% silica concentration was found to be the best, though it did not lower the ionisation
temperature. I also trialled the removal of boric acid from the method used in Bruggmann
et al. (2019), to no avail. The presence of phosphoric acid may somehow be causing this
difference in the loading methods, since the Trinquier et al. (2008) method omits this reagent.
3.4.4 Instrumental analysis of δ 53Cr
Cup configuration
Chromium isotopic analysis requires the simultaneous monitoring of the 50Cr, 52Cr, 53Cr and
54Cr beams alongside potential interferences (49Ti, 51V, 56Fe). The closeness of these atomic
masses mean that analysis can be run within the mass range on the Triton in static mode as
opposed to dynamic mode. The cup configuration used is shown in Table 3.8. During my
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L4 L3 L2 L1 C H1 H2 H3 H4
49Ti 50Cr 51V 52Cr 53Cr 54Cr 56Fe
Table 3.8 Cup configuration for Cr isotope acquisition on TIMS. At the ionisation tempera-
tures reached during analysis, 49Ti and 51V were not emitted. For this reason, these beams
were measured using the default machine parameters.
project, I tested the reproducibility of the collection cups by shifting the 52Cr beam to the
L2 cup (49Ti was therefore not monitored in this case). There was no significant difference
between isotope ratios collected with this cup configuration.
Turrets filled with up to 21 filaments were loaded into the source the night before analysis
to allow the pumps to decrease the HV source pressure to <2 x 10−7 bar. The turret was
initialised (allowing the turret to rotate to all sample positions) before use so there would be
no change in pressure during the sequence.
Instrumental procedure and heating protocol
Baseline and gain calibrations were made with the analyser gate shut every morning or at the
start of a sequence run. While establishing this method, I ran every sample manually on the
TIMS so that I could understand the behaviour during ionisation. After ∼50 standard runs, I
found the behaviour of ionisation was reproducible enough to run an automated sequence
(with defined heating parameters). A typical heating method for sample analysis is as follows:
(1) filaments are heated to 1200°C at a rate of 100°C min−1, (2) the filament is held at this
temperature to allow the beam to stabilise (at this point, the intensity ranges between 1-10 V),
(3) parameters are tuned on the instrument to create the highest intensity beam at that given
filament temperature, (4) the filament is further heated at a rate of 20°C min−1 until 10 V of
Cr is emitted, (5) the filament is held at this temperature to allow the beam to stabilise, (6)
the filament is cooled until a stable intensity of 5 V is emitted and, (7) instrument parameters
are tuned again and the peak centring of the beam is checked. At this point, the beam is
typically stable between 4 and 6 V. Each sample acquisition comprises of 20 blocks of 20
cycles, providing 400 sets of simultaneous isotope values. Rarely, I observed variable isotope
ratios in the first 100 measurements, so I exclude these from calculating the final isotope
ratios.
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3.4.5 Issues with method development
When initially setting up the method, I directly loaded mixed double-spike and standard
solutions onto the filaments without column purification. This is a typical first step when
developing an isotope method. As both the double spike and standards were in purified Cr
solution, it seemed excessive to run them through the entire column procedure.
When measured, these double spike-standard mixtures exhibited mass independent
fractionation to varying degrees. In particular, the 50Cr/52Cr ratio would behave erratically
throughout the run, independently of the 53Cr/52Cr and 54C/52Cr ratios. An example of this
effect is shown in a particularly problematic DS-SRM979 mixture in Figure 3.11. As would
be expected, the deconvolved δ 53Cr varied largely over the run (since the 50Cr beam is used
in the deconvolution process) (Figure 3.11a). As this effect occurred early in the method
development process, while I was testing out different loading methods, it was tricky to
deconvolve this effect in samples where the mass independent variations were much more
subtle. Interestingly, a research group at Princeton University were encountering a similar
problem, with the 54Cr beam behaving erratically instead. This problem has not been reported
previously in δ 53Cr measurements in the literature. However, a similar effect had previously
been seen for lead also on TIMS (Thirlwall, 2000).
Two possible explanations for this mass independent behaviour were considered: (1)
there was a specific interference on the 50Cr beam and/or, (2) the double spike solution
and standard were not sufficiently mixing/equilibrating. A mass scan of the samples found
no signal being recorded on 48Ti, 51V or 56Fe beams (more abundant isotopes of those
elements) which discounted many of the typical interferences from affecting the 50Cr signal.
The possibility of other potential interferences was excluded using three tests. First, the
systematic renewal of each reagent used in the loading procedure did not remove the effect
on 50Cr, suggesting no contamination was being introduced in the loading solutions. Second,
a heated blank Re filament was run on the TIMS to assess the possibility of the ionisation
of filament material—however, even at 1600°C, no beams at the measured masses were
recorded. Finally, repeats of both standard SRM979 (n=7) and double spike (n=3) solutions
behaved mass dependently when run separately.
Therefore, it was assumed that the double spike and standard were not fully equilibrating.
This seemed surprising, given the low volume of mixed liquids (<0.5 mL combined), that
both solutions were in the same matrix (3% HNO3) and that equilibration time was similar
to other measured isotope systems (overnight refluxing at 100°C). This effect had also not
been described previously in the literature, and yet two research groups were encountering
the same problem simultaneously. Poor equilibration of double spike-standard solutions
is a particular issue for TIMS analysis, in comparison to MC-ICP-MS, due to the method
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Fig. 3.11 - Measurements of a standard SRM979 which exhibited large degrees of mass
independent fractionation as a result of poor double-spike and standard equilibration. (a)
Double spike corrected δ 53Cr value over the course of analysis showing large reservoir
effects. Note the correct value of δ 53Cr for SRM979 is 0‰ (b) Cross plot between 53Cr/ 52Cr
ratio and 50Cr/ 52Cr ratio. (c) Cross plot between 54Cr/ 52Cr ratio and 50Cr/52Cr ratio. (d)
Cross plot between 53Cr/ 52Cr ratio and 54Cr/ 52Cr ratio—this shows evidence of only mass
dependent fractionation.
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of loading. As the sample is loaded onto the filament in solid form, individual pockets or
‘reservoirs’ of Cr salt may be heterogeneously distributed across the filament surface. Some
of these reservoirs will be more susceptible to evaporation—perhaps if activators such as
boric acid are more concentrated in that space—and thus will evaporate first.
During the process of evaporation, mass dependent fractionation occurs as the lighter
isotopes of Cr (50Cr) are preferentially sputtered from the filament over the heavier isotopes
(54Cr). If the double-spike and standard are fully equilibrated, every reservoir will have the
same mix of isotopes at the start, hence this mass dependent fractionation can be corrected
for during double spike deconvolution, resulting in a constant δ 53Cr (Figure 3.12a). If
however, the double spike solution and standard solution are not fully equilibrated, different
reservoirs on the filament will have different initial isotopic compositions. When ionised,
the combination of isotopes evaporated would therefore change based on the combination
of reservoirs that are being sputtered from the filament. As a result, the δ 53Cr will vary
erratically, with spikes of different δ 53Cr as reservoirs are burnt off (Figure 3.12b). Reservoir
effects can still be important in fully equilibrated double spike-standard solutions if there are
two or more very larger reservoirs that are at different stages of evaporation (as the measured
ratios will be a combination of the two reservoirs). Care was therefore taken to create an
even distribution of salt on the filament.
I tested a few different methods of ensuring sufficient spike-sample equilibration: (1)
increasing the equilibration time to four days, (2) drying down the double spike-standard
mixture and dissolving it in 1 M HCl, (3) drying down the entire loading solution and
re-dissolving it in 6 M HCl and, (4) digesting the double spike-standard mixture in aqua
regia before re-dissolving it in 1 M HCl. Though small improvements were seen, none of
these alterations entirely removed the mass independent fractionation and the erratic δ 53Cr
measurements. The only way which seemed to produce a stable, mass dependent, 50Cr beam
was to run the spiked standards through the entire column chemistry process used for samples.
The reason for why this is necessary to effectively equilibrate the double spike and standard
solutions is unclear. It is presumably some combination of the mechanical mixing caused by
the movement of the solution through the resin beads and the process of Cr(III) in solution
being oxidised by APS to Cr(VI) and then reduced again to Cr(III) during the separation
procedure.
Although the separation procedure removed mass independent fractionation, there was
still variation in the measured δ 53Cr of identical double spike-standard solutions (Figure
3.13 – Orange squares). These variations were most likely caused by a loss of isotopically
fractionated Cr onto the column resin before the double spike and standard were fully
equilibrated (this would not be corrected for during double spike deconvolution). Drying
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Fig. 3.12 - Effect of good and poor equilibration between double spike and standard mixture
on the ionisation from Re filament. 54Cr and 50Cr are used to represent heavy and light
isotopes, respectively—53Cr and 52Cr would behave in a similar way. (a) In the case of
well equilibrated solution, the Cr salt on the filament has a uniform isotope ratio, so the
mass dependent variations can be corrected in the δ 53Cr ratio. (b) In the case of poorly
equilibrated solution, small reservoirs of 54Cr enriched and 50Cr enriched areas can exist. As
these reservoirs isotopically evolve at different times during ionisation, the resultant δ 53Cr
ratio is erratic as reservoirs are burnt off at separate times.
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down the spike and standard individually, re-dissolving them in an identical 1 M HCl matrix,
and mixing them on at 80°C for three days prior to loading appeared to remove the variations
in the δ 53Cr values (Figure 3.13 – Blue squares). It is likely that equilibration in this matrix
is efficient enough prior to the column procedure so that any fractionation can be corrected
for during the double spike deconvolution process. I therefore adopted this method for all
samples measured in this thesis. An example of the typical corrected isotope measurement
and ratio cross-plots is shown in Figure 3.14.
Fig. 3.13 - δ 53Cr of standards (SRM979) passed through the entire column chemistry
processed with and without a 1 M HCl precondition. 1 M HCl precondition refers to
dissolving the double spike and standard individually in 1 M HCl and mixing in these
matrices.
3.4.6 Testing for potential interferences and background corrections
Despite the column separation procedure being very efficient at removing any V, Fe and Ti
from the sample matrix (Figure 3.8), I tested the effect of potential elemental interferences
on the δ 53Cr measurement. Two DS-SRM979 mixtures which had been through the column
separation process were doped with ∼200 ng of single element V, Fe and Ti ICP-MS standard
solutions. These standards were first heated to typical sample temperatures (1150-1400°C)
to replicate the temperature of measurements. The range of masses expected to encapsulate
the interference peaks were scanned to ascertain if any of that element was being emitted.
No V or Ti was emitted in measurable quantities over the mass ranges (50–52) and
(48–50) respectively. Presumably the loading solution in this method prevented emission of
these elements at the ionisation temperature required for Cr emission. In a further test for V,
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Fig. 3.14 - Results from an SRM979 measurement run using the final preparation method.
(a) Deconvoluted δ 53Cr measurements through the run. Note the correct value of δ 53Cr for
SRM979 is 0‰ (b) Cross plot between the 53Cr/ 52Cr ratio and 50Cr/ 52Cr ratio. (c) Cross
plot between 54Cr/ 52Cr ratio and 50Cr/ 52Cr ratio. (d) Cross plot between the 53Cr/ 52Cr
ratio and 54Cr/ 52Cr ratio. All show mass dependent fractionation.
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Standard δ 53Cr (‰)
SRM979 0.005 ± 0.012
SRM979 + 10 ng V 0.002 ± 0.012
SRM979 + 50 ng V -0.000 ± 0.013
SRM979 + 100 ng V 0.006 ± 0.013
Table 3.9 - δ 53Cr values of SRM979 standards spiked with varying amount of vanadium
single element spikes.
Standard δ 53Cr (‰)
Repeat 1 - Uncorrected -0.307 ± 0.010
Repeat 1 - Corrected -0.012 ± 0.012
Repeat 2 - Uncorrected -0.454 ± 0.012
Repeat 2 - Corrected -0.001 ± 0.011
Table 3.10 - Two repeats of SRM979 spiked with 100 ng of Fe. Uncorrected refers to raw
ratios being used to determine δ 53Cr without corrected for iron concentrations. Corrected
refers to the δ 53Cr value calculate after the correction outline in Equation 3.2
the element most prone to passing through the column procedure for Cr separation (Section
3.4.2.4), I found that increasing spiked concentrations of V had no effect on the δ 53Cr value
of the standard (Table 3.9).
A measurable Fe peak was observed at mass ∼55.9; this peak was focussed and aligned to
be measured alongside the Cr beams during routine analysis. The 56Fe beam was subsequently
monitored for all sample measurements since the 54Fe beam would be present over the same
mass range as the 54Cr beam, adding a small intensity to the beam. A correction can be
applied to remove the contribution of the 54Cr beam caused by Fe (Equation 3.2).
δ








I tested this correction on a sample containing 100 ng of spiked Fe and found it reproduced
the δ 53Cr value well (Table 3.10).
Iron appears to be ionised more efficiently at higher temperatures. Efforts were therefore
made to keep the temperature of ionisation as low as possible to prevent large uncertainties
from the correction. For smaller sample sizes (<100 ng), higher temperatures are necessary
to ionise all of the Cr from the filament, therefore the correction is larger (Figure 3.15).
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Fig. 3.15 - Intensity of the 52Cr, 54Cr and 56Fe beam over the measurement run of ∼50 ng
of SRM979 (the lowest sample sized measured). Temperature of the evaporation filament
increases throughout the run to maintain a consistent 52Cr beam. Note that the 54Cr and
52Cr beams stayed relatively constant until measurement 200 whilst the 56Fe beam slowly
increased. At measurement 200, all Cr is burnt off so the temperature markedly increases.
Accompanying this is a large increase in the 56Fe beam. The contribution of the 56Fe beam is
typically not as high as this in large sample sizes.
Aliquot size SRM979 (ng) δ 53Cr (‰)
500 0.006 ± 0.012
400 -0.007 ± 0.011
300 -0.008 ± 0.012
200 -0.005 ± 0.012
100 -0.010 ± 0.012
75 -0.020 ± 0.014
50 -0.029 ± 0.017
Table 3.11 - δ 53Cr measurements of varying aliquots of SRM979. Note that the aliquot size
refers to the amount of Cr mixed before processing and does not include the Cr added with
the double spike solution.
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3.4.7 Detection limit of Cr measurements on TIMS
To test the feasibility of low chromium sample analysis by TIMS, I tested the detection
limit of the analysis using between 50 ng and 500 ng of SRM979 standard. Even at 50
ng, a near-accurate isotope composition was measured (Table 3.11); a 3 V beam could be
sustained for roughly one hour of analysis. However, there does seem to be a slight trend
towards negative δ 53Cr values with decreasing sample size. This is most likely due to the
56Fe correction applied (Equation 3.2) or due to contamination by the 0–5 ng Cr blank during
processing.
3.4.8 Complete methodology and long term reproducibility of SRM979
and NIST3112a standards
This method of δ 53Cr analysis using TIMS relies on a modified combination of the column
preparation method of Moos and Boyle (2019) and the loading method of Trinquier et al.
(2008). A schematic outline of the full method is shown in Figure 3.16. This method produces
reproducible and accurate δ 53Cr for both isotopic standards and aqua regia leachates of salt
marsh pond sediments.
During each sequence, five SRM979 standards are run alongside sixteen samples. On
every third turret, I also ran a NIST3112a standard. Figure 3.17 shows the long-term
reproducibility of the δ 53Cr for these standards. The long-term value for SRM979 was
0.00±0.02‰ and for NIST3112a was -0.11±0.02‰. The offset between these two standards
are within uncertainty of both Schoenberg et al. (2008) and Zhu et al. (2018).
3.4.9 Section conclusions
In this section, I described the development of the method to measure Cr isotopes using
TIMS at the University of Cambridge. A modified version of the three-column approach used
in Moos and Boyle (2019) was employed to separate Cr from other matrix ions. After testing
a number of methods to load Cr onto filaments, I found the best approach was described in
Trinquier et al. (2008) which provided large, stable Cr isotope beams during analysis. The
largest problem during method development was that there was insufficient equilibration of
the double-spike solution and the samples/standards. This was solved by redissolving the
double-spike solution and sample/standards in 1 M HCl and mixing for three days at >100°C.
Using this method, I was able to reproducibly measure SRM979 and NIST3112a isotopic
reference standards to a sample size as small as 50 ng.
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Fig. 3.16 - Schematic showing the full methodology for chromium isotope analysis of samples
and standards using TIMS. See text for full description of the methods
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Fig. 3.17 - Long term reproducibility of δ 53Cr for SRM979 and NIST3112a over the course
of this project. Dashed line represents the mean δ 53Cr value of all measurements.
3.5 Implications for further chapters
The method described in this chapter to measure the trace element concentration of porewater
and sediments using ICP-MS was used to provide the preliminary concentration checks for
isotope analysis and other trace metal (e.g. Fe, Mn, Ti and V) concentrations in Chapter 4
and Chapter 5. The method described in this chapter for Cr isotope analysis was used to
measure the δ 53Cr of salt marsh pond sediments in Chapter 5. I next examine the behaviour
of the Mo and Cr in the two types of pond sediment present in East Anglian salt marshes in
an attempt to better understand the behaviour of these elements in different redox conditions.
Chapter 4
The Geochemical Behaviour of
Molybenum in Salt Marsh Pond
Sediments
The work presented in this chapter has been published under the title ‘Molybdenum Geo-
chemistry in Salt Marsh Pond Sediments’ in Geochimica et Cosmochimica Acta (Hutch-
ings et al., 2020). Alex Dickson developed the method to measure Mo isotopes at Royal
HoIloway, University of London. I conducted all fieldwork, laboratory work, data interpreta-




The work in this chapter examines the behaviour of molybdenum (Mo) in East Anglian salt
marsh pond sediments. I present a high-resolution record of Mo concentration data and
isotope measurements in the pore water and sediment in three different pond sediment cores.
I interpret this data using my understanding of the redox conditions in these environments
outlined in Chapter 2. The work conducted in this chapter provides a more mechanistic
understanding of the δ 98Mo isotope system with relation to redox conditions, which will aid
in interpreting the geological record.
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4.1.2 Molybdenum behaviour in aqueous environments
Molybdenum (Mo) (Mw = 95.95) is a redox sensitive trace metal which behaves differently
under oxic and sulfide-containing aqueous conditions (Kendall et al., 2017). In the modern
oxic ocean, Mo predominantly exists as the soluble molybdate ion (MoO2−4 ), which behaves
conservatively with a residence time of 440 kyr (Miller et al., 2011). Molybdenum is
much more efficiently scavenged under sulfide-containing aqueous conditions than under
oxic/anoxic conditions in the absence of sulfide. Consequently, enrichments of sedimentary
Mo in the rock record have been used to suggest water columns that are locally euxinic—
containing free aqueous sulfide (Reinhard et al., 2013; Scott and Lyons, 2012).
4.1.3 The δ 98Mo isotope system
The δ 98Mo isotope system provides further constraint on redox conditions which has been
used to understand paleoredox conditions in Earth history (Arnold, 2004; Dickson, 2017;
Goto et al., 2020; Kendall et al., 2017) and to trace modern biogeochemical redox reactions
(Skierszkan et al., 2019, 2017). The Mo isotope ratio is reported in delta notation relative to















No known chemical reaction preferentially removes heavier Mo isotopes to the sedi-
mentary phase, thus the δ 98Mo of sedimentary Mo is lower than the water from which it
derives, while residual porewaters have been observed to have a higher δ 98Mo (Kendall
et al., 2017; McManus et al., 2002; Nägler et al., 2011). As a consequence, seawater δ 98Mo
(2.3‰) is higher than any surface sediment signature (Nakagawa et al., 2012; Nägler et al.,
2011; Siebert et al., 2003). The process of Mo removal into sediments differs based on the
geochemistry of the water column, sediment, and the porewater, and each process imparts a
characteristic δ 98Mo into the sediment. These differences in sedimentary δ 98Mo allow us,
in theory, to distinguish between sediments deposited under different redox conditions.
4.1.4 Molybdenum and δ 98Mo behaviour in the absence of sulfide
In sedimentary environments where an aqueous, or dissolved, sulfide fraction (comprising
H2S, HS− and S2−) is absent in both the overlying water column and in the porewater, molyb-
date ions adsorb to Fe and Mn oxides present at the sediment-water interface. Molybdenum
4.1 Introduction 99
isotope fractionation occurs when a tetrahedral coordination of MoO2−4 in solution changes
to a distorted octahedral Mo-containing surface complex during adsorption (Wasylenki et al.,
2011). Different Mo isotope fractionation factors (∆98Mo) are associated with adsorption
to different Fe and Mn oxide minerals, the largest isotope fractionation being associated
with adsorption onto Mn oxides (∆98Mo = δ 98MoSeawater - δ 98MoMn−Oxide = 2.2–3.3‰)
(Barling and Anbar, 2004; Wasylenki et al., 2011). Molybdenum isotopic fractionation
during adsorption to Fe-minerals depends on the mineral in question, with Mo isotopic
fractionation factors ranging from ∆98Mo = 0.83‰ for magnetite (Fe3O4) up to ∆98Mo =
2.19‰ for hematite (Fe2O3 (Goldberg et al., 2009). Variations in the mineralogy of the iron
minerals have been posited as a potential driver for the range of δ 98Mo measured in bulk
oxic sediments (Goldberg et al., 2012). While oxic environments cover most of the modern
ocean floor (>80%), the slow rate of adsorption, combined with the propensity of Fe and Mn
oxides to be reduced and release any adsorbed Mo during sediment burial under reducing
conditions, means that oxic sediments play a disproportionately smaller role in removing
Mo from the modern ocean than their area would suggest (Reinhard et al., 2013; Scott and
Lyons, 2012; Shaw et al., 1990).
4.1.5 Molybdenum and δ 98Mo behaviour in the presence of sulfide
In the presence of aqueous sulfide, the molybdate ion (MoO2−4 ) is progressively thiolated to
oxythiomolybdate species (MoOxS2−4−x) and terminally to tetrathiomolybdate (MoS
2−
4 ) at a
rate of reaction on the order of hours, days, weeks and months for each sequential reaction in
Equation 4.2 respectively. At and above 11 µM H2S(aq), tetrathiomolybdate becomes the
dominant aqueous Mo species (Erickson and Helz, 2000).
MoO2−4 → MoO3S





While thiomolybdate species are more efficiently scavenged onto particles than molybdate
species, the pathway of sequestration of the various thiomolybdate species (Equation 4.2)
remains debated. Pyrite has been discounted as a major host for Mo in sediments, though Mo
could potentially adsorb to other sulfide-containing minerals (Chappaz et al., 2014). Organic
carbon and Mo have a strong empirical association (Algeo and Lyons, 2006; McManus
et al., 2006), which has led some authors to suggest that thiomolybdate is scavenged into
the sediment by organic matter (Dahl et al., 2017; Lyons et al., 2009). Other authors have
suggested this link may not be causal, and have instead advocated that the formation of an
iron-sulfur-molybdenum complex—which ultimately becomes sequestered as an FeMoS4
species—is the main output of Mo in euxinic sediments (Helz et al., 2011; Helz and Vorlicek,
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2019; Vorlicek et al., 2018). Regardless of the mechanism, the presence of aqueous sulfide in
porewaters causes dissolved Mo to be near-quantitatively removed to sediments, hence bulk
sediment δ 98Mo in sulfidic sediments tends to be higher than non-sulfidic sediments. Whilst
it was initially thought that dissolved Mo was quantitatively captured in euxinic environments,
it has since been shown that there is a limiting aqueous Mo concentration present dependent
on pH, sulfide concentration and availability of free iron (Helz et al., 2011). As such, the
δ 98Mo in sediment where aqueous sulfide is present in porewater can be up to 0.5‰ lower
than the dissolved δ 98Mo (Nägler et al., 2011).
4.1.6 Motivation for study
We still lack a fundamental understanding of the specific reaction pathways which determine
the sediment δ 98Mo in anoxic Fe/Mn dominated environments and in aqueous sulfide
dominated anoxic environments. Factors such as periodic water column redox changes,
particle reactivity in the water column and organic matter likely all play a role in the δ 98Mo
of the sediment that is ultimately buried (Dahl et al., 2010; Helz et al., 2011; King et al.,
2018; Scholz et al., 2018, 2013, 2017). In order to fully utilise the potential of the Mo isotope
and concentration proxy, we must first understand the behaviour of Mo in well constrained
redox environments.
For this study, I collected sediment cores from one pond identified as iron-rich, a second
pond identified as sulfide-rich and a third pond suspected to be an intermediate between iron
and sulfide pond chemistry. By using high resolution sediment and porewater measurements
of Mo concentration and isotopic compositions coupled with measurements of redox active el-
ements (e.g. Fe and S), I was able to understand both active geochemical processes (captured
by the porewater) and time integrated geochemical processes (captured by the sediment).
The objective was to determine how the behaviour of Mo is controlled by iron and sulfur
cycles in marine and marginal marine sediments. My hypothesis was that Mo concentrations
and isotopic composition would reveal the chemical and mineralogical reactions occurring in
salt marsh pond sediment that are not evident in iron or sulfur measurements alone.
4.2 Methods
4.2.1 Field site and sample collection
Cores for this work were collected at Abbotts Hall Farm salt marsh, Essex, UK (see Section
2.2.1 for site description). Ponds were selected based on the classification method outlined in
Chapter 2 (Figure 2.4). Pond sediment classified as iron-rich (sampled Nov. 2018), pond
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sediment classified as sulfide-rich (sampled May 2018) and pond sediment classified as
intermediate (sampled May 2018) (Figure 4.1). A wider core (ID = 102 mm) was used for all
sediment analysis, porewater major cation, porewater trace metal analysis and Mo isotope
measurements and a narrower core (ID = 65 mm) was used for porewater sulfur, iron, and
anion analysis. Once cores were placed, each could be lifted in turn without disturbing the
sediment or water within the other core.
Fig. 4.1 - Locations of three sediment cores taken in ponds on the salt marsh platform at
Abbotts Hall Farm, Essex.
Pond water overlying the pond sediment was collected from the three ponds during
the November 2018 sampling. The pond water was sampled at a later period due to the
extreme drying that occurred in the ponds during May 2018 sampling which resulting in
a <2 cm water column. I assume that, given the regular tidal flushing of these ponds (at
least monthly), only minor δ 98Mo distillation will occur over a year-timescale. The effect
of the near-complete evaporation of the pond water on the porewater results in May 2018 is
unknown. Acid cleaned 125 mL LDPE bottles were submerged and sealed under the pond
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water to ensure no air bubbles. Pond water was filtered within 24 hours and acidified with 1
mL of concentrated HNO3.
4.2.2 Porewater and sediment extraction
Roughly 15 mL of porewater was extracted for each sample from the core at 2 cm resolution
using Rhizons attached to a 5 mL syringe. Sediments were sampled using 2 mL cut syringes
at the opposite core edge prior to porewater extraction to prevent porewater mixing. All
sediments were digested immediately after extraction to prevent any further reaction with
remaining porewater.
4.2.3 Aqueous geochemical analyses
Dissolved iron, dissolved sulfide, major anions and sulfur isotopes were measured at the
University of Cambridge as described in Section 2.2.3. Major cation concentrations were
determined using ICP-OES (Agilent). Trace metal concentration analyses are described in
Section 3.3. The porewater pH was measured using a Mettler Toledo with a Five Easy plus
pH probe immediately upon extraction from the core to prevent CO2 degassing.
4.2.4 Sedimentary analyses
Weighed 500 mg aliquots of wet sediment were digested in 4 mL of concentrated aqua regia
for >24 hours at 115°C. Samples were centrifuged and the eluent was carefully pipetted for
analysis. For three samples in the iron-rich core, the adsorbed Mo fraction was leached from
1 g of wet sediment using 20 mL of 0.1 M phosphate solution. This mixture was shaken for at
least 24 hours, centrifuged, and the eluent was extracted. The remaining sediment was rinsed
with a (<1 mM) NaCl solution, centrifuged, and the eluent was discarded. The sediment
was left to dry overnight and weighed before being digested as per the method above. The
phosphate concentration used in this leaching step is well in excess of experiments where
>99% of Mo (as molybdate and thiomolybdate) was desorbed from goethite and >85%
was desorbed from pyrite as phosphate ions compete with molybdate/thiomolybdate for
surface sites on the mineral (Xu et al., 2006). Methods for determining sedimentary metal
concentrations in the leachate are described in Section 3.2.2.
A sediment core was taken from the iron-rich and sulfide-rich pond in May 2019 to
determine sediment mineralogy using X-Ray diffraction (XRD) at Royal Holloway, Univer-
sity of London (RHUL). It is assumed that the changes to the mineralogy of sediment are
minimal over the course of a year, given the slow accretion of salt marsh sediment. Since
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both the iron-rich pond sediment and sulfide-rich pond sediment did not appear to show any
large change in porewater chemistry over this sampling period, it seems unlikely authigenic
minerals would have changed significantly. Sediments were taken from a number of depths
and immediately transferred to an anaerobic glove box. A thin layer of sediment was smeared
on glass slides and left to dry under anaerobic conditions. Samples were measured by XRD
within 30 minutes of being removed from the glovebox. XRD was conducted on a Philips
PW1830 X-Ray diffractometer from 0-90 degrees. Mineral peaks were identified using
Match! software and mineral abundances were calculated using Rietveld analysis.
4.2.5 Mo isotope and concentration determination
Mo was purified from the sample matrix using the single anion exchange technique of Pearce
et al. (2009) as modified by Dickson et al. (2016) to separate Zn.
Sample preparation prior to column chemistry
The Mo concentration of all samples was measured by ICP-MS at the University of Cam-
bridge (described in Section 3.3) to ascertain the required spiking aliquot. Samples were
spiked with 100Mo-97Mo double spike for an optimal spike/sample ratio of 0.3 and refluxed
overnight before being evaporated to dryness. For sediment digests, 0.2 mL of concentrated
HCl was added to replace molybdenum nitrate salts (from the aqua regia digest matrix)
with molybdenum chloride salts and evaporated to dryness. Salts remaining from porewater
evaporation required redissolution in 3 mL of 4 M HCl for the same step. Samples were
re-dissolved in 6 mL 1 M HF/ 0.5 M HCl, refluxed for two hours to ensure dissolution and
centrifuged before being loading onto the columns. Centrifugation is required to prevent
calcium fluoride deposits from contaminating the columns.
Resin cleaning
Biorad Polyprep (2 mL bed volume) columns loaded with precleaned anion exchange (AG1-
X8) resin were used. To clean the column resin, I added in sequence: (1) 10 mL of 7.5M
double-distilled HNO3, (2) 6 mL of 4M double distilled HCl and, (3) 3 x 10 mL additions of
1M double-distilled HCl.
Column separation
Columns were preloaded with 2mL 1M HF/ 0.5M HCl before additions of the sample.
Samples were poured directly onto the column resin carefully to avoid adding the calcium
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fluoride residues at the base of the centrifuge tube. Major elements were eluted with (1)
8mL 1M HF/ 0.5M HCl and (2) 6mL 4M HCl. Zinc was eluted in 0.5M HF/ 0.1M HBr
before collection of molybdenum with 8mL 3M HNO3. Each sample was dried down and
re-dissolved in 3% HNO3; this is the ideal matrix for MC-ICP-MS analysis.
MC-ICP-MS analysis
The δ 98Mo was determined by MC-ICP-MS (Thermo Neptune Plus) at RHUL. Concen-
trations checks were performed on the purified Mo solutions. All samples and standards
were diluted to produce a 96Mo signal of 3V to prevent variations of δ 98Mo with varying
concentrations. Instrument parameters (e.g. cooling gas rates and lens positions) were tuned
prior to the start of every run to ensure beam stability. Spiked NIST-3134 standards were
run every three samples and a digested Open University (OU) solution Mo standard was run
every ten samples. These standards were used to correct for any instrumental drift which
occurred. The measurement on the OU standard was -0.12 ± 0.05‰ (2SD) based on 16
replicates which is in line with published values (Goldberg et al., 2013). For all runs, seawater
was within analytical uncertainty of the accepted seawater value (2.34 ± 0.10‰) (Nägler
et al., 2014) and procedural blanks were less than 1 ng. Reported Mo concentrations were
calculated by isotope dilution using the 100Mo-95Mo ratio. Double-spike deconvolution was
calculated using the same method as for Cr (Appendix A).
4.3 Results
4.3.1 Redox chemistry
Iron-rich pond sediment redox chemistry
Visible mineralogical changes (as seen in the colour of the sediment) in the iron-rich core
coincide with differences in porewater and sedimentary concentrations of Fe and Mn (Figure
4.2, Figure 4.3). I divided the iron-rich core into four zones separated by these coloured
boundaries (Figure 4.3). Dissolved sulfide is below detection limit in the iron-rich core and
SO4/Cl is marginally higher than in N. Atlantic seawater (Figure 4.2a). Dissolved ferrous iron
is relatively constant in Zones I and II (∼1 mM), increases in Zone III to ∼1.8 mM, before
decreasing to ∼0.2 mM from 20–30 cm (Zone IV) (Figure 4.2c). Sedimentary Fe contents
are highest at the surface and generally increase with decreasing porewater Fe(II) with depth
(Figure 4.2d). Iron mineralogy is a combination of ferrihydrite, pyrite, mackinawite, goethite,
and—in Zone 4 only—hematite (Figure 4.4a, Table 4.1). Dissolved Mn is considerably
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higher than in the other cores and increases from 0.02 mM to 0.14 mM by 27 cm depth
(Figure 4.2e). Sedimentary Mn is roughly 1000 times lower than sedimentary Fe (Figure
4.2f) and is characterised as birnessite (H2.72Mn0.5Na0.364O2.544) (Table 4.1).
Sulfide-rich pond sediment redox chemistry
Instead of the coloured zoning seen in the iron-rich core, the sediment in the sulfide-rich and
intermediate cores fades from black at the surface to dark grey at depth (Figure 4.3b). The
sulfide and intermediate cores have comparable porewater sulfide concentrations with a peak
at 5–10 cm between 5 and 9 mM and a decrease below this to ∼1 mM at 35 cm (Figure 4.2b).
The maximum porewater sulfide concentration is higher in the intermediate pond-sediment
than in the sulfide-rich pond sediment (9 mM and 5 mM respectively). The SO4/Cl ratio
decreases from seawater until a constant ratio is reached in both the sulfide-rich core and
intermediate core (Figure 4.2a). The constant SO4/Cl is lower and deeper for the sulfide-rich
pond (0.026) compared to the intermediate pond (0.032). Only trace amounts of ferrous iron
were detected in both cores and dissolved manganese concentrations are much lower than in
the iron-rich core (Figure 4.2c,e). Sedimentary Fe is roughly similar between the sulfide-rich
and intermediate core; there is a consistent increase with depth from 5 mg/g to ∼12 mg/g
(Figure 4.2d). Almost all of the sedimentary iron present in the sulfide-rich pond sediment
is present as a combination or pyrite and mackinawite (Figure 4.4b, Table 4.1). Similar to
the iron-rich pond sediment, birnessite (H2.72Mn0.5Na0.364O2.544) is the main Mn hosting
mineral.
4.3.2 Molybdenum concentration and isotopes
Iron-rich pond sediment
Both porewater Mo concentration and sedimentary Mo content decrease with depth in the
iron-rich core (Figure 4.5b). A large increase in sedimentary Mo content at 5–12 cm and
at 18–23 cm are observed with a noticeable increase in porewater Mo at the same depths.
Phosphate-leached sediment—theoretically removing any Mo adsorbed to the sediment (Xu
et al., 2006)—has a lower Mo content which decreases with depth from 1.1 µg/g at 0.5 cm to
0.6 µg/g at 28.5 cm. Porewater δ 98Mo is higher than sediment δ 98Mo at all depths (Figure
4.5a). Pond water δ 98Mo is within analytical uncertainty of seawater δ 98Mo and at all
depths, porewater Mo fluctuates around this seawater value. Below 18 cm, porewater δ 98Mo
anticorrelates with sedimentary δ 98Mo. Sedimentary δ 98Mo decreases from 1.65‰ (2.5 cm)
to 0.28‰ (24.5 cm) and increases again below this depth to 1.11‰ (30.5 cm) (Figure 4.5a).
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Fig. 4.2 - Geochemical data for the iron-rich, sulfide-rich and intermediate cores: a) Dis-
solved SO4/Cl ratios. Blue dashed line indicates typical seawater values. b) Dissolved sulfide
concentrations. c) Dissolved Fe2+ concentrations. d) Sedimentary Fe content. e) Dissolved
Mn in porewaters. f) Sedimentary Mn content. The analytical error bars for these analyses
are smaller than the data symbols used.
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Fig. 4.3 - a) Photo showing the visible redox zonations of the iron-rich pond sediment core
before extraction of porewaters and sediment. b) Photo of the sulfide-rich pond sediment core
before extraction of porewaters and sediments. The intermediate pond sediment was near-
identical in appearance to the sulfide-rich pond sediment. Brightness has been increased in
both photos to make the zones appear more clearly.
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Fig. 4.4 - Rietveld analysis of XRD mineralogical data for pond sediments analysed at
various depths in the (a) iron-rich pond sediment and (b) sulfide-rich pond sediment. Only
Fe and Mn oxides are shown here (full mineralogical assemblage is given in Table 4.1).
Abundances are corrected for the removal of evaporitic salt minerals (MgSO4 and KCl)
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Fig. 4.5 - Composite plot for all Mo concentration and isotope data from the iron-rich, sulfide-
rich and intermediate pond sediments. For all plots, the solid blue line indicates typical
seawater values and the shaded light blue line refers to the uncertainty on the seawater
δ 98Mo value (±0.10‰) (Nägler et al., 2014). Uncertainty on δ 98Mo of the samples is
±0.06‰ which is within the area of the sample squares. Sediment and porewater δ 98Mo
from the (a) iron-rich pond, (c) intermediate pond and, (e) sulfide-rich pond. Leached
sediments were sediment samples treated with 0.1 M phosphate solution (red symbols).
Sediment Mo content (bottom axis) and porewater Mo concentration (top axis) in the (b)
iron-rich pond sediment, (d) intermediate pond sediment and, (f) sulfide-rich pond sediment.
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Sulfide-rich pond sediment
Porewater Mo concentration and δ 98Mo differs between the sulfide-rich core and the inter-
mediate core despite both having high concentrations (up to 10 mM) of aqueous sulfide and
similar porewater sulfide profiles. In the sulfide-rich core, porewater Mo concentration de-
creases from 40 ppb at the surface to <1 ppb at 35 cm (Figure 4.5f). Concurrently, porewater
δ 98Mo also decreases from 2.2‰ to -2.0‰, a large range encapsulating the range of δ 98Mo
in nearly all known environmental samples (Figure 4.5e).
In the intermediate core, porewater Mo concentration drops below 3 ppb and mean
δ 98Mo is 0.00±0.50‰ between 4 and 14 cm (Figure 4.5c,d). From 15–25 cm, there is a large
increase in porewater Mo concentration to ∼101 ppb (over 8x that of seawater). This increase
is associated with an increase in porewater δ 98Mo to 0.5–1.5‰. Below this depth, porewater
Mo concentration decreases to 8 ppb with a δ 98Mo of 1.4‰. There is a similar sedimentary
content (4 µg/g) of Mo at 15–20 cm in both the sulfidic and intermediate cores. Sediment
δ 98Mo ranges from 0.98–1.92‰ (mean = 1.64‰) and 1.41–1.87‰ (mean = 1.67‰) in the
sulfide-rich core and intermediate core respectively (Figure 4.5c,e).
4.4 Discussion
In this discussion, I first consider the chemical reactions and Mo isotope fractionation in
the iron-rich pond sediment. I then compare the geochemistry of the two ponds termed
‘sulfide-rich’ and ‘intermediate’, which contain comparable levels of porewater sulfide. If
pond sediment chemistry is changing from initially iron-rich to sulfide-rich as previously
hypothesised, there is a chance that the two different sulfide-containing pond sediments may
capture different stages in this transition. Finally, I compare sediment δ 98Mo in the iron-rich
pond sediment with the sulfide-rich pond sediment to understand the role of diagenesis on
the sediment δ 98Mo.
4.4.1 Molybdenum behaviour in the iron-rich pond sediment
Four different redox zones are found in the iron-rich pond sediment; the colour in each
zone is controlled by the mineralogy of iron in the sediment which, in turn, relates to the
overall redox state in each of the zones (Figure 4.2, Figure 4.3). Differences in porewater
and sediment Mo and their corresponding δ 98Mo track these redox zones closely (Figure
4.5a,b). At all sampled depths, porewater δ 98Mo is higher than sediment δ 98Mo.
Since dissolved sulfide concentrations are less than 1 µM in the iron-rich pond sediment,
the dominant aqueous Mo species present in these iron-rich sedimentary porewaters will
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be MoO2−4 (Erickson and Helz, 2000). High dissolved Fe
2+ concentrations prevent the
accumulation of aqueous sulfide in these sediments as any sulfide generated through transient
microbial sulfate reduction will be rapidly titrated by the excess dissolved iron to form iron
sulfide species (Canfield et al., 1992). I surmise that Fe-oxides are likely to be the species
which scavenge the majority of MoO2−4 , despite the presence of Mn-oxides, because the
sedimentary content of Fe is 500 times higher than Mn (Figure 4.2). Additionally, sedimentary
δ 98Mo increases with decreased dissolved Mn concentrations (r2 = 0.819)—the opposite
direction to what would be expected if Mn oxides were influencing δ 98Mo (Figure 4.6)
(Wasylenki et al., 2011). The following sections describe the potential reactions occurring in
each of the sedimentary zones visible in Figure 4.3a.
Fig. 4.6 - Cross-plot of dissolved porewater Mn concentration (ppm) against the δ 98Mo of
the sediment (‰). Dashed line shows a linear regression of the data. r2 shown on the plot.
Zone I: Surface sediment
At the sediment surface (0–2 cm depth), the reaction of ferrous iron with oxygen produces a
reddish, iron oxide rich layer comprising minerals such as ferrihydrite and goethite (Zone I –
Figure 4.3a, Figure 4.4a). The MoO2−4 ion from seawater, in the overlying pond water, will
be adsorbed as a polymolybdate complex onto these minerals at the sediment-water interface
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(Wasylenki et al., 2011). Adsorption to Fe oxides is supported by the fact that the phosphate-
stripped sediments (removing the adsorbed fraction from sediments) contain significantly
(∼50%) less Mo than the same sample that was only digested in aqua regia. Furthermore,
the ∆98MoPW−Sed = 1.0‰ in Zone I is similar to the Mo isotope fractionation factor during
adsorption of Mo to ferrihydrite (1.11 ± 0.15‰, (Goldberg et al., 2009)) and is similar to
the offset recorded by surface ferruginous sediments underlying Peruvian seawater (between
0.82 to 1.04‰ lower than seawater δ 98Mo) (Scholz et al., 2017). Regular flushing of pond
water with seawater prevents any increase in δ 98Mo of the pond water by isotopic distillation,
so the pond water retains a δ 98Mo signature similar to that of seawater. I therefore expect
the surface sediment δ 98Mo would have a consistent offset from pond water δ 98Mo through
time.
Zone II: Bioirrigated portion of sediment
Mineralogical analysis (XRD) suggests that the sediment in Zone II, beneath Zone I, contains
significant concentrations of pyrite and mackinawite (Figure 4.4a), staining the sediment
black (Figure 4.3a). Iron redox cycling is facilitated in the sediment by the bioirrigation of
burrowing macrofauna (See Section 2.4.2 for a full description of the process); evidence for
this cycling comes from the presence of amorphous iron (oxyhydr)oxides (e.g. ferrihydrite
(Figure 4.4 – 10 cm)) around the lining of worm burrows (Figure 2.12). This process gives
the geochemical impression that iron reduction is limited since porewater Fe2+ is lower in
Zone II (Figure 4.2c). I propose that MoO2−4 tracks this iron cycle as it would be recurrently
desorbed and reabsorbed onto Fe3+-containing minerals which are being reduced and then
reoxidised respectively (Figure 4.7). This zone has a constant sediment δ 98Mo (∼1.4‰),
similar to the surface sediment, implying that the molybdate ion adsorbed to the sediment
phase is effectively ‘well mixed’. This suggests that the residence time of the molybdate ion
in the Zone II porewater is much shorter than the sedimentation rate, or other changes to the
sedimentary redox zonation.
The higher sedimentary Mo observed in Zone II (Figure 4.5b) occurs as a result of
this iron redox cycling. Below Zone II, the absence of bioirrigation means that there is no
mechanism to reoxidise Fe2+ and therefore less Fe3+-containing minerals are present to
adsorb any desorbed molybdate. As desorption of molybdate is greater than adsorption of
molybdate in Zone III, there will be a net transfer of molybdate from the sediment phase to the
dissolved phase. This dissolved porewater molybdate will diffuse upwards into Zone II, where
the greater presence of Fe3+-containing minerals would re-adsorb it and thus concentrate
sedimentary Mo. This is a more reasonable explanation for the peak of sedimentary Mo
in Zone II than such a large change in the Mo capture rate at the sediment surface with
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Fig. 4.7 - Schematic of processes affecting Mo behaviour in Zone II of the iron-rich pond
sediment. Molybdate is directly adsorbed from seawater onto iron and manganese oxides.
When sedimentary Mo reaches Zone II, the molybdate ion will be desorbed and resorbed onto
the Fe3+ minerals (e.g. Fe(OH)3) as they are dissolved and re-precipitated respectively. This
active iron cycling is set up due to bioirrigation caused by worms in the sediment sub-surface.
Only molybdate adsorbed to species which are not bioavailable for iron reduction will be
buried below Zone II into Zone III, hence sedimentary Mo content becomes enriched in Zone
II.
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time. This process is particularly interesting since high sedimentary Mo contents are most
commonly associated with euxinic conditions, although some combination of environmental
conditions have been previously observed to produce increased Mo content in the absence
of aqueous sulfide (Scholz et al., 2017). When corrected for porosity (Figure 3.1), the high
sedimentary Mo content in Zone II—in the absence of aqueous sulfide—is comparable to
the enrichments of Mo in geological samples recording euxinic environments. This porosity
correction is necessary since the sediment contents reported in this chapter correspond to
wet, unconsolidated sediments as opposed to the dry rock powders reported in rock record.
I acknowledge that in order for these elevated sedimentary Mo contents in the salt marsh
sediments to be preserved however, there would have to be some mechanism (such as an
increase in the sedimentation rate) which would prevent sedimentary Mo from being affected
by further iron cycling.
Zone III: Sediment beneath the zone of bioirrigation
In Zone III, the reduction of Fe3+-containing minerals causes the release of adsorbed molyb-
date to the porewater, where it can subsequently diffuse away. This process is observed
in the sharp decline of sedimentary Mo content between Zones II and III (Figure 4.5b). I
suggest that the δ 98Mo of the remaining sediment is lower in this zone as the more labile, or
microbially accessible, Fe3+ phases are first reduced, leaving behind Fe3+ phases which are
more crystalline and resistant to bacterial iron reduction. There is a notable change in the Fe
mineralogy with depth, from a ferrihydrite-goethite rich assemblage (less crystalline) at ∼15
cm depth, to one dominated by hematite (more crystalline) at ∼25 cm (Figure 4.4a). Less
crystalline iron minerals, such as ferrihydrite (∆98MoFluid−Mineral = 1.1‰) typically have
higher δ 98Mo than more crystalline iron minerals, such as hematite (∆98MoFluid−Mineral =
2.2‰) (Goldberg et al., 2009). The decrease in sediment δ 98Mo from Zone II to Zone III is
therefore readily explained by this change in Fe mineralogy.
Zone IV: end of pond influenced sediment
The gravelly texture of Zone IV suggests that this may be the onset of the glacially derived
material that underlies the silty muds characteristic of the salt marsh sediment at this location
(Bristow et al., 1985). In this zone, the sediment δ 98Mo increases with depth whereas the
porewater δ 98Mo decreases. These changes could be due to the presence of less crystalline
Fe minerals (Goldberg et al., 2009), though this is not supported by XRD data (Figure 4.4a,
Table 4.1). Porewater δ 98Mo may also be influenced by mixing with some groundwater
flow below Zone IV. The presence of subsurface flows beneath salt marsh sediment has been
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suspected but the nature of the fluid remains enigmatic (Antler et al., 2019; Hutchings et al.,
2019; Mills et al., 2016).
4.4.2 Molybdenum behaviour in sulfide-rich pond sediment and inter-
mediate pond sediment
Lower Mo concentrations in the porewaters of sulfide-rich ponds are explained by the rapid
thiolation of molybdate species with aqueous sulfide and the subsequent scavenging of these
thiolated species (Equation 4.2). Other than a near-surface difference, the deeper porewater
aqueous sulfide concentrations are similar in both the intermediate and sulfide-rich pond
sediments, meaning sulfide concentrations alone would not allow us to identify geochemical
differences between these two pond sediments (Figure 4.2c).
Model to test the effect of an Fe-Mo-S mineral phase on porewater Mo concentrations
The chemical reactions sequestering Mo in sediment where aqueous sulfide is present in the
porewater are debated (Helz and Vorlicek, 2019). One posited phase which could host Mo in
such sediments is an Fe-Mo-S mineral with the empirical formula FeMoS4 (jordisite), a phase
which has been identified using X-ray absorption spectroscopy (Vorlicek et al., 2018). To test
the likelihood of FeMoS4 as a host phase, I used the model described in Helz et al. (2011) to
predict porewater Mo concentrations if porewater Mo is assumed to be in equilibrium with
FeS and an Fe-Mo-S mineral phase. The model uses measured values of ionic strength, Ca
and Mg activity, total dissolved sulfide and the pH of the solution to predict dissolved Mo
concentrations, as has been previously done in lake environments (Helz et al., 2011). This
model is valid for these sedimentary environments if it is assumed that the rate of transport
of Mo, thought to be mostly diffusive, is slower than the thermodynamics needed for the
formation of of the Fe-Mo-S mineral phase.
Porewater Mo behaviour in sulfide-rich pond sediment
The model predicts porewater Mo concentrations similar to the measured values between
5 and 25 cm in the sulfide-rich pond sediment (Figure 4.8a). This match coincides with a
portion of the sediment core where sediment δ 98Mo and porewater δ 98Mo are very similar
(Figure 4.5e). If the model is correctly predicting that porewater Mo in this part of the
sediment core is being controlled by solubility with an Fe-Mo-S mineral phase, then the
similarity between the sediment and porewater δ 98Mo can be explained in one of two ways.
First, if there is an Mo isotope fractionation factor associated with this chemical equilibrium,
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Fig. 4.8 - a) Calculation of Mo concentration in porewaters using the model described in
Helz et al. (2011) for aqueous systems in equilibrium with an Fe-Mo-S phase within (a) the
sulfide-rich core and (b) the intermediate core. Ionic strength, Ca and Mg activities, pH and
sulfide concentrations are used to predict porewater Mo concentrations. Error bars display
model output assuming 0.1 pH uncertainty, since the pH determination had the largest source
of measurement error in the model. For full model details, see Tables E.27 and E.28 and
Helz et al. (2011).
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dissolved Mo in association with an Fe-Mo-S mineral phase could have a δ 98Mo value
fortuitously similar to the bulk sediment δ 98Mo. This would require other Mo-hosting
phases to be present in the sediment which were not interacting with the porewater Mo that
would prevent the sediment δ 98Mo from changing significantly. An alternate explanation is
that when dissolved Mo is controlled by association with an Fe-Mo-S mineral phase, any
mechanism which operates between the sediment and dissolved phase does so with negligible
equilibrium isotopic fractionation. For this to be true, equilibrium isotopic fractionation
would have to be sufficiently slow to prevent an isotopic offset being generated between
porewater and sediment. This, combined with rapid dissolution and re-precipitation of the
Mo species at various nucleation points, could prevent significant net isotopic fractionation.
While the specifics of this mechanism are not known, the data presented here suggests that
that in environments where porewater δ 98Mo follows sediment δ 98Mo closely with depth,
this may reflect a system where porewater Mo is in chemical and isotopic equilibrium with
an Fe-Mo-S phase.
Since pH in the model has a disproportionately large role in determining Mo concentration,
the model overestimates the amount of dissolved Mo present below 25 cm depth (Helz et al.,
2011) (Figure 4.8a). The low concentrations (∼0.5 ppb) of measured dissolved Mo below
25 cm depth have the lowest δ 98Mo measured in this study and may reflect the fluctuations
of the depth of the redox boundary between iron reduction and sulfate reduction. Deeper
sediments recovered from sulfide-rich ponds contain a boundary where aqueous sulfide
becomes depleted and ferrous iron becomes present, presumably marking the end of the zone
in which sulfate reduction outcompetes iron reduction (e.g. Figure 2.14). If this boundary
depth changes during seasonal variations in the intensity of microbial sulfate reduction, the
sulfide and ferrous iron concentration of porewater in this portion of the sedimentary column
is likely to vary. The rapidity of these changes could produce intermediate thiomolybdates
(MoO3S2−, MoO2S2−2 and MoOS
2−
3 ) with lower δ
98Mo which could become scavenged and
released later. This effect could temporarily produce porewater δ 98Mo lower than sediment
δ 98Mo. The transient dissolution of such low concentrations of intermediate thiomolybdates
would only minimally affect the recorded sedimentary δ 98Mo.
Porewater Mo behaviour in intermediate pond sediment
In the intermediate core at depths below 25 cm, similarity between porewater and sediment
δ 98Mo suggests that porewater could be associated with an Fe-Mo-S-containing phase,
similar to the sulfide-rich pond sediment (Figure 4.5c), however the model underestimates the
dissolved Mo concentration (Figure 4.8b). This discrepancy may represent analytical errors
on the measured pH which, as mentioned above, has a large effect on the predicted dissolved
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Mo (Helz et al., 2011). There may also be ligands—not considered in the model—which
stabilise thiomolybdate ions in the dissolved phase. At depths shallower than 25 cm the
model completely fails to predict the dissolved Mo profile (Figure 4.8b). In particular, a peak
in porewater Mo concentrations between 18–24 cm, over eight times seawater concentration,
cannot be explained by solubility equilibrium with an Fe-Mo-S phase. I suggest that this peak
of dissolved Mo reflects the release of adsorbed Mo during the sulfide-induced reductive
breakdown of residual iron and manganese oxides which were formed when the pond
sediment was initially iron-rich. The depth at which dissolved Mo concentrations are highest
(23 cm) would therefore reflect the active dissolution zone. I expect that this dissolution
front progresses downwards through the sediment as sulfide concentrations increase in the
porewater from the surface sediment downwards with time. Upon release, the desorbed
molybdate ion would be rapidly converted to thiomolybdate whilst concurrently diffusing
away from the zone of peak dissolution. Consistent with this interpretation, δ 98Mo of the
porewater at the depth where Mo concentrations are highest (0.63 ± 0.14‰) is similar to
the sediment δ 98Mo signature recorded at the same depth (0.83‰) in the iron-rich pond
sediment.
Removal of thiomolybdates through particle reactivity appears most effective from 5–15
cm in the intermediate core—the depth that coincides with the highest aqueous sulfide
concentrations. As porewater Mo concentrations are below what is predicted for equilibrium
with an Fe-Mo-S phase, I hypothesise that either the thermodynamic model for Fe-Mo-S
breaks down at higher aqueous sulfide concentrations or some other species—possibly the
iron-sulfide minerals present (Figure 4.4b) or organic matter—is helping to facilitate more
effective sequestration of thiomolybdate. Two possible mechanisms could cause the low
δ 98Mo in porewater located at this depth: (1) the dissolution of manganese oxides in the
presence of aqueous sulfide which would release isotopically low (-0.7‰) molybdate or,
(2) the formation of intermediate thiomolybdate species during a rapid change in sulfide
concentrations. Since the porewater Mo concentrations are so low in this part of the sediment,
even small changes in thiomolybdate speciation could cause a relatively large change in the
δ 98Mo of the porewater. Regardless of the mechanism, the lower δ 98Mo of the porewater
than that of the sediment suggests a temporal decoupling of the processes governing sediment
and porewater isotopic compositions.
4.4.3 Bulk sediment Mo behaviour in pond sediments
Higher sedimentary Mo contents have been used to identify sulfidic environments in the geo-
logical record (Scott and Lyons, 2012). In this study, the total Mo content is not significantly
different between iron-rich and sulfide-rich pond sediments (Figure 4.5b,d,f). This is because
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ponds are relatively short-lived systems with seawater Mo being the only input. Therefore,
even if there is a rapid uptake of Mo from the overlying pond water, there is not enough time
to significantly capture Mo in the sulfide-rich sediments over their iron-rich counterparts.
Whereas the iron-rich pond sediment contains a localised high content of sedimentary Mo
from 5–15 cm due to active iron cycling (see above), sedimentary Mo is more constant with
depth in the pond sediments containing aqueous sulfide. I hypothesise that this constancy is
due to the redistribution of Mo as iron oxides are dissolved.
Sediment δ 98Mo in restricted basins with a water column containing >11µM dissolved
H2S, such as the Black Sea, have been shown to record the δ 98Mo of the input seawater flux
(Neubert et al., 2008; Nägler et al., 2011). In these environments, where the water column
above the sediment is restricted, isotopic distillation of the Mo in the water column causes
water-column δ 98Mo to increase above typical seawater values (>2.8‰ in the Black Sea) and
thus the sediment δ 98Mo evolves by Rayleigh fractionation to approach the initial seawater
input value. For isotopic distillation of the water column to occur, the sequestration rate of Mo
must therefore be greater than the rate in which fresh Mo (with a seawater δ 98Mo value) is
replenished in the above water column. The short residence time (days–months) of the water
column in the Norfolk ponds means that the seawater δ 98Mo is not recorded in the sediment
δ 98Mo; instead, sediment δ 98Mo is more consistent with continental margin sediments
where the overlying water column is less restricted (Poulson et al., 2006; Poulson-Brucker
et al., 2009). The consistent replenishment of seawater to the pond prevents distillation of
the pond water δ 98Mo signature (i.e. the replenishment rate is faster than the sequestration
rate). The offset that is proposed to exist during sequestration of thiomolybdate species
(∼0.7‰) is therefore expressed, and the sediment δ 98Mo remains lower than the seawater
δ 98Mo (Nägler et al., 2011). It is therefore likely, that the δ 98Mo of sediment in contact with
aqueous sulfide lies on a continuum between 1.6‰ and 2.3‰, with lower δ 98Mo associated
with more regular flushing of the overlying water (Brüske et al., 2020; Dickson et al., 2014;
Dickson, 2017).
4.4.4 Early diagenetic overprinting of sediment δ 98Mo
The average sediment δ 98Mo is higher in the sulfide-rich (1.65‰) and intermediate sediment
core (1.67‰) compared to the iron-rich sediment core (1.10‰). Given that all ponds in the
salt marsh are hypothesised to have had initially iron-rich sediment chemistry, I suggest
that the δ 98Mo of the pond sediment reflects the degree of diagenetic overprinting caused
by exposure to aqueous sulfide contained in the porewater over time. As described above,
when aqueous sulfide becomes present in porewaters, molybdate ions previously adsorbed to
Fe-oxides are released as the iron minerals are reductively dissolved (creating localised peaks
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in pore fluid Mo). As the desorbed molybdate diffuses away and is recaptured elsewhere in
the sediment column, the low δ 98Mo associated with the adsorption of Mo to iron minerals is
distributed across the sediment column. As the pond sediment ages, the presence of aqueous
sulfide will continually capture Mo from pond water with a higher δ 98Mo than when the
pond sediment contained no aqueous sulfide. The redistribution of sedimentary Mo during
the breakdown of iron minerals acts as a mechanism to mix Mo throughout the sediment
column and accelerates the isotopic overprinting process. This overprinting process will
continue until the original lower pond sediment δ 98Mo present when the pond sediment
was iron-rich is completely diluted by the Mo captured in the presence of aqueous sulfide
(Figure 4.9). At this point, a constant sediment δ 98Mo profile with depth corresponding
to the capture of thiomolybdate species (1.6–1.8‰) would be expected. This mechanism
can explain the δ 98Mo measured in sediments in the sulfide-rich and intermediate cores.
Above 15 cm, a constant δ 98Mo reflects the capture of thiomolybdate species. Below 15–20
cm in both sediment cores, the sediment δ 98Mo is lower by roughly 0.3–1‰. This likely
reflects mixing between residual molybdate ions adsorbed to iron oxides and the newly added
tetrathiomolybdates and intermediate thiomolybdate species.
These results suggest sedimentary δ 98Mo can be overprinted if the redox chemistry of
the sedimentary system changes during early diagenesis. Original redox conditions which
would be classified as ‘ferruginous’ are overprinted when porewaters become enriched in
aqueous sulfide. The implication of this diagenetic change is that geochemical conditions
recorded at the time of deposition are not preserved if there is an authigenic redistribution of
the Mo and/or a change in the mechanism which captures dissolved Mo into sediment. East
Anglian salt marsh ponds appear very susceptible to this geochemical transition, likely due
to the close energy availability between sulfate reduction and iron reduction at circumneutral
pH (Bethke et al., 2011).
4.5 Conclusions
These salt marsh systems provide a well characterised redox environment to study Mo
behaviour. High resolution measurements of both porewater and sediment Mo are used to
isolate individual mechanisms affecting Mo behaviour during diagenesis. Porewater Mo
tracks diagenetic redox zones clearly in iron-rich pond sediments, and lower (0.5–1‰)
sedimentary δ 98Mo signatures are recorded at depth. Bioirrigation in these ponds can
enrich the sediment with Mo and extend the δ 98Mo signature acquired at the sediment-water
interface to sediments as deep as the limit of bioirrigation.
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Fig. 4.9 - Composite sediment δ 98Mo data and accompanying schematic showing the effect
of diagenetic overprinting on the sedimentary δ 98Mo signature. a) Comparison of δ 98Mo in
sediments from the three ponds. Blue dashed line represents seawater values. b) Schematic
describing the temporal evolution of sediment δ 98Mo in pond sediments in East Anglian
salt marshes. The sediment δ 98Mo profile follows the behaviour of iron-rich pond sediment
(red solid line) until sulfate reduction becomes the dominant metabolism. At this point, the
sediment δ 98Mo at all depths will become higher due to overprinting since sulfide-rich
conditions sequester higher δ 98Mo. Sediment δ 98Mo will therefore lie somewhere in the pink
shaded zone (defined as intermediate states). Over time, overprinting of the sediment δ 98Mo
will be complete, and a constant δ 98Mo will be expected around 1.7±0.1‰, a value typical
of sediments with high aqueous sulfide in the porewater phase (Kendall et al., 2017).
4.6 Implications for further chapters 123
Differences in porewater Mo and its associated δ 98Mo reveal geochemical differences
between two pond sediments with similar dissolved sulfide concentrations. In the intermediate
pond sediment, porewater enrichments of Mo and decoupled porewater and sediment δ 98Mo
suggest active redistribution of Mo as Fe and Mn oxides are broken down during diagenesis
which releases the previously adsorbed molybdate ions. In sulfide-rich pond sediment, in the
absence of reducible Fe and Mn oxides, the majority of Mo has already been sequestered as
an Fe-Mo-S mineral phase so porewater Mo is controlled by solubility with this phase. This
argument is supported by both predictions from the model described in Helz et al. (2011)
and by similarities between sediment and porewater δ 98Mo occurring because of solubility
equilibrium.
Sedimentary δ 98Mo is higher in pond sediments containing aqueous sulfide than in pond
sediments containing ferrous iron. Given that iron-rich ponds transform to sulfide-rich ponds,
differences in δ 98Mo must reflect overprinting of the sediment Mo. This effect is expected to
be more rapid where residence time of Mo is shorter in the overlying water column. I suggest
that soft sediment diagenesis needs to be considered when interpreting δ 98Mo in past and
present systems.
4.6 Implications for further chapters
This chapter provides proof of concept that a high-resolution record of porewater and
sediment in these pond sediments can elucidate how isotope systems behave under certain
redox conditions. Rather than being directly influenced by redox conditions in the sediment,
the behaviour of Mo instead depends on the redox cycling of Fe, Mn and S. As such, Mo
appears to be capable of tracing the process of redox change in a sedimentary environment (i.e.
the breakdown of iron oxides by sulfide) that has not been possible using solely sulfur-species
measurements.
The behaviour of Cr (examined next in Chapter 5) differs from Mo in that Cr reacts
directly to redox changes in the sedimentary environment and is largely associated with
Fe mineralogy. As such, by understanding both Mo and Cr, I should be able to elucidate








In this chapter, I will explore the fate and behaviour of Cr in these salt marsh sediments,
building on the knowledge I gained in Chapter 2 and Chapter 4. As the Cr isotopic composi-
tion of sedimentary rocks is increasingly being applied as a paleoredox proxy, interaction
between the oceanic reservoir and sediments are of fundamental importance if we wish to
infer the processes which govern the final Cr isotope signature recorded in sedimentary
rocks. A particular lack of understanding hitherto is how δ 53Cr may be affected during
early diagenesis, which may have implications for how we interpret the paleoredox record.
All δ 53Cr values reported in this chapter were measured using the methods developed in
Chapter 3.
5.1.2 Chromium isotope system
The introduction for this chapter will summarise the literature on the geochemistry of Cr, the
uses of the Cr isotope system and the cycling of Cr in natural systems. When referring to
an isotopic fractionation factor (ε) in this chapter, I am referring to the difference between
the δ 53Cr of the product and the δ 53Cr of the reactant (Equation 5.1). This can be related to
another commonly used term in isotope literature—(α) (Equation 5.2). This term expresses
the magnitude of an isotopic effect with reference to the raw 53Cr/52Cr ratios of the product
and the reactant (Equation 5.3).
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ε = δ 53CrProduct −δ 53CrReactant (5.1)












There have been two main applications of the Cr isotope system so far: (1) using δ 53Cr
in the rock record to infer past paleoredox conditions and (2), using δ 53Cr to trace Cr
reduction in contaminated areas. The major appeal for the Cr isotope proxy is that isotopic
fractionation occurs predominantly due to changes in the redox conditions of the environment,
whereas other mechanisms (adsorption and dissolution) have relatively minor roles in isotope
fractionation. This means that Cr isotope ratios are a powerful tracer of the redox behaviour
of Cr, and thus the paleoredox conditions of an environment.
5.1.3 Chromium oxidation states in aqueous environments
Chromium exists predominantly in two oxidation states, Cr(III) (charge = +3) and Cr(VI)
(charge = +6), depending on the pH and Eh conditions of a system (Figure 5.1) (Rai et al.,
1989). Oxidised Cr (Cr(VI)) is soluble in oxidising aqueous conditions and forms one of
three species: chromate (CrO2−4 ), dichromate (Cr2O
2−
7 ) or hydrogen chromate (HCrO
−
4 )
(Kitchen et al., 2012), the relative proportions of which depend on the pH conditions of the
solution (Palmer and Pulis, 1994). In contrast, Cr(III) is present in reducing conditions as
species such as Cr3+, Cr(OH)+2 and Cr(OH)3; these species are largely insoluble and are
readily adsorbed to common environmental solid surfaces (e.g. iron minerals and organic
matter) (Rai et al., 1987). A small amount of Cr(III) can be solubilised if ligands—most
commonly organic ligands—form a complex with the Cr(III) ion (Puzon et al., 2005).
5.1.4 Cr isotope fractionation associated with redox and non-redox
processes
Chromium isotope fractionation associated with Cr(VI) reduction
The reduction mechanism of Cr(VI) to Cr(III) involves the transfer of three electrons and a
coordination change of the atomic structure of the molecule. The equilibrium Cr isotopic
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Fig. 5.1 - Eh/pH diagram showing aqueous Cr speciation over a range of oxidation and pH
conditions. This does not take into account the effect of environmental ligands other than the
OH− ion. Taken from Lukman et al. (2014).
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fractionation factor for Cr(VI) reduction, as determined through theoretical calculations, is
large due to the stability of the Cr-O bonds in the (di)-(hydrogen)-chromate species (-6 to
-7‰) (Schauble et al., 2004). However, for thermodynamic isotopic equilibrium, the forward
and backward rates of the reaction must be equal but non-zero, thus the kinetic inhibition
of the Cr(III) oxidation step makes equilibrium isotope fractionation largely unobtainable
in environmental settings (Joe-Wong and Maher, 2020). Almost all changes in isotope
fractionation observed during Cr(VI) reduction are therefore the result of kinetic isotopic
fractionation—the process where a unidirectional chemical reaction subtly discriminates
between the higher and lower mass isotopes. For Cr reduction, like the majority of elements,
the lower mass 52Cr forms slightly weaker Cr-O bonds in the chromate ion, thus these are
preferentially broken over the 53Cr-O bonds. Cr(III) products consequently have a lower
δ 53Cr whilst the residual Cr(VI) has a higher δ 53Cr.
The direction of the kinetic isotope fractionation for Cr is the same as the theoretically
predicted equilibrium isotope fractionation, but the magnitude is lower (Joe-Wong and Maher,
2020). There are however, large variations in the degree of Cr isotopic fractionation depending
on the associated reductant (e.g. aqueous Fe(II) vs organic acids) which would suggest the
mechanism of reduction differs among the various reductants (Table 5.1). In addition, the
pH of the solution, the concentration of the Cr(VI) in the starting solution and the rate of
reduction may all affect the observed isotope fractionation during Cr(VI) reduction (Døssing
et al., 2011; Joe-Wong and Maher, 2020). Table 5.1 lists the intrinsic fractionation factors
of the coupled reaction of Cr(VI) reduction with a variety of environmentally applicable
reductants and conditions from the literature.
Chromium isotope fractionation associated with Cr(III) oxidation
The isotopic fractionation associated with the process of Cr(III) oxidation to Cr(VI) is less
well characterised than that associated with the Cr(VI) reduction mechanism (Bain and
Bullen, 2005; Zink et al., 2010). Isotope fractionation factors vary largely, with oxidised
Cr(VI) typically having a higher δ 53Cr (Zink et al., 2010). This has been suggested as the
reason for the low δ 53Cr measured in weathering profiles in terrestrial environments (D’arcy
et al., 2016; Frei et al., 2014).
Effect of non-redox reactions on Cr isotope fractionation
Adsorption of Cr has been suggested to impart no isotope fractionation (Ellis et al., 2004).
Recent studies have identified that a small isotopic fractionation is associated with dissolution
of Cr from mineral lattices (Saad et al., 2017).
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Reductant ε (‰) Reference
Magnetite -3.5 (Ellis et al., 2002)
Organic rich sediments -3.5 (Ellis et al., 2002)
Fe(II)aq, pH = 4.0–5.3 -4.2 (Kitchen et al., 2012)
Fe(II) (1.15 mM), pH = 7 -3.6 (Døssing et al., 2011)
Fe(II) doped goethite (345 µM Fe(II)) -3.9 (Basu and Johnson, 2012)
FeS -2.1 (Basu and Johnson, 2012)
Dissolved Fe(II) + Fe minerals -1.8 (Bauer et al., 2018)
Assorted organic acids (humic, fulvic,
mandelic)
-2.98 to -3.14 (Kitchen et al., 2012)
Pseudomonas fluorescens and Shewanella
oneidensis
-1.58 to -4.90 (Zhang et al., 2018)
Multiple bacteria strains -2.17 to -3.14 (Basu et al., 2014)
Table 5.1 Table of fractionation factors (ε) for common environmental minerals and organic
acids, and environmentally common bacteria.
5.1.5 Uses of the chromium isotope system
The use of chromium as a paleoredox proxy
Since isotopic fractionation of Cr is primarily caused by redox conditions in an environment,
the use of δ 53Cr in the rock record has been posited as a way of tracking redox conditions
through time. Figure 5.2 illustrates the theory behind the use of δ 53Cr as a paleoredox proxy
for atmospheric oxygen (Frei et al., 2009). Manganese oxides, only present above a specific
threshold of atmospheric oxygen concentration, are assumed to be the major oxidant of
Cr(III) in the terrestrial zone (Planavsky et al., 2014). If we consider conditions of the mid-
Proterozoic—where there was atmospheric oxygen but anoxic, ferruginous oceans—during
weathering, oxidation and transport to the ocean, removal of partially reduced Cr would
cause the remaining Cr(VI) in rivers to have a higher δ 53Cr. When this high δ 53Cr dissolved
Cr(VI) would have reached the ocean, the dissolved Fe2+ present would have quantitatively
reduced and transferred Cr to marine sediments, preserving the isotopically fractionated
signal acquired during transport. For this reason, Proterozoic banded iron formations and
iron rich cherts were the first samples targeted for paleoseawater δ 53Cr over this period (Frei
et al., 2009). In this interpretation, δ 53Cr the same as bulk silicate earth—such as during the
Archaean—would be indicative of a lack of redox cycling on the planetary surface (as Cr(III)
from silicates are mechanically brought to the seafloor). On the other hand, higher δ 53Cr
values measured in rocks suggest the presence of partial reduction at the Earth’s surface,
removing low δ 53Cr material during transport—which is linked to an increase in atmospheric
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oxygen. Chromium isotopes have been extensively used to estimate the timing of the rise
of atmospheric oxygen during the great oxidation event (Babechuk et al., 2017; Frei et al.,
2009), and the mid-Proterozoic (Crowe et al., 2013; Planavsky et al., 2014).
Contamination remediation
Industries including metal plating, chemical milling and compressor stations release sig-
nificant quantities of Cr(VI) to the surrounding groundwater (Berna et al., 2010; Izbicki
et al., 2012). Remediation of such sites is necessary as the soluble species of Cr(VI) are
carcinogenic and toxic (Hausladen and Fendorf, 2017). As the Cr(III) ion is insoluble, and
considerably less harmful than the Cr(VI) ion (Mertz, 1992), reduction is widely regarded
as one of the most suitable remediation strategies, either through monitored attenuation
with natural reductants or through the introduction of permeable reactive barriers (PRB)
containing reductants (Szecsody et al., 2005).
Monitoring reduction in groundwater is required to understand the effectiveness of these
remediation strategies. Measuring groundwater Cr concentration becomes problematic
if natural sources of Cr mix with the contamination plume, obscuring the geochemical
signal (Izbicki et al., 2012). Furthermore, measurements of Cr concentration do not give
any information on the extent of reduction unless measurements are made at regular time
intervals. The δ 53Cr of groundwater is a more suitable tracer of remediation techniques;
variations in natural Cr concentrations can be constrained and effects of dilution can be
deconvolved from the measure signal. Remediation monitoring in this way has been used at
multiple contaminated sites (Berna et al., 2010; Izbicki et al., 2008, 2012). To further the
effectiveness of Cr reduction monitoring using δ 53Cr, a better understanding is needed of the
reduction mechanisms so that the effect of advective mixing between different Cr sources can
be decoupled from solely Cr reduction effects. Furthermore, the effectiveness of reductants
requires further refinement to understand when more aggressive remediation techniques are
necessary for a site.
5.1.6 Environmental cycling of chromium
In the continental crust, chromium exists as Cr(III) hosted in oxide or silicate minerals or as
primary minerals such as chromite (FeCr2O4) (Oze et al., 2004). The δ 53Cr of igneous silicate
rocks is homogeneous, with a well-defined value of -0.12±0.1‰ (Schoenberg et al., 2008).
Carbonate rocks provide a second terrestrial reservoir with much lower Cr concentrations, but
typically with a positive δ 53Cr which is much more variable than the isotopic composition
of Cr hosted in igneous rocks. Weathering of these rock reservoirs provides an input of Cr
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Fig. 5.2 Theory behind the use of Cr as a paleoredox proxy for atmospheric oxygen. (A)
Schematic showing environmental cycling under a mildly oxic atmosphere in the mid-
Proterozoic. Process 1 – Weathering of Cr(III) and oxidation coupled to MnO2 reduction
produces Cr(VI) with a slightly higher δ 53Cr. The presence of MnO2 in a terrestrial weather-
ing environment necessitates some threshold concentration of atmospheric oxygen (Planavsky
et al., 2014). Process 2 – During transport (predominantly fluvial), partial reduction to
Cr(III) causes low δ 53Cr to be deposited and a residual pool of higher δ 53Cr to exist as
Cr(VI) in the river water which reaches the ocean. Process 3 – Upon entry to the ocean,
Cr(VI) is quantitatively reduced to Cr(III) by the Fe2+-rich conditions of the mid-Proterozoic,
hence a higher δ 53Cr is recorded in marine sediments. (B) Schematic showing environmental
cycling of Cr under an anoxic atmosphere. Process 4 – Small amounts of Cr(III) are mechan-
ically weathered and transferred to the oceans. As a result, δ 53Cr in marine sediments under
these conditions should equal bulk silicate earth values (-0.12‰).
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to rivers through dissolution and/or oxidation. Manganese oxides are the main oxidant of
solubilised Cr(III) in the terrestrial zone (Oze et al., 2007) though it has been shown that
H2O2 can potentially oxidise Cr(III) in anoxic, serpentinized environments (Oze et al., 2016).
Rivers deliver the majority (76–96%) of Cr to the oceans with dust, benthic, hydrothermal
and groundwater sources comprising the remaining fractions (Bonnand et al., 2013; McClain
and Maher, 2016). The Cr concentrations and associated δ 53Cr vary largely among different
river systems as a result of lithology, distance and organic matter content (δ 53CrRivers =
-1.4‰ to +1.7‰) (D’arcy et al., 2016; McClain and Maher, 2016; Wei et al., 2020). In
some estuaries, there has been evidence for conservative mixing between rivers and seawater
(Goring-Harford et al., 2020), suggesting that rivers may directly transfer their δ 53Cr signa-
tures to the ocean, whilst other studies suggest that alteration of δ 53Cr may occur during the
fresh-water to salt-water transition (Sun et al., 2019).
Despite the differences in river water δ 53Cr, the δ 53Cr of the dissolved chromium in
the ocean appears to be controlled by some other internal process. Initial measurements of
oceanic δ 53Cr were only made recently due to the extremely low seawater Cr concentrations
and showed conservative behaviour with depth in the Argentine Basin (Bonnand et al., 2013).
Since these initial measurements, a number of studies suggest that there are large variations in
both dissolved Cr concentration (1.2–6.5 nmol/kg) and in the δ 53Cr of seawater (+0.41‰ to
+1.72‰)(Bonnand et al., 2013; Goring-Harford et al., 2020, 2018; Janssen et al., 2020; Moos
and Boyle, 2019; Moos et al., 2020; Scheiderich et al., 2015) and that almost all samples lie
on a logarithmic Cr concentration ln[Cr]/δ 53Cr relationship line (Figure 5.3) (Paulukat et al.,
2016; Scheiderich et al., 2015). The fractionation factor (ε) can be graphically obtained by
the following equation:
δ
53CrSW = ε ln[Cr] (5.4)
These studies suggest that the behaviour of Cr in seawater appears to be controlled
to first order by a process with a Cr isotope fractionation factor of -0.80±0.04‰; this
fractionation remains consistent even in oxic estuaries (Sun et al., 2019). Deviations from
this relationship typically occur only where there is significant freshwater dilution, such as
in surface mixed layers (Frei et al., 2014; Scheiderich et al., 2015). Despite this consistent
Cr isotope fractionation factor across global oceans, there is controversy over what process
actually causes it. It was initially proposed to be the result of the reduction of Cr(VI)
in oxygen minimum zones (OMZ). Studies conducted across OMZ boundaries, however,
have reported no evidence of this Cr isotope fractionation associated with Cr(VI) reduction
(Bruggmann et al., 2019). Another possibility could be the interaction of chromium with
organic matter. Although Cr(VI) can be reduced on the surface of organic matter in the open
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Fig. 5.3 Relationship between Cr concentration and δ 53Cr in global oceans. Taken from
Moos and Boyle (2019). Chromium concentration is given in the form ln[Cr] where [Cr] is
chromium concentration
ocean (Semeniuk et al., 2016), there is no proven case of Cr uptake in phytoplankton. At
some locations, Cr displays nutrient-like characteristics, such as a degree of surface depletion
(Moos and Boyle, 2019; Scheiderich et al., 2015), although other locations report chromium
with conservative behaviour (Bonnand et al., 2013). Additionally, Cr does not show the
increase from the N. Atlantic to Pacific that typical nutrient-like elements show.
This recently discovered variability of ocean δ 53Cr has created considerable complexities
in whether sediments accurately record paleoseawater δ 53Cr on a global scale. Further
complications arise when examining the mechanism behind how δ 53Cr is sequestered into
sediments. These sedimentary sinks can be broadly divided into three categories: (1) the
anoxic/suboxic sink, (2) the oxic sink and (3), the carbonate sink.
Suboxic and anoxic sediments
Reducing sediments typically contain the highest δ 53Cr (Bruggmann et al., 2019; Gueguen
et al., 2016; Reinhard et al., 2013). Myriads of reductants exist in reducing environments
(Fe2+, H2S, FeS), which ensure rapid drawdown of Cr from seawater to the extent that
"quantitative capture" can potentially be reached. As such, the high δ 53Cr of seawater can
theoretically be directly transferred into the sediments (Gueguen et al., 2016; Reinhard
et al., 2013). In most cases however, there is at least some offset between seawater and
sediment δ 53Cr, implying some non-quantitative capture of dissolved Cr (Goring-Harford
et al., 2018). Some anoxic sediments have even been observed to contain δ 53Cr similar to
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that of oxic sediments, such as in the Arabian sea (Schoenberg et al., 2008). Differences in
the Cr speciation of seawater and diagenetic changes have been offered as suggestions for
the measured δ 53Cr at these locations.
Oxic sediments
The lack of a mechanism to reduce dissolved Cr(VI) from oxic seawater means the majority
of Cr hosted within sediments underlying an oxic water column will be residual Cr hosted in
detrital components (e.g. silicate phases) and the authigenic Cr fraction will be minimal. The
lack of any significant authigenic component means that δ 53Cr of most oxic, non-carbonate
sediments is observed to be the same as Bulk Silicate Earth (-0.12‰) (Gueguen et al., 2016;
Schoenberg et al., 2008). External factors, such as proximity to hydrothermal vents, where
a plume of reductants can exist in the water column, can lead to a significant authigenic
enrichment of Cr with a δ 53Cr more negative than BSE (Bauer et al., 2019).
The carbonate sink
Though the carbonate sink is less likely to be important on a global scale due to the very
low Cr contents in carbonate minerals, carbonate reservoirs have been suggested as a record
of paleoseawater δ 53Cr if the chromate ion replaces the carbonate ion in the mineral lattice
with minimal fractionation (Farkaš et al., 2018; Holmden et al., 2016; Pereira et al., 2016).
However, δ 53Cr has been observed to change with variations in rate of this substitution
(Rodler et al., 2015), with Cr(VI) concentration of the surrounding solution (Tang et al., 2007)
and with pH of the solution (Füger et al., 2019), all of which complicate the interpretation of
such reservoirs.
5.1.7 This study
In this chapter, I sought to understand the processes controlling changes in δ 53Cr in East
Anglian anoxic pond sediments using my understanding of the redox conditions. Few studies
have attempted to address the effect of early diagenesis on the behaviour of δ 53Cr within
sediments despite this being of fundamental importance to interpreting the Cr isotope record
for paleoredox reconstructions. In addition, the work from this chapter is used in conjunction
with the insight gained from δ 98Mo measurements in these pond sediments (Chapter 4) to
suggest how these isotope systems could potentially be used to provide a better description
of the redox conditions of an environment.
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5.2 Methods
Sediment cores were collected from Blakeney salt marsh, Norfolk in February 2020 using
the methods outlined in Chapter 3. There was persistent rainfall on the day of sampling.
5.2.1 Sediment and porewater extraction methods
Sediment samples were collected as described in Section 3.2.3. The sediments were digested
in concentrated aqua regia for >48 hours at 125°C to ensure adequate leaching time. Despite
incomplete digestion of the sediments, the silicate fraction of the sediment should have an
isotopically distinct signature (-0.12‰) which can be corrected for using the Cr/Ti ratio
(Equation 5.5) (Schoenberg et al., 2008). Authigenic Cr concentration and isotopic signature
can therefore be back calculated (Gueguen et al., 2016). A subset of sediment samples was
weighed before and after complete drying to measure porosity.
δ
53Crauth =
(δ 53Crbulk − fdetδ 53Crdet)
(1− fdet)
(5.5)
Porewaters were extracted using the methods described in Section 3.2.2.
5.2.2 Cr isotope separation and analysis
A variety of elements, including Cr, in sediment leachates were measured by ICP-MS (Section
3.3.2). After redissolution in 1M HCl, a correct addition of 54Cr-50Cr double spike in 1M
HCl was added to individual samples and allowed to equilibrate for >2 days. Separation of
Cr is described in Section 3.4.2. After separation, purified Cr was dried down, digested in
200 µL of concentrated distilled HNO3 and dried down again. The samples were loaded on
to outgassed Re filaments and run using TIMS (Section 3.4). Errors are reported based on
the δ 53Cr of five SRM979 standards run alongside each set of 16 samples. Every other turret
included a sample of NIST3112a as a secondary standard to test for long term reproducibility.
5.3 Results
Porewater iron and sulfide measurements are typical of the pond sediment classifications
described in Chapter 2. Dissolved Fe2+ in the iron-rich pond sediment decreases from 0.6
to 0.3 mM over the top 5 cm, stays semi-constant at 0.2–0.4 mM from 5 cm to 25 cm depth,
before sharply increasing to as high as 0.85 mM below 25 cm (Figure 5.4b). Dissolved HS−
136 The Behaviour of Chromium in Salt Marsh Pond Sediments
in the sulfide-rich pond sediment increases up to 4–5 mM from 5 to 20 cm and decreases
below this point to 0.5 mM at 37 cm depth (Figure 5.4c). There was negligible dissolved
Fe2+ in the sulfide-rich pond sediment and negligible HS− in the iron-rich pond sediment.
Fig. 5.4 - Porewater chemistry of the iron-rich and sulfide-rich pond sediment at Blakeney:
(a) pH, (b) dissolved Fe2+ concentration and, (c) dissolved HS−.
Bulk δ 53Cr measurements, calculated authigenic/detrital δ 53Cr and, porosity-corrected
authigenic Cr concentrations are given in Table 5.2 and Table 5.3. Chromium in sediments is
a mixture of allochthonous detrital material (Cr hosted in silicate minerals) and authigenic
Cr that is forming in situ. A correction (Equation 5.5) can be applied to estimate the fraction
of detrital material if a Cr/Ti ratio of 0.024 g/g and an isotopic signature of -0.12‰ (BSE) is
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assumed (Gueguen et al., 2016; Schoenberg et al., 2008). The proportion of detrital material
is in fair agreement with sequential extractions of Cr from these sediments conducted using
the BCR method (Rauret et al., 1999) (Appendix D).
Correcting Cr concentrations to the dry sediment weight removes the effect of porosity
differences throughout the sediment core and gives a better representation of the proportion
of Cr present bound to the sediment. A polynomial relationship derived from four porosity
measurements in each core was used to calculate the porosity with depth (Table 5.2 and
Table 5.3). Authigenic δ 53Cr and porosity corrected Cr sediment concentrations are shown
in Figure 5.5. All but two δ 53Cr measurements of sediments lie inside a narrow isotopic
window between -0.07 and 0.08‰. Iron-rich pond sediment δ 53Cr is 0.035‰ higher than
sulfide-rich sediment in the uppermost 15 cm of sediment, just outside analytical uncertainty.
Below 15 cm, iron-rich pond sediment decreases to -0.05‰ at 32 cm depth. Sulfide-rich
pond sediment δ 53Cr is marginally higher below 15 cm than above.
Figure 5.6 shows the same authigenic Cr data in comparison with a suite of other
measured trace metals in the same sediment samples. Authigenic chromium concentrations
are comparable between the cores in both the upper cm of sediment and below 15 cm depth.
From 2–10 cm, authigenic Cr is higher in the iron-rich pond sediment by ∼10 µg/g. From
10–15 cm, authigenic Cr becomes higher in sulfide-rich pond sediment. The integrated total
Cr between the two pond-sediments is comparable over 2–15 cm depth. Porosity corrected
sedimentary Fe and V concentrations follow precisely the same trend in this upper 15 cm.
Below 15 cm, authigenic Cr is similar between the two sites, varying between 45 and 60
µg/g.
5.4 Discussion
5.4.1 δ 53Cr in comparison to global oxic and anoxic sediments
Almost all samples measured in the East Anglian salt marsh sediments are indistinguishable
from the composite of oxic sediments reported in Schoenberg et al. (2008) and Gueguen
et al. (2016) (Figure 5.7). In comparison, sediments deposited beneath the anoxic Cariaco
basin and a transect of sediments under oxic–anoxic water in the Peruvian margin have a
notably higher δ 53Cr (ranging from 0.1–0.9‰) (Bruggmann et al., 2019; Reinhard et al.,
2013). The measured range of seawater δ 53Cr lies between +0.41 and +1.72‰, higher than
all of sediment samples measured in this study. Although I did not measure the overlying
pondwater, it seems reasonable to assume that the input water would not have a δ 53Cr
significantly lower than 0.41‰.
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Fig. 5.5 - Authigenic δ 53Cr and authigenic Cr sediment concentrations in iron-rich and
sulfide-rich pond sediment. (a) authigenic δ 53Cr, (b) authigenic Cr concentrations corrected
for porosity, (c) overlaid δ 53Cr and concentration data for iron-rich pond sediment and (d),

























































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































Fig. 5.6 - Concentrations of (a) Mo, (b) Fe, (c) V, (d), Authigenic Cr (see Figure 5.5b), (e) U,
(f) Co, (g) Mn, and (h) Ti in iron-rich and sulfide-rich pond sediments. Data is corrected for
porosity measurements. For methods of analysis, see Chapter 3.
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Fig. 5.7 - Composite of δ 53Cr in global marine sediment samples compared to salt marsh
pond sediments. These reflect a combination of surface sediments and multiple measurements
taken through sediment cores. Range of seawater values reflects all global seawater samples
((Janssen et al., 2020) and references therein).
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Two possible reasons could explain why the δ 53Cr of these sediments are so much lower
than other anoxic sediments and than the assumed seawater δ 53Cr; it could be a result of
incomplete removal of Cr from the pond water in the ponds above, or it may reflect the depth
of oxygen penetration into the sediment (termed the Non-Reactive Zone or NRZ). I will
explore each of these theories in turn.
Multiple reductants capable of reducing Cr(VI) exist in the water column overlying pond
sediments: organic reductants would be present due to in situ vegetative growth, Fe2+
(aq)
would efflux from the sediment in the mornings/evenings and iron minerals could become
temporarily suspended in the water column due to the disturbance of sediment by macrofauna.
All of these reductants would produce Cr(III) with a lower δ 53Cr which could subsequently
become shuttled to the sediment by adsorption to organic/inorganic particles (Table 5.1).
If these reductants quantitatively stripped the pond water of Cr, the δ 53Cr of the sediment
would isotopically evolve to match that of the pond water input δ 53Cr by Rayleigh distillation.
Regular flushing of the tidal water in these salt marsh ponds however, supplies oxidised Cr
(found in seawater) to the pond water column; this could create an isotopic offset between
the sediment and overlying pond water (i.e. the environment behaves as an open system).
Variations in δ 53Cr with depth in the upper portion of sediment may reflect small variations
in the flushing time, with less regular flushing leading to a higher δ 53Cr of the sediment.
The second potential reason for the low sediment δ 53Cr could be the presence of an
NRZ at the sediment-water interface (Bauer et al., 2018). If sediment is directly in contact
with pond water, the δ 53Cr of the sediment would reflect the higher δ 53Cr of pond water
(assumed to be seawater) minus the fractionation factor associated with Cr(VI) reduction (ε).
The introduction of a non-reactive zone in the uppermost portion of sediment causes there to
be a component of transport added to Cr(VI) reduction as Cr in the pond water must first
diffuse through the sediment. As such, the δ 53Cr of the seawater trapped in the porewater
becomes progressively higher with extent of reduction before it is able to diffuse out. This
diminishes the isotope fractionation factor, and means that the δ 53Cr of the sediments will
lie somewhere between δ 53Crseawater and δ 53Crseawater - ε (Clark and Johnson, 2008). The
resultant δ 53Cr of the sediment may just fortuitously occur in the range of oxic sediments
due to this effect.
5.4.2 Differences between the fate of Cr in the iron-rich and sulfide-
rich pond sediment
The authigenic δ 53Cr and and Cr content of the sediment differs in the surface 15 cm
between the two types of pond sediment. Given the close proximity of the two studied ponds,
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the seawater input likely is of a similar composition and is resupplied to ponds at similar
intervals (with the caveat that distance from creek may cause slight variations in resupply
rate (Chapter 2)). The higher authigenic Cr content in the iron-rich pond sediment must
therefore reflect a subtly different method of capture of dissolved pond water Cr than in the
sulfide-rich pond.
In both types of pond sediment, there are a large amount of potential reductants (organic
ligands, iron minerals etc.) present capable of reducing Cr(VI) from seawater with the Cr
isotope fractionation factors outlined in Table 5.1 (Process 1 and 4 – Figure 5.8). Table 5.1
summarises experimentally defined isotope fractionation factors with the various reductants
and is thus a drastic simplification; variations in electron donor, microbial community and
surrounding mineralogy can all alter the expressed Cr isotope fractionation factor (Basu
et al., 2014; Zhang et al., 2018, 2019). Additionally, it seems very unlikely that the full
isotopic offset would be expressed given the relatively fast sedimentation rates and seawater
replenishment times at this site. Nevertheless, I suspect dissolved Fe2+ would be the most
efficient reductant in iron-rich pond sediment due to the rapid kinetics of the reduction
reaction and the high concentrations of Fe2+ present in the porewater. In sulfide-rich pond
sediments, the absence of Fe2+ in the porewater results in iron sulfide minerals and organic
ligands becoming more important reductants of Cr(VI) (Figure 5.8).
Based on the Cr isotope fractionation factors of expected reductants (Table 5.1), with equal
authigenic uptake of seawater Cr(VI), I would expect δ 53Cr in iron-rich pond sediments to
be lower than in sulfide-rich pond sediments—counter to what is observed. This discrepancy
can be explained if iron-rich pond sediments more effectively strip seawater Cr(VI) from the
pond water, possibly by a sedimentary efflux of Fe2+ during periods of anoxia in the early
morning; this could cause an isotopic distillation of the water column that would, in turn,
increase the δ 53Cr of the sediment. This is supported by the higher content of authigenic Cr at
the sediment surface of the iron-rich pond compared to the sulfide-rich pond. The difference
between δ 53Cr is so subtle however, that such an effect would likely be unnoticeable in the
geological record.
The distribution of authigenic Cr over the sedimentary core in both ponds can be best
explained in tandem with other elements present in the sediment (Figure 5.6). Sedimen-
tary Fe concentrations are highest at the sediment-water interface of the iron-rich pond as
Fe2+ diffuses upwards and reacts with O2 dissolved in the pond water to form Fe oxides.
Authigenic Cr mimics this behaviour, however it becomes concentrated further below the
sediment-water interface. There is a very close coupling of sedimentary Cr and Fe content
with depth (Figure 5.6b,d); this close relationship likely reflects a combination of the pro-
cesses of Cr adsorption on to the precipitated Fe(III) (oxyhydr)oxides and co-precipitation of
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Fig. 5.8 - Schematic of the diagenetic processes which control the behaviour of Cr in the (a)
sulfide-rich and (b) iron-rich pond sediment. A) Process 1 – Cr(VI) is reduced by organic
matter and iron sulfide minerals with potential Cr isotope fractionation factors ε1 and ε2
respectively. Process 2 – Any Fe-minerals, which are not already iron sulfides, that have
been deposited would be broken down by the high concentration of aqueous sulfide in this
part of the sediment. Chromium appears to follow the behaviour of liberated dissolved Fe
which diffuses downwards in the sediment and forms iron sulfides. Process 3 – The depth
of transition refers to the point when the sediment was at the sediment-water interface and
was an iron-rich pond; sediment deposited above this point would have always been under
sulfide-rich conditions. Below this depth, the δ 53Cr is similar to that seen in the surface of
the iron-rich pond sediment. Process 4 – Cr(VI) is most likely reduced by organic matter,
amorphous Fe-minerals and crystalline-Fe minerals with potential fractionation factors ε1,
ε3 and ε4 respectively. More rapid reduction causes a marginally higher uptake of Cr(VI)
from the above water mass than the sulfide-rich pond and thus some isotopic distillation of
the pond water δ 53Cr. Process 5 – Iron reduction below the zone of bioirrigation breaks
down the amorphous Fe-minerals and thus changes the bulk δ 53Cr of the sediment (as Cr
bound to OM and crystalline Fe minerals become proportionally larger). The released Fe
and Cr are reprecipitated in the bioirrigated zone as amorphous Fe-minerals around the
linings of burrows. The bulk δ 53Cr in this portion of sediment reflects a higher proportion of
Cr bound to amorphous Fe-minerals.
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Cr(III)-Fe(III)-(oxyhydr)oxides. As described in detail in Chapter 4, in the iron-rich sedi-
ment, reduction of Fe(III) (oxyhydr)oxides is coupled with subsequent Fe2+ reoxidation due
to the drawdown of O2 rich seawater by bioirrigation. The rapid cycling of iron isotopically
homogenises the δ 53Cr in this upper part of the sediment, in an identical mechanism to that
observed in the δ 98Mo system.
In the sulfide-rich pond sediment, iron mineralogy appears to be diagenetically redis-
tributed so that sediment at 2–10 cm is depleted in Fe and Cr. This is most easily explained
by the breakdown of Fe-(oxyhydr)oxides by the reaction with aqueous sulfide (Process 2 –
Figure 5.8). Reprecipitation of Fe with sulfide may then occur where sulfide concentrations
are highest (10–20 cm depth) as iron sulfide minerals. Chromium would similarly follow this
movement of Fe, ultimately being captured onto the precipitated iron sulfide minerals. As
with the iron-rich pond, the sediment δ 53Cr becomes mixed during this process.
5.4.3 Potential depth of pond geochemistry change
As described in Chapters 2 and 4, there is evidence for the potential of iron-rich pond
sediment to become transformed into sulfide-rich pond sediment by a series of non-linear,
positive feedbacks. The reverse transformation, on the other hand, has yet to be observed in
these salt marsh sediments. Based on this model for the salt marsh geochemistry, all pond
sediments will have once contained iron-rich geochemistry.
The similarities between the sulfide-rich pond sediment δ 53Cr/Cr concentration below 20
cm and the iron-rich pond sediment δ 53Cr/Cr concentration above 15 cm could be explained
by similar methods of Cr(VI) reduction and capture. One hypothesis for this is that when
the portion of sulfide-rich sediment at 20 cm was at the sediment-water interface, the pond
sediment would have contained dissolved Fe2+ instead. Some switch-point was reached,
converting the geochemistry to that of sulfide-rich sediment, and subsequently all Cr has
been captured from seawater under sulfide-rich conditions (Process 3 – Figure 5.8). This
interpretation is corroborated by the similar concentrations of Fe, Mo, V, Co and Cr from
20–30 cm. In particular, the similarity in sedimentary content of Mo at 20-cm depth between
the sediment cores implies that aqueous sulfide was not present in either pond sediment
during the time period when that part of the sediment was at the surface.
A rough estimate can be placed on the timing of this transition using the sedimentation
rates calculated for Blakeney salt marsh. If we assume 18-cm as the depth of transition and a
sedimentation rate of 0.3 cm yr−1 (van de Velde et al., 2020), this places the conversion at
∼60 years ago.
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5.4.4 Diagenetic alteration of δ 53Cr during iron reduction?
In the iron-rich pond sediment, the minor decrease of δ 53Cr from 20–35 cm is outside of
analytical uncertainty and may potentially reflect a small amount of diagenetic alteration of
the δ 53Cr signal. This portion of sediment lies beneath the typical zone of bioirrigation, and
thus is characterised by iron reduction (supported by increased concentrations of Fe2+ in the
porewater). If iron reduction breaks down Fe-(oxyhydr)oxides onto which Cr is adsorbed
or coprecipitated, the Cr will become liberated and can potentially be redistributed within
the sedimentary column. Any effect of this must be minor, as authigenic Cr concentrations
do not change significantly within this portion of sediment. It is reasonable however, to
posit that poorly crystalline Fe-(oxyhydr)oxides would be reduced first, which may then
release small amounts of authigenic Cr into the porewater for redistribution. This implies
that Cr associated with poorly crystalline Fe minerals has a higher δ 53Cr and that whatever
combination of reductants are left in the sediment contains Cr with a lower δ 53Cr. The
remobilised higher δ 53Cr appears to be precipitated (possibly as iron (oxyhydr)oxides on
burrow linings) in a lens of sediment at 15–20 cm where bioirrigation is still active and
O2-rich water is brought in with burrows (Process 5 -Figure 5.8). This argument is supported
by the mass balance of δ 53Cr in the 10–35cm in the iron-rich pond sediment which ends







53Crauth =0.007). Further corroboration is observed in these sediment cores,
where sedimentary Mo is depleted in the lowest part of the sediment core (below 25 cm),
while an increase in sedimentary Mo is observed from 15–25 cm depth (Figure 5.6a). This
would reflect molybdate adsorbed to iron-oxyhydroxides which was released and re-adsorbed
in the bioirrigated zone (Section 4.4.1).
This potential diagenetic alteration of the δ 53Cr isotopic signature of the sediment is
almost identical in nature to the progressive lowering of the sedimentary δ 98Mo in the same
depth portion of the iron-rich pond sediment (Chapter 4). In both cases, the changing
proportions of reductants with different isotopic fractionation factors influences the bulk
isotopic composition of the sediment. The scale of the change in the δ 53Cr is markedly
smaller than what was observed in the δ 98Mo system however, and such a change would
almost certainly be indistinguishable in the rock record. This is probably because the bulk
of authigenic Cr can be in solid-state solution with Fe(III) in the minerals, whereas the
molybdate ions were almost all adsorbed to the Fe(III)-(oxyhydr)oxide surface (and thus
were more susceptible to diagenetic breakdown).
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5.4.5 The use of a coupled δ 53Cr and δ 98Mo system
The combination of δ 53Cr and δ 98Mo has the potential to be a powerful paleoredox tool
(Figure 5.9). As discussed throughout this thesis, δ 53Cr is a tracer of anoxic versus oxic
conditions whilst δ 98Mo is a tracer of euxinic conditions which, in conjunction, could reveal
a precise interpretation of the paleoredox conditions of a sedimentary environment. My work
suggests the importance of a regularly-flushed oxic water column above anoxic sediments
in determining the δ 53Cr which would be preserved. Therefore, a possible interpretation
using these two isotope proxies is that when δ 53Cr is similar to that found in oxic sediments
and sediment δ 98Mo has non-oxic sediment values, this could indicate the presence of an
oxic water column above anoxic sediments. This could potentially be a more nuanced way
to distinguish sedimentary rocks which are deposited under a euxinic or ferruginous water
column.
The similarity between δ 53Cr in the iron-rich and sulfide-rich pond sediment precludes the
ability to identify diagenetic alteration of the signal caused by sulfidisation of iron minerals
and thus independent proxies would be necessary to ascertain if sediment had become
overprinted. This study has shown how multiple paleoredox proxies can be calibrated in
tandem with each other to build up a better representation of the redox characteristics of a
depositional environment.
5.5 Conclusion
These results suggest that the presence of an oxic water column prohibits capture of the
seawater δ 53Cr signal, even if the sediments contain high concentrations of strong reductants
such as Fe2+aq . In fact, the δ
53Cr of these sediments more closely approximates the signal
associated with oxic sediments. I attribute this to either a non-reactive zone at the sediment
surface, or to the regular replenishment of Cr in the overlying water column which outpaces
the rate of Cr sequestration.
The two types of pond sediment have a similar range of δ 53Cr with depth. Subtle
variations reveal that the iron-rich pond sediment may more efficiently capture Cr from the
overlying water and that at 20 cm in the sulfide-rich pond sediment, there is evidence for the
pond sediment once being iron-rich. The behaviour of iron mineralogy appears to strongly
affect the distribution of authigenic chromium in both the iron-rich and sulfide-rich pond,
likely due to co-precipitation or adsorption processes. A full schematic of the expected
diagenetic processes is shown in Figure 5.8.
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Fig. 5.9 - Hypothetical model of understanding the water and sediment conditions of an envi-
ronment using coupled δ 98Mo and δ 53Cr signatures. Boxes correspond to the approximate
range of signatures used in the current classification of redox environments. Importantly,
environments where δ 53Cr is similar to that of oxic sediment and the δ 98Mo of anoxic sedi-
ment may correspond to an oxic water column overlying anoxic sediments. “Hydrothermal?”
box refers to the isotopically lower δ 53Cr in sediments reported by Bauer et al. (2019)
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In comparison to the δ 98Mo system, δ 53Cr is less strongly affected by the changes in
redox conditions observed in these salt marsh sediments. Since Cr is less associated with
aqueous sulfide than Mo, a systematic change from ferrous iron to aqueous sulfide in the
porewater would not significantly affect the deposited δ 53Cr signal, although some portion
of authigenic Cr may become redistributed. There is however some evidence to show that
if iron reduction occurs deep in the sediment, this can change the relative proportion of a
certain reductant (and accompanied isotopic fractionation) which may shift the sediment
bulk signal at that depth.
This study further emphasises the need to understand local conditions in order to interpret
δ 53Cr signals in the rock record. In particular, an understanding of the overlying water
conditions, range of reductants present and the potential for iron reduction needs to be
ascertained to reconstruct any paleoredox conditions. This study does highlight the potential
for a scheme to use coupled δ 98Mo and δ 53Cr measurements in tandem to understand the
redox characteristics of a depositional environment. The introduction of other redox sensitive
species such as Re and U would likely add further specificity to this classification scheme.
5.6 Implications for further chapters
This chapter provides independent support for many of the diagenetic reactions identified in
Chapter 4. Iron mineralogy appears to play a vitally important role in diagenetic reactions
of many paleoredox proxies, hence Chapter 6 looks at one of the most widely used proxies:
iron speciation measurements in sediments. Inferring that the processes observed in these
salt marsh sediments are applicable to that of mid-Proterozoic ocean sediments, I attempt to
re-evaluate redox conditions from a diagenetic standpoint.
Chapter 6




The work from the previous two chapters examines the behaviour of two widely used
paleoredox proxies under iron-rich and sulfide-rich anoxic sedimentary conditions. I found
that certain diagenetic reactions could redistribute and change the geochemical signal of
the sediment with respect to these proxies. In particular, the potential for aqueous sulfide
in the porewater to alter the dominant iron mineralogy of the sediment post-depositionally
has implications for what is ultimately preserved. This chapter extends the application of
this work to the mid-Proterozoic sedimentary geological record. The iron-rich and sulfide-
rich conditions observed in pond sediments are germane to the ferruginous and euxinic
depositional conditions of the mid-Proterozoic oceans respectively. The effect of diagenetic
reactions on iron speciation, one of the most widely used paleoredox proxies for this time
period, is examined. Modelling work shows that the effect of diagenesis can be observed in
iron speciation measurements in the rock record. The work in this chapter provides a new way
of looking at the geological record through the lens of diagenetic reactions. It ties together
many of the conclusions from the previous chapters and highlights an under-discussed process
in paleoredox science.
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Fig. 6.1 - (A) Relative concentrations of sulfate, iron and oxygen in Earth’s oceans over
geological time (note log scale on the y-axis) (Canfield and Farquhar, 2009; Fakhraee et al.,
2019; Saito et al., 2003). Dissolved iron concentrations for Archaean based on estimates
from Saito et al. (2003) with an order-of-magnitude uncertainty envelope. Dissolved iron
concentrations are assumed to be lower and more variable in the Proterozoic relative to
the Archaean and therefore a “best guess” uses a wider range of estimates (Derry, 2015),
Modern oceanic iron concentrations are 0-1.5 nM which is below the limits of this diagram
(Tagliabue et al., 2012). GOE and NOE refer to estimated timings of the Great Oxidation
Event and Neoproterozoic Oxidation Event, respectively. (B) Literature estimates of the
presence of oxic, ferruginous, and euxinic conditions in the shallow and deep ocean. Note
that the period between the GOE and NOE contains evidence for both ferruginous conditions
and euxinic conditions, sometimes co-existing.
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6.1.2 Redox evolution of Earth’s oceans
The relative extent of euxinic and ferruginous conditions in the ocean has changed consider-
ably over Earth history (Figure 6.1) (Lyons et al., 2014). Ferruginous conditions are thought
to have been widespread in the Archean and Paleoproterozoic (>2.4 Ga) oceans based on
the presence and δ 57Fe of banded iron formations (BIFs), low marine sulfate concentrations
and the abundant evidence for a lack of atmospheric oxygen (Bekker et al., 2010; Fakhraee
et al., 2019; Rouxel et al., 2005). Similarly, there is support for fully oxygenated oceans
since the late Neoproterozoic, with the possibility of transient anoxia in the Phanerozoic,
often associated with mass extinctions (Dickson, 2017). Ocean chemistry is less resolved in
the mid-Proterozoic (1.8–0.8 Ga)—the period which lies between the two most significant
atmospheric oxidation events—the Great Oxidation Event (GOE) and the Neoproterozoic
Oxidation Event (NOE). Constraining redox conditions during this time is important since the
hypothesised first appearance of eukaryotes and their initial diversification occurred within
this interval (Guilbaud et al., 2015; Javaux et al., 2004; Knoll et al., 2006). Ocean chemistry
in the mid-Proterozoic was initially assumed to be fully oxic shortly after the GOE (Holland,
1984) then suggested to be fully euxinic (Canfield, 1998), but has since been proposed to be
spatially and temporally both ferruginous and euxinic (Planavsky et al., 2011; Sperling et al.,
2015). The current understanding of this co-existence is that euxinic conditions were confined
to ‘wedges’ near the continental shelf break and ferruginous conditions were present in much
of the deep ocean (Poulton and Canfield, 2011; Poulton et al., 2010). The relative fraction
of seafloor overlain by a euxinic water column in the Proterozoic remains controversial,
with estimates from geochemical proxies varying between 1 and 100% (Canfield, 1998;
Gilleaudeau et al., 2019; Reinhard et al., 2013; Sperling et al., 2015).
6.1.3 The iron speciation paleoredox proxy
In Chapter 4, I examined the molybdenum isotopic composition (δ 98Mo) of sediments—one
of the most commonly used proxies to fingerprint ferruginous versus euxinic conditions in
the geological record. Other proxies, such as iron speciation of the sediment, trace metal
enrichments in shales (Reinhard et al., 2013), and the uranium isotopic composition (δ 238U)
of carbonate minerals (Gilleaudeau et al., 2019) have also been used to address this same
problem. Of these proxies, iron speciation of the sediment has been by far the most widely
used due to the wide coverage of iron in marine sediments and the longevity of this method
(Guilbaud et al., 2015; Planavsky et al., 2011; Poulton and Canfield, 2011; Sperling et al.,
2015) (Figure 6.2).
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Fig. 6.2 - Iron speciation classification scheme. The ratio of highly reactive iron (FeHR) over
the total iron (FeT ) can be used to infer an oxic vs anoxic water column above the sediment.
Further speciation can be made by measuring the pyrite-hosted-iron (FePY ) relative to the
FeHR which reveals euxinic versus ferruginous environments. Figure taken from Poulton and
Canfield (2011)
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In an anoxic water column, highly-reactive iron minerals (FeHR) (comprising iron carbon-
ate, iron (oxyhydr)oxide and pyrite minerals) accumulate in sediments to a greater extent than
in an oxic water column. Sedimentary rocks where the ratio of FeHR to the total iron (FeT )
exceeds 0.38 are inferred to have been deposited under an anoxic water column. Further iron
speciation is also thought to be able to discriminate between sediments deposited under a
euxinic versus a ferruginous water column; when the ratio of iron hosted in pyrite (FePY )
to FeHR exceeds 0.7–0.8, sediments are assumed to have been deposited in a euxinic water
column (Anderson and Raiswell, 2004; März et al., 2008).
6.1.4 Potential new model for euxinic conditions overprint ferruginous
sediments
Estimates of the fraction of seawater euxinia may differ among various proxies if post-
depositional alteration mimics the geochemical signal imparted under euxinic conditions.
Here, I will explore the idea that sediments which have been exposed—even transiently—to
dissolved sulfide during early diagenesis will record a geochemical signature indicative of
euxinic conditions, regardless of whether the water column itself had dissolved sulfide in it.
This would imply that previous estimates of marine euxinia are too high and that euxinia is
over-represented in the geological record.
This geochemical overprinting occurs due to the reaction of reactive iron minerals
(predominantly iron (oxyhydr)oxides and iron carbonate minerals) with dissolved sulfide
in porewater: this reaction forms iron sulfide minerals, and terminally, pyrite (Egger et al.,
2016; Liu et al., 2020; Neretin et al., 2004; Raiswell and Canfield, 1996). This changes
the preserved iron mineralogy and, in diffusion-limited sediment columns, redistributes the
concentration and isotopic composition of metals, much of which is subsequently used to
fingerprint euxinic conditions in the geological record. The key point is that the conversion
of reactive iron minerals to pyrite occurs rapidly (<1000 years) for most iron-containing
minerals, with the exception of iron contained in sheet-silicate minerals (Canfield et al., 1992;
Raiswell and Canfield, 1996). The dissolved sulfide required for this reaction can be found
in sedimentary porewater under two circumstances: (1), if there is an overlying euxinic water
column from which dissolved sulfide diffuses into sediment (similar to the Black Sea today)
or (2), if there is in situ generation of dissolved sulfide within the sediment column, typically
by microbial sulfate reduction.
Once sedimentary iron minerals are converted to iron sulfide minerals, which are stable
under anoxic conditions, it is unlikely they can be converted back in the absence of dissolved
oxygen. Subaerial exposure of sedimentary rocks can allow this back reaction (Ahm et al.,
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2017), but the mechanism to do this in an otherwise anoxic ocean is unclear. This suggests
that this ‘sulfidisation’ effect is most significant where dissolved oxygen is low, there is
widespread delivery of reactive iron minerals to global sediments, and the sediment is poised
between iron-reducing and sulfate-reducing conditions.
The process of overprinting primary sedimentary mineralogy due to post-depositional
exposure to dissolved sulfide has been observed in some modern marine sedimentary en-
vironments (Egger et al., 2016; Neretin et al., 2004; Scholz et al., 2013). Most modern
marine sedimentary environments, however, contain low concentrations of highly-reactive
iron minerals, which are efficiently trapped in estuaries and marginal marine environments
(Poulton and Raiswell, 2002). In the geological past, when highly reactive iron minerals were
deposited in sediment throughout the ocean, this process of overprinting could have been
far more pervasive. Here, I will explore the effect of post depositional exposure to sulfide
on iron speciation measurements before discussing how this process may also affect other
proxies such as the trace metal and the molybdenum isotope composition in sediments.
6.2 Examination of the iron speciation proxy to diagenetic
alteration
6.2.1 Evidence of diagenesis from FeHR/FeT and FePY /FeHR ratios
A simple diagenetic model based on the dataset of iron-speciation measurements (n=4300)
compiled in Sperling et al. (2015) is compiled to illustrate the effect of aqueous sulfide
altering previously deposited iron mineralogy (Figure 6.3). This dataset comprises of iron
speciation measurements made on shales from the Archean to the Neo-Proterozoic.
Theoretically, diagenesis could shift a sample with an FePY /FeHR value of zero close to
a value of one if dissolved porewater sulfide reacts with all available highly reactive iron
and converts it to iron sulfide minerals. As FePY is one component of the FeHR pool, this
diagenetic exchange of a generic highly reactive iron mineral for pyrite would not shift
the accompanying FeHR/FeT . Evidence of this effect is shown in the sediments underlying
the oxic/hypoxic waters of the Bornholm Basin, whereby newly deposited sediments are
characterised by an FePY /FeHR value of 0.2–0.6 which increases with time as it becomes
buried (up to an FePY /FeHR value of 0.9 after 5000 years) (Figure 6.4). This is striking
considering there is no evidence of euxinic conditions in the water column at this site, and
therefore this increase in FePY /FeHR must only reflect the diagenetic conversion of iron
mineralogy (Liu et al., 2020). The FeHR/FeT slightly decreases over this depth range, most
likely reflecting the ripening of iron mineralogy over time as opposed to any change in the
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Fig. 6.3 - The potential effect of diagenetic sulfidisation on iron speciation classification for:
(A) a low FeT scenario (0–2.5% FeT ), (C) an intermediate FeT scenario (2.5–5.0% FeT )
and, (E) a high FeT scenario (>5% FeT ). Crosses represent published iron speciation data
points from Sperling et al. (2015) with FePY /FeHR ratios<0.1 (thus representing sediments
deposited in a past environment where there was no dissolved sulfide, and hence no FePY ).
The mean of these data points (filled square) plus two standard deviation (filled circle) is
shown. The dashed lines represent modelled changes to FePY /FeHR based on a constant
addition of sulfide (200 pMol cm−3 d−1) after 100 yr, 10 Kyr, 20 Kyr and 30 Kyr (Egger
et al., 2016). Total iron (FeT ) is binned at 2.5%, 5% and 10% in (A), (C) and (E) respectively.
Samples which plot inside the shaded area can be explained by diagenetic sulfidization
up to 30,000 years of sulfide exposure. Grey dashed lines indicate classic iron-speciation
classification boundaries (Canfield et al., 1992; März et al., 2008). Data density plots for
the iron speciation dataset compiled by Sperling et al. (2015) for (B) 0–2.5wt% FeT , (D)
2.5–5wt% FeT and, (E) >5wt% FeT .
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efficacy of removal of highly reactive iron from the water column with time (Cornell and
Schwertmann, 2003).
Fig. 6.4 - Sediment age plotted against (a) FePY /FeHR and (b) FeHR/FeT ratios. Sediment age
was calculated by multiplying sediment depth by the sedimentation rate given in Liu et al.
(2020). Sediments are deposited at sediment-water interface with a low (<0.4) FePY /FeHR
ratio, but upon burial into the sulfide production zone, become diagenetically altered to high
>0.8 FePY /FeHR ratios.
To represent this diagenetic effect on Figure 6.3, for a given FeHR/FeT deposited at
the sediment water interface, a vertical line can be drawn upwards on the FePY /FeHR axis
which reflects this conversion of highly-reactive iron to pyrite. There may be some potential
decrease in FeHR/FeT if iron minerals age to become more crystalline with time (Cornell
and Schwertmann, 2003), thus decreasing the numerator, but there is not an environmentally
plausible method for the FeHR/FeT to shift towards the right post-depositionally other than
longer term conversion of unreactive iron to pyrite (thus increasing FePY ). I would argue that
the timescale for this would be larger than the timescale of the diagenetic model runs used in
this study (Raiswell and Canfield, 1996).
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6.2.2 Site specific models including a kinetic component
A more realistic framework than this FeHR/FeT threshold is one which considers site specific
factors. A model which introduces a constant concentration of sulfide to a sediment parcel
(Equation 6.1) over time is therefore more applicable (dashed lines – Figure 6.3).




The amount of diagenetically produced FePY (D) is a function of the concentration of
FeHR, the amount of sulfide introduced to the system [HS] and, the amount of time T over
which dissolved sulfide is introduced. Two moles of dissolved sulfide are necessary to convert
one mole of iron to pyrite, hence the division of the [HS] in the equation. The dissolved
sulfide is assumed to react and convert all FeHR to FePY which assumes that the reaction rate
is faster than the diffusion rate of sulfide; this is a fair assumption given the long timescales
(1000+ years) that the model is run for (Raiswell and Canfield, 1996). For shorter time
scales, this may not be as applicable, and kinetics of the reaction should be included. I used a
200 pMol cm−3 day−1 flux in Figure 6.3 in accordance with estimates from the Black Sea
(corresponding to porewater sulfide concentrations of 1.5 mM), though site specific rates
would be more applicable (Egger et al., 2016).
This model shows that higher absolute contents of FeHR (high FeHR/FeT samples) require
larger amounts of sulfide to change FePY /FeHR during diagenesis (Figure 6.3). In sediments
with low FeT , virtually any measurement in an iron speciation crossplot can be generated by
limited, local dissolved sulfide exposure whereas in sediments with high FeT , the deposited
sediment is more buffered to the effect of sulfidisation due to the higher overall amount
of FeHR at a given FeHR/FeT . The shaded zones in Figure 6.3 correspond to the space
in an iron speciation cross plot where FePY /FeHR can be explained by up to 30 kyrs of
exposure to dissolved sulfide in the porewater. These are conservative estimates for the
timescale of chemical reaction during burial-diagenesis; a sedimentation rate of 10 metres-
per-million years corresponds to sediment exposed to dissolved sulfide over 30 cm of burial.
For comparison, in the Black Sea, diagenetic sulfidisation over the last 15 kyr has overprinted
close to 1 metre of sediment (Egger et al., 2016). Measurements which plot in the non-shaded
upper (‘euxinic’) box can be assumed to have been deposited with at least some component of
water column euxinia. It is clear that at higher FeT contents, iron speciation becomes a more
reliable indicator of water column euxinia (Figure 6.3E). This is supported by the dataset of
Sperling et al. (2015), where the portion of the iron speciation plot with high FeHR/FeT and
medium (0.2–0.6) FePY /FeHR (that which would reflect diagenetic overprinting) becomes
sparser with increasing iron content.
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Longer exposure times would continue to trend towards a vertical line as all iron mineral-
ogy is ultimately converted to pyrite. Either a lower amount of initial highly reactive iron,
or exposure to larger amounts of dissolved sulfide could result in a faster rate of complete
pyritisation (Figure 6.5). This scenario of complete pyritisation is perhaps unlikely, given
microenvironments in marine sediments or kinetic limitations. In order to preserve an iron
speciation signal in the rock record, a point would need to be reached—depending on the
sedimentation rate and whether a sedimentary column was advective or diffusive—where the
sediment would no longer be in contact with sulfide, and this would be the preserved signal
in the sedimentary rock.
Fig. 6.5 - Estimated time taken for complete pyritisation of the highly reactive iron pool
within a sediment (i.e. the time taken for FePY /FeHR to increase from 0 to 1) based on total
iron content in the sediment (1-10%). High and low sulfide fluxes correspond to 400 pMol
cm−3 d−1 and 200 pMol cm−3 d−1 respectively. A higher FeHR/FeT ratio for the same FeT
value means that more of the iron is highly reactive, and thus susceptible to pyritisation.
Samples which plot in the diagenetic portion of the modelled iron-speciation space could
still potentially be generated by euxinia; this model simply suggests that such samples can
be explained by solely diagenetic processes. This model cannot parse the proportion caused
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by diagenetic effects versus water column effects, nor the timing of the process: it instead
offers an indication of the robustness of the interpretation of water column euxinia in the
geological record.
The diagenetic model is first tested in a modern-day analogous environment (Bornholm
Basin). It is then used to offer a re-evaluation of the Sperling et al. (2015) composite dataset.
6.2.3 Model results from the Bornholm Basin
A recently published study offered an exciting dataset looking at diagenetic reactions in the
Bornholm Basin (Liu et al., 2020). The authors of this study showed that the interpretation
of the environment using iron speciation data did not fit the known redox conditions of the
environment. This site was particularly applicable as an analogue given the strongly sulfidic
sediments overlaying previously deposited sediment.
As stated above, there is an increase in the FePY /FeHR ratio with age of deposition
(Figure 6.4). Sediments recently deposited in the Bornholm Basin have an FePY /FeHR which
rapidly increases (within 1500 years) to 0.8–0.9. This represents burial of iron minerals
(deposited at the sediment-water interface) into the sulfate reduction zone where they are
exposed to dissolved sulfide and so the iron speciation signature is altered. In sediments
that are older than 8000 years old, this effect is not observed. This represents the transition
from lacustrine clays deposited at the last glacial maximum into the current organic-rich
environment (Liu et al., 2020). Notably, one sample from the lacustrine clay lies between
the higher FePY /FeHR and the pre-8000-year FePY /FeHR values; this may reflect downward
diffusion of the dissolved sulfide produced in the overlying organic-rich sediment.
The iron speciation data from three cores in the study are tested using the diagenetic
model (Figure 6.6). I use the highest FeT from each sediment core to establish the minimum
effect of diagenesis over time. If the minimum FeT measured is used, all samples lie beneath
the modelled zone that can be explained by diagenetic overprinting. A constant sedimentation
rate is assumed and a sulfide input of 300 pMol cm−3 day−1 is used, based on the roughly
150% higher dissolved sulfide concentrations present in the Bornholm Basin compared to the
Black Sea. Despite these conservative inputs, the FePY /FeHR ratio of only nine samples are
not explained by diagenesis alone. By lowering the FeT value even modestly, all samples can
be explained readily.
This lends credence to the model as a test for diagenetic effects. Had the Bornholm Basin
samples had a high FeHR/FeT ratio and high FeT contents, diagenetic effects would not have
been a suitable explanation for the iron speciation measurements.
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Fig. 6.6 - Recently published data from the Bornholm Basin plotted on to the iron-speciation
framework against the modelled region where diagenesis could explain the iron speciation
of samples (total iron and sedimentation rates from Liu et al. (2020)). The area beneath
the dashed line reflects the region where samples could be solely explained by diagenetic
effects. I used a starting FePY /FeHR ratio of 0.2 as this appears to be the approximate value of
sediment at the sediment-water interface (Figure 6.4). The maximum FeT for each sediment
core is used to representing the maximum resistance to the diagenetic effect. Red dashed
line (Run for 1231 years, 0.2343 mMol/g FeT ) represents simulated BB01 RL-4 core. Black
dashed line (Run for 1132 years, 0.2365 mMol/g FeT ) represents simulated BB02 RL-5
core. Blue dashed line (Run for 1378 years, 0.2390 mMol/g FeT ) represents simulated BB05
RL-5 core. I used 300 pMol cm−3 day−1 as the sulfide flux based on scaling the sulfide
concentrations to the Black Sea estimates (Egger et al., 2016).
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6.2.4 Re-evaluation of euxinic samples in the Sperling et al. (2015) dataset
Using my diagenetic model, I estimated how many samples of the Sperling et al. (2015)
dataset which were defined as euxinic in that study could be explained by sulfidisation during
diagenesis. Differences in the amount of sulfide (either 100 or 200 pMol cm−3 day−1),
differences in the starting value of FePY /FeHR (whether the samples begin at FePY /FeHR = 0
or 0.1), and variations in the total iron used for samples are tested to provide estimates of
what proportion of samples can be explained by only diagenetic reactions (Table 6.1).
Using variations in the model inputs, the maximum proportion of samples which can
be explained by solely diagenetic processes is 98%. This occurs when all samples initially
contain a FePY /FeHR of 0.1 at deposition, the total iron content is at the lowest boundary
for each fraction (ie. 0.1wt%, 2.5wt% and 5 wt%) and dissolved sulfide is supplied at the
high rate of 200 pMol cm−3 day−1. All of the samples in the <2.5 wt% iron fraction can be
completely explained by diagenesis in six of the eight model runs implying how susceptible
sediments with low total iron are to over-printing.
A more reasonable range is that between 75 and 80% of samples previously identified
as euxinic can be explained solely by post-depositional diagenesis. As many of the model
inputs have similar effects on the results (i.e. a halving of sulfide production rate has the
same effect as doubling the total iron), this range of estimates is more likely to correspond to
the majority of samples if the sample set has a normal Gaussian distribution. The effect of
time was not tested, though this can be intuitively understood as a longer time will result in
more samples being diagenetically overprinted.
I acknowledge that certain samples may well have conditions that lie outside the model
inputs described here. The fact that roughly three quarters of iron-speciation samples can be
reasonably explained by diagenesis however, is striking.
6.2.5 Temporal variation in diagenetic overprinting
To ascertain whether samples in certain time periods may be more or less susceptible to
this diagenetic effect, I split the revised estimates by age bins used in Sperling et al. (2015)
(Figure 6.7). The conditions in model run 4 are used to split samples into a refined true
euxinic vs diagenetically altered samples (Table 6.1). Roughly 7% of the 2300–1100 Ma
samples (depicted by oldest age bin in Figure 6.7) from the Sperling et al. (2015) dataset
show true euxinia. This is a large decrease from the original estimated proportion of euxinic
samples (∼25%) but is more in line with independent estimates from marine carbonates
(Gilleaudeau et al., 2019). The limited number of samples from 1000–365 Ma makes any
further interpretations tricky. All modern samples can be explained by solely diagenesis,
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Fig. 6.7 - Graphical representation of the selection criteria shown in model run 7 of Table
6.1. Dashed line represents the diagenetic model (Figure 6.3) run for (A) 2.5% FeT , (B) 5%
FeT and, (C) 10% FeT . Iron speciation data is from Sperling et al. (2015) for (A) >2.5%
FeT samples, (B) 2.5% - 5% FeT samples and (C), >5% FeT samples. Samples (circles)
highlighted red lay in the classical criteria for interpretation of an environment as euxinic
under iron speciation criteria and also cannot be explained by diagenetic processes alone.
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decreasing the extent of previously reported euxinic samples from 25% to 0%. This is quite
notable considering that the Raiswell and Canfield (1998) dataset was used as the modern
component of the dataset; this study specifically targeted anaerobic sites and so is heavily
biased towards anoxic settings. The low iron content in modern sediments combined with
high sulfate concentrations—and thus high concentrations of sulfide—means that diagenetic
overprinting would be very common in modern sediments, though the oxic nature of the
modern ocean prevents this from imparting a major bias in the record.
Fig. 6.8 - Proportion of age-binned iron speciation samples from Sperling et al. (2015)
according to the original euxinic classification of Poulton and Canfield (2011) (Black circles)
and to the revised euxinic classification using model run 4 of Table 6.1 (Red circles). The
mid-point of each age bin is used.
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6.3 Effect of diagenesis on trace metal enrichments and
the δ 98Mo system
Diagenetic sulfidisation of iron minerals influences trace metal enrichments and the molyb-
denum isotopic composition of sediments (δ 98Mo)—two widely used geochemical proxies
which are hosted in or influenced by iron mineralogy. The effect of this reaction on sediment
(δ 98Mo) is comprehensively described in Chapter 4.
6.3.1 Trace metal enrichments
Trace metal enrichments (e.g. Mo, Re and U) rely on the assumption that once the trace
metal is sequestered into the sediment, there is no further remobilisation within the sediment.
Since the efficiency in sequestration of the trace element depends on the water column redox
conditions, it is assumed that sediment concentration changes reflect water column redox
changes (Algeo and Li, 2020). However, as highly-reactive iron minerals are potential sinks
for many trace metals (through adsorption or co-precipitation), the breakdown of these iron
minerals during sedimentary exposure to dissolved sulfide will release the mineral-bound
trace metals into the surrounding porefluid, subjecting these metals to redistribution through
the sediment. This has been observed in modern marginal marine environments where
there are changing redox conditions (Scholz et al., 2013). The metal redistribution shifts
the interpreted redox boundary; or causes a lower or higher enrichment than would be
expected for a certain redox condition. This would have implications for proxies which use
enrichments of trace metals to infer global seafloor euxinia (Reinhard et al., 2013; Scott and
Lyons, 2012).
6.3.2 Sedimentary δ 98Mo
A full discussion of diagenetic effects on the sedimentary δ 98Mo proxy is described in Chap-
ter 4. Briefly, shales deposited in euxinic conditions are assumed to record contemporaneous
seawater δ 98Mo (Arnold, 2004). This seawater δ 98Mo, in turn, is interpreted to reflect the
balance of a high δ 98Mo sink in euxinic environments (due to quantitative scavenging) and
a lower δ 98Mo sink from absorption onto Fe-Mn oxides in oxic and suboxic conditions
(Kendall et al., 2017; Siebert et al., 2003). If sediment was deposited in ferruginous con-
ditions with Mo adsorbed to iron oxides with a low δ 98Mo (Goldberg et al., 2009), the
breakdown of these iron oxide minerals during later exposure to dissolved sulfide would
release and re-distribute this 95Mo-enriched molybdenum, lowering the bulk δ 98Mo of the
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sediment (Chapter 4). In such a case, the lower measured δ 98Mo, interpreted as contempo-
raneous seawater δ 98Mo, would lead to an overestimate of euxinic seafloor coverage. Testing
sedimentary rocks using the iron speciation scheme outlined above may help to determine
which δ 98Mo may be reflecting true seawater δ 98Mo and which might have been influenced
by post-depositional diagenesis.
6.3.3 Other potential geochemical proxies
Geochemical proxies that consistently point to lower estimates of euxinia in the geological
past are largely derived from systems where exposure of sedimentary iron minerals to
dissolved sulfide is not possible, for example in the record of δ 238U in carbonate rocks
(Gilleaudeau et al., 2019). These geochemical proxies, not reliant on highly reactive iron,
largely point to between 1 and 8% seafloor euxinia in the Proterozoic.
6.4 Paleoclimate implications
The preservational bias towards euxinic conditions would have been particularly strong in
the Proterozoic relative to other time points in Earth history (Figure 6.1). In the Archean,
marine sulfate concentrations were minimal, therefore there was less opportunity to generate
dissolved sulfide (Fakhraee et al., 2019) and the oceans were almost certainly ferruginous
(Rouxel et al., 2005).
In the mid-Proterozoic, sulfate concentrations in the oceans had likely increased, intro-
ducing the potential for microbial or thermochemical sulfate reduction and the production
of dissolved sulfide. Furthermore, there were lower and more variable dissolved oceanic
Fe concentrations than in the Archaean due to increased oxygen in the surface environment
(Derry, 2015). Thus, the sediment would be poised to enable the production of dissolved
sulfide and the sulfidisation of deposited highly reactive iron.
The results of this study suggest that euxinic sediments are over-recorded in the geological
record during the Proterozoic, as even short transient pulses of euxinia or sedimentary sulfide
generation would introduce sulfide up to several meters into the sediment via diffusion,
altering previously deposited sediments. Such an effect has been observed in the modern
Black Sea (Egger et al., 2016; Neretin et al., 2004). This process would be ubiquitous in the
predominantly ferruginous conditions of the mid-Proterozoic; without deep ocean oxygen,
there is no feasible back-reaction to ‘unreact’ any iron sulfide minerals. Therefore, the mid-
Proterozoic would naturally preserve more iron-sulfide-containing sediments, regardless of
the extent of true water-column euxinia. Multiple brief and infrequent episodes of dissolved
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sulfide production may produce an integrated signal indistinguishable from an elongated
period of water-column euxinia. My results suggest that absolute extent of euxinia was up
to fourfold less in the mid-Proterozoic than previously thought. This indicates some other
factor than the presence of dissolved sulfide may have influenced eukaryotic evolution in the
mid-Proterozoic.
In the Phanerozoic, an increase in oxygen overall, and in particular in the deep ocean
means this preservational bias is lost. In the modern ocean, oxic waters interact with
sediments to provide a mechanism to oxidise sedimentary sulfide; it is estimated that 95%
of the dissolved sulfide produced in modern marine sediments is reoxidised to sulfate
(Jørgensen, 1982). More importantly, highly reactive iron minerals in the modern ocean, and
likely through most of the Phanerozoic are limited to marginal-marine and shallow-marine
environments, and rarely found in the vast majority of ocean sediments. Thus, the decrease
in euxinic conditions observed in the Phanerozoic may represent the cessation of this euxinic
preservational bias on a wider scale.
6.5 Conclusion
The estimated extent of euxinia in the mid-Proterozoic oceans varies widely among different
geochemical redox proxies (Arnold, 2004; Gilleaudeau et al., 2019; Reinhard et al., 2013;
Sperling et al., 2015). The work here suggests that at least some part of this disagreement
may be the result of early diagenetic overprinting of iron mineralogy during early sediment
diagenesis. This would particularly affect certain proxies, such as iron speciation and metal
isotope systems influenced by Fe-cycling in the subsurface, whereas proxies not dependent
on iron mineralogy (e.g. carbonate hosted isotope systems) would not be affected by this.
A model based on the Sperling et al. (2015) dataset shows that a large proportion of
samples previously classified as euxinic can be explained by solely diagenetic processes.
This model also highlights the importance of the total iron present in a sediment, which
suggests that more accurate paleoredox reconstructions may come from high-iron containing
sediments (which should be more abundant in the mid-Proterozoic).
The work conducted in this chapter is a natural extension from the conclusions drawn
from the previous chapters. If we wish to deconvolve diagenetic effects from the geological
record, modelling work such as this will be necessary to constrain the extent of individual
diagenetic reactions. This work is still in its early stages; laboratory experiments will
be necessary to support the parameters used in this model and more modern analogous




7.1 Salt marsh geochemistry
While this thesis’ primary objective was to understand the fate of trace metals during early
diagenesis in a well constrained redox environment, the work undertaken has developed our
understanding of the fascinating geochemical phenomenon observed in East Anglian salt
marsh pond sediments.
To observe both anoxic iron-rich and sulfide-rich conditions at the surface in such close
proximity is the result of a truly unique set of circumstances. Other modern analogues of
anoxic iron-rich and anoxic sulfide-rich conditions exist, such as Lake Sulawesi (Indonesia)
(analogous to ferruginous conditions) and the Black Sea (analogous to euxinic conditions).
At such sites however, only one anoxic condition is present at the sediment surface and so
comparisons between the two redox systems will require many assumptions. In East Anglian
salt marshes, the controls on the pond sediment geochemistry has been found to be the result
of a subtle, convolved set of conditions. The proximity of a pond in relation to creek drainage
networks appears to provide a first order control on the geochemistry of pond sediments,
though the age of the pond, the amount of carbon added in relation to the balance of electron
acceptors and, groundwater flows may all potentially influence this relationship.
The role creek dynamics plays in shaping the geochemistry of the pond sediments is of
particular interest considering the impact of anthropogenic drainage and/or climate change.
More efficient creek networks will prevent ponds from forming in future, as saline water will
be more efficiently exported during the ebb tide. Under these circumstances, sulfide-rich
ponds would surely also become rarer, as these tend to be more distally located from creek
networks. The next step would be to create a larger spatial dataset to ascertain the specific
role that geomorphology of salt marshes plays on driving geochemistry, as opposed to factors
such as background sedimentology or ground water flow. If geomorphology does control
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pond chemistry, as is suspected, a predictive framework (e.g. using neural networks) can
be developed from satellite data to extend classifications for larger salt marsh systems. Salt
marshes have long been considered a hotspot of carbon sequestration, yet few attempts have
been made to construct budgets which consider the spatial heterogeneity of the surface.
Different pond sediment chemistries will have different total organic carbon breakdown rates
to both each other and to the vegetated platform. A prediction of pond sediment chemistry
will therefore offer far more accurate carbon budgets of these environments in the future.
7.2 Pond sediments as an analogue for Proterozoic ocean
sediments
The fundamental premise behind using the salt marsh environment to understand the be-
haviour of commonly used trace-metal paleoredox systems was that these environments
mimic that of ancient ocean sediments. Iron-rich pond sediment and sulfide-rich pond
sediment are hypothesised to correspond to the sediments deposited under ferruginous and
euxinic water columns during the mid-Proterozoic. Is this comparison justified?
The largest difference is that the water column in the mid-Proterozoic was predominantly
anoxic, whereas the water column overlying the sediments in the salt marsh ponds are largely
oxic. At times, organic matter can eutrophy the above pond water column, but anecdotally I
have only observed this in the early morning in spring and summer months. An anoxic water
column is a much more efficient sorter of redox-active elements than anoxic sediment beneath
an oxic water column. Simply put, this is because there is no mechanism of transport needed
to move the trace elements into the redox conditions which sequesters them. The closeness
of the sedimentary molybdenum concentrations between the iron-rich and sulfide-rich pond
sediment is, at least in part, a result of this. I also note that organic matter loading in wetland
environments is likely larger than would have been the case on continental margins in ancient
oceans. Additionally, a higher terrestrial flux of material in the salt marshes brings with it
a multitude of different organic compounds which would not have been present in ancient
oceans.
The regular periodic flushing of the salt marsh ponds prevents isotopic distillation, and
thus quantitative capture of an isotopic signature, which is perhaps a better approximation
of mid-Proterozoic ocean basins than modern restricted basins, such as the Black Sea.
The combination of euxinic and ferruginous water columns in the mid-Proterozoic would
likely mean water was in constant movement between these two redox conditions and that
quantitative capture of elements from seawater except in very enclosed regions seems unlikely.
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Scaling the processes which are occurring in a pond to the complexities of an ocean basin,
however, is overly simplistic.
There are certain similarities between ancient ocean sediments and the studied salt marsh
sediments which still makes the conclusions from this thesis applicable. Firstly, the high
sedimentary iron concentrations in these salt marshes are perhaps the most likely to reflect
ancient ocean sediments. Modern open ocean sediments contain lower total iron due to
the efficient capture of iron minerals at the ocean-continental transition. Early diagenetic
reactions have been shown to be a function of total Fe, therefore this environment reflects a
more suitable mineralogical baseline. Second, the close poising between sulfate-reduction
and iron-reduction is perhaps the best reflection of what redox conditions were like in the
mid-Proterozoic. The evidence for “switching” of sediment from iron-rich to sulfide-rich
would have almost certainly occurred in a similar manner in an ocean where these types
of sediment co-existed. Finally, the overlying saline water is a better approximation of the
conditions of ancient ocean sediments than modern lake environments, where differences
in ionic composition and pH would result in a different set of diagenetic reactions and
mineralogy in the sediment. The early diagenetic chemical reactions described for these
salt marsh sediments are therefore possibly among the best representations of the diagenetic
reactions of marine shales that are preserved in the geological record.
7.3 Early diagenetic processes on trace metal behaviour
In this thesis, I have looked at two metal isotope systems commonly used for reconstructing
paleoredox conditions: chromium, and molybdenum. These elements work in conjunction
with each other and were the ideal preliminary isotope systems for my objectives. Both
elements are influenced by redox conditions in different ways. For chromium, the Cr(VI)
species itself becomes insoluble upon reduction to Cr(III) in response to the redox potential
of the environment. Other elements such as rhenium and uranium behave similarly, albeit
with different redox thresholds (Algeo and Li, 2020). Molybdenum also depends on redox
conditions, but it depends on the redox cycling of other elements (predominantly sulfide)
rather than the Mo species itself changing with changes in Eh. This discrepancy is what
causes Mo to be a potential tracer of euxinia, whilst Cr is potentially a tracer of anoxia. A
robust understanding of these two elements therefore provides the fundamental groundwork
behind the mechanisms which most other metal redox proxies should adhere to.
The results here suggest that metal isotope signatures do not remain constant during the
initial period of burial in sediments. During the transformation of iron and sulfide mineralogy,
trace metals “tag along for the ride” and become redistributed too. The very condition that
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makes them so suitable for paleoredox studies could become the downfall of these metals, as
they isotopically fractionate during redox changes in the early stages of diagenesis.
A pertinent question is whether these changes would become averaged out upon com-
paction and lithification. There is certainly an argument that the small differences observed
in δ 53Cr would not affect the bulk sediment value. On the other hand, δ 98Mo of sediment
varies largely during early diagenesis and would thus overwrite the initial signature of the
sediment upon deposition. Two reasons can explain why Mo is so much more susceptible to
diagenetic overprinting than Cr under these conditions: First, far more Mo is stripped from
seawater under sulfide-containing conditions, and with a significantly higher δ 98Mo signa-
ture. This means there is a large difference in the end member conditions which may become
diagenetically mixed. In comparison, Cr uptake quantities and δ 53Cr are not largely different,
hence there are no large concentration gradients nor differences in δ 53Cr between the two
types of pond sediment. The second reason relates to where the trace metal is bound within
the sediment. Molybdate ions are bound by adsorption to surface of iron minerals whilst
Cr ions have the additional sink of being coprecipitated with iron minerals via substitution
into the lattice, and thus are more resistant to desorption or reductive dissolution of the iron
minerals. Simple mass balance suggests that reactions which affect an iron mineral surface,
of which there are plenty in redox active environments, are proportionally going to affect
more Mo ions than Cr ions. Hence, redistribution happens faster and more comprehensively.
This can be simply observed by Cr and Fe correlating in these sediments, whilst Mo and Fe
do not.
7.4 The future of paleoredox proxies
I suggest that the future analysis of the geological record will have to include more paleoredox
proxies applied to the same samples. All isotope systems used as paleoredox proxies so far
have proven fallible in some environments, or under certain conditions. There are simply too
many diagenetic reactions for this not to be the case.
Therefore, there needs to be a shift towards targeting what is wrong with an isotope
system as a paleoredox proxy first and foremost. Once these characteristics are known, then
another paleoredox system can be used to compensate for the drawbacks. δ 98Mo is a good
indicator of truly euxinic conditions in the past but a well constrained iron speciation signature
is needed to confirm this. “Oxic environments” characterised by near zero δ 53Cr values
can be separated into anoxic and oxic sediments underneath an oxic water column using
corresponding δ 98Mo signatures (Figure 5.9). Iron speciation work can prove a valuable
indicator of euxinic and ferruginous conditions but depends heavily on the baseline total
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iron of the sediment. In all of these cases, there are still plenty of caveats which need to be
investigated to understand the veracity of paleoredox datasets.
7.5 Concluding remarks
My work has also elucidated some of the geochemical processes in the salt marsh pond
sediment which are otherwise not observed in major element cycles. The novel use of trace
metals as tracers of biogeochemical reactions in early sediment diagenesis is a potential
direction of further exploration.
This thesis also outlines how important it is to understand a paleoredox tracer works
before applying it to reconstruct past conditions. The process of an element dissolved in the
ocean being sequestered into sediment and subsequently into the geological record is a long
and complex process. It cannot just be assumed that the signal measured in a rock reflects
the oceanic conditions of that time. The work here outlines how water column flushing,
bioturbation, iron mineralogy and porewater chemistry all work in tandem to create—and
potentially alter—the isotopic signature and element concentration at the sediment surface
for Mo, Cr and Fe. These elements will not be unique in this capacity, and work of a
similar nature is required for all paleoredox tracers if we truly wish to reconstruct past
sediment conditions. No modern analogue exists which can perfectly encapsulate conditions
of the widespread anoxic oceans. This means, as a community, we must go back to the
mechanisms behind how elements behave in a sedimentary environment to be able to apply
this understanding to the geological record.
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Deconvolving the measured isotope ratios to produce the actual ratios requires precise
measurement of the 50Cr, 52Cr, 53Cr and 54Cr isotope signals in both the double spike (DS)
solution and the standard (SRM979) used to measure δ 53Cr (Rudge et al., 2009). It is
not necessary to know the absolute values of the Cr beams for the double spike inversion
since this merely alters the intercept point (i.e. where 0‰ is based), however the relative
proportions must be well constrained (Mel’nikov, 2005).
The issue with determining the precise concentration of each isotope in the two solutions
is that during the measurement, there will be a mass dependent instrument fractionation
(usually corrected for by the double spike method). This is a particular issue with TIMS
measurement as the filament loading will heterogeneous, so the isotopic fractionation will be
different for each sample (Figure 3.12).
I measured the four Cr isotope beams in three aliquots of the DS solution and 4 unspiked
SRM979 standards. The instrumental mass fractionation factor (p) was calculated by com-
paring the measured 53Cr/52Cr ratio in the unspiked SRM979 solutions to the absolute value
reported in Shields et al. (1966) (Equation A.1). This mass fractionation factor was used to
calculate the true 50Cr/52Cr and 54Cr/52Cr ratios in SRM979 to ascertain whether only mass
dependent fractionation was occurring during the run (Equation A.2). The calculated average
values from four SRM979 aliquots (Table A.1) are within the reported error of Shields et al.

















196 Double Spike Calibration
Measurement DS Solution SRM979
Ratio (±2SD)
50Cr / 52Cr 423.54701 ± 7.07335 0.51926896 ± 0.0000282
53Cr / 52Cr 13.362008 ± 0.226674 0.11339†






Table A.1 - The isotopic composition of the SRM979 standard and double spike solution.
The 53Cr/52Cr ratio of SRM979 is used to normalise the other ratios of SRM979 assuming
mass dependency. The determined ratios are within error of Shields et al. (1966). Spike














The issue with applying an average isotope fractionation factor to correct the double
spike solution is that the fractionation factor varies both between different aliquots of
SRM979 solution and during the measurement of the SRM979 standard. As such, I used the
fractionation factor calculated at each point along the 200 run measurement and applied the
same factor to each of the ratios in the double spike solution (i.e. position 1 fractionation
factor from the SRM979 measurement was applied to position 1 of the double spike-solution).
Assuming that the fractionation factor is the same for each sample run on the TIMS, this
should produce accurate isotope ratios.
As the error on the double spike-solution is going to largely dictated by the smallest
(52Cr) beam, I used the double spike-solution run which was run at the highest voltage,
and thus gave the lowest internal error. I applied the fractionation factors from each of the
four measured unspiked SRM979 solutions to produce 800 measurements (4 x 200 raw
measurements of double spike-solution) of the three isotope ratios. This gave me a good first
estimate of the relative isotopic abundance of the solutions.
The best way to test the precision of the ratios in the double spike-solution is to alter
the proportions of double spike-solution to SRM979 solution in a mixture. Whilst there
is an optimum double spike-SRM979 ratio, a correctly calibrated double spike solution
should produce the same δ 53Cr value after double spike inversion with a variety of double
spike:SRM979 ratios. The double spike inversion of six measurements of double spike-
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SRM979 mixtures with varying double spike:SRM979 ratio produced near identical δ 53Cr
values (Figure A.1 - Black squares). In contrast, if a small perturbation ( 1%) was applied
to the 54Cr/50Cr ratio, the δ 53Cr ratio shifted largely based on the proportion of double
spike to SRM979 solution (Figure A.1 - White triangles). I therefore trust the calibration
of the double spike-solution to produce the correct δ 53Cr values during inversion. A small
correction is necessary to alter the absolute value to the first SRM979 measured. This was
done mass dependently, so that the relative ratios were not altered relative to one another. As
stated earlier, this would not alter the calibration of the double spike, it would simply change
the baseline.
Fig. A.1 - δ 53Cr produced from SRM979 with well calibrated values and poorly calibrated
values of the double spike solution. Accurate measurements of the relative Cr isotope ratios
mean the δ 53Cr does not vary with varying fractions of double spike to standard after double
spike deconvolution. Poorly calibrated double spike artificially creates an incorrect δ 53Cr




Double spike inversion is achieved using the Newton-Raphson method (Albarède and Beard,
2004). During double spike deconvolution, there are three unknowns: φ sp52 , βsample and, βmix.
The φ sp52 refers to the mixing proportions of the double spike sample mix. βsample and βmix
are the mass dependent fractionation factor which has occurred to the sample (unspiked) and
sample-spike mix respectively. Hence, the aim of the Newton-Raphson method is to solve







































































200 Double Spike Inversion
The corresponding equation is applied for the 50Cr/52Cr ratio and the 54Cr/50Cr ratio. By
making initial guesses of the unknowns, a (3,3) matrix is produced from Equations B.2, B.3
and B.4. The determinant or Jacobian, (Jo), can be solved for by taking the cross product of

































































































At this point, it is a simple case of multiplying the inverse of the Jacobian by the solutions
to Equation B.2, B.3 and B.4 with the initial guesses of φ sp52 , βsample and, βmix for each isotope.
The next iteration of the guesses, or x1, is thus progressed, and the same procedure is applied
to calculate x2 and so on (B.7):
x1 = xo − J−1o yo (B.7)
This iteration continues until convergence is reached, or where xi = x(i+1). At this point,




Isotope dilution utilises the known isotopic composition of the double-spike solution to
calculate the concentration of a sample. There are two artificially enriched isotopes in
the double-spike solution, hence two single-isotope spike dilution concentrations can be
calculated (the concentration difference calculated between the 50Cr and 54Cr isotope dilution
method is <0.5%). For the case of the 54Cr isotope dilution method, the concentration of Cr
can be calculated using Equation C.1.













Where VSpike and [Cr]Sample are the volume and concentration of the spike solution respec-
tively, A refers to the weighted atomic mass of nature/double-spike mixture, 5452CrSampleCorr
refers to the double-spike corrected isotope ratio of the sample, iFSpike refers to fraction of the
(i) isotope of Cr within the double spike and iFNature refers to the fraction of the (i) isotope
of Cr in nature. The exact volume of double-spike solution and sample needs to be known
precisely to use this technique; therefore, all spike additions were weighed gravimetrically.

Appendix D
Sequential extractions of chromium from
sediments
Early during my project, I attempted to measure the Cr content in different sedimentary pools
to understand the mineral phases which host Cr. A plethora of sequential extraction protocols
exist, ranging from 3-step extractions to 7-step extractions of sedimentary phases (Filgueiras
et al., 2002; Rauret et al., 1999). I used the community accepted BCR method of extracting
three pools of Cr: the soluble/exchangeable fraction (targeted by a 0.11 M acetic acid leach),
the reducible fraction (targeted by a hydroxylamine hydrochloride leach), the oxidisable
fraction (targeted by hydrogen peroxide followed by an ammonium acetate leach) and, a
residual fraction (targeted by concentrated aqua regia leach) (Rauret et al., 1999). The results
are shown in Figure D.1 for sediment extracted from 10 cm and 25 cm in an iron-rich pond
sediment core. Sub-aliquots of the sediment were digested with concentrated aqua regia and
agreed with the summed total of the other pools within 25% (the discrepancy likely due to a
mixture of contamination blanks, sample losses and sample heterogeneity.
The exchangeable fraction is predictably small, which agrees with the low concentrations
of Cr in porewater. The reducible fraction (Cr hosted in iron oxides) is roughly 20%
across the pond sediments which is perhaps surprising given the association of Cr with iron
(oxyhydr)oxides. The oxidisable fraction (organic matter and iron sulfide hosted Cr) makes
up the majority of the Cr and is marginally higher in the deeper part of the core. The residual
fraction of Cr roughly agrees with the Cr/Ti correction (Equation 5.5).
The lack of specificity of the sequential extraction methods means that these defined
fractions should be treated with some caution (Davidson et al., 1998).
204 Sequential extractions of chromium from sediments
Fig. D.1 - Sequential extraction of chromium from salt marsh iron-rich pond sediment using
the BCR method (Rauret et al., 1999). Two replicates of sediment samples from 10 cm and
25 cm from an iron-rich pond sediment were analysed. Fractions were normalised to total
summed concentrations of the different pools.
Appendix E
Data tables
E.1 Data table index
Tables E1–E18 – Data tables for Chapter 2
Tables E19–E28 – Data tables for Chapter 4







































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































E.1 Data table index 211
Dec-17 Dec-17
Iron-rich pond Iron-rich pond
Blakeney Blakeney
Depth (cm) Fe(II) (mM) Depth (cm) Fe(II) (mM)
1 0.71 0.5 0.83
3 0.43 2.5 0.45
5 0.51 4.5 0.54
7 0.44 6.5 0.46
9 0.59 8.5 0.63
11 0.52 10.5 0.55
13 0.39 12.5 0.40
15 0.31 14.5 0.31
17 0.29 16.5 0.29
19 0.29 18.5 0.29
21 0.23 20.5 0.11
23 0.15 22.5 0.16
25 0.13 24.5 0.13
27 0.14 26.5 0.14
29 0.16 28.5 0.17
31 0.16 30.5 0.13
Table E.6 Fe2+ concentrations of porewater in multiple iron-rich pond sediment cores shown

































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































E.1 Data table index 217
V-Core 1
Depth (cm) Cl (M) SO4 (M) SO4/Cl δ 34SSO4 (‰) Fe(II) (mM)
7 0.63 0.032 0.051 21.9 0.02
9 0.65 0.034 0.052 21.9 0.01
11 0.66 0.034 0.052 21.8 0.04
15 0.60 0.030 0.050 22.1 0.86
19 0.53 0.026 0.049 22.2 1.27
23 0.51 0.025 0.050 22.7 0.79
27 0.49 0.024 0.049 23.0 0.62
29 0.49 0.024 0.049 23.2 0.72
31 0.49 0.024 0.050 23.0 0.81
33 0.51 0.025 0.050 22.9 0.91
35 0.49 0.024 0.050 1.12
37 0.50 0.025 0.050 22.9 1.51
Table E.12 Geochemical data for V-Core 1 from the core transect at Abbotts Hall salt marsh
(Figure 2.17)
V-Core 2
Depth (cm) Cl (M) SO4 (M) SO4/Cl δ 34SSO4 (‰) Fe(II) (mM)
2.5 1.05 0.063 0.060 20.1 0.01
6.5 0.99 0.050 0.051 20.9 0.00
10.5 0.89 0.047 0.052 21.6 0.00
14.5 0.82 0.044 0.054 22.2 0.01
18.5 0.80 0.045 0.057 22.7 0.02
22.5 0.80 0.048 0.059 23.3 0.09
24.5 0.81 0.048 0.060 23.5 0.06
26.5 0.82 0.049 0.060 24.0 0.06
30.5 0.84 0.050 0.060 24.6 0.15
34.5 0.86 0.050 0.059 25.0 0.39
38.5 0.89 0.050 0.056 25.7 0.64
42.5 0.88 0.048 0.055 26.0 1.42




Depth (cm) Cl (M) SO4 (M) SO4/Cl δ 34SSO4 (‰) Fe(II) (mM)
7 0.74 0.035 0.047 22.4 0.04
9 0.73 0.036 0.049 23.0 0.01
11 0.73 0.037 0.050 23.3 0.00
13 0.72 0.037 0.051 23.5 0.01
15 0.69 0.036 0.051 23.6 0.02
17 0.66 0.034 0.051 24.0 0.08
19 0.66 0.034 0.052 23.9 0.16
21 0.66 0.035 0.052 24.2 0.43
23 0.67 0.035 0.052 24.4 0.50
27 0.68 0.036 0.052 24.9 1.01
31 0.70 0.036 0.052 25.4 1.22
33 0.71 0.036 0.051 25.6 1.02
Table E.14 Geochemical data for V-Core 3 from the core transect at Abbotts Hall salt marsh
(Figure 2.17)
I-Core
Depth (cm) Cl (M) SO4 (M) SO4/Cl δ 34SSO4 (‰) Fe(II) (mM)
1.5 0.58 0.031 0.054 18.6 0.23
3.5 0.58 0.033 0.056 17.7 0.41
5.5 0.60 0.033 0.055 18.0 0.15
9.5 0.60 0.032 0.054 18.6 0.18
11.5 0.58 0.031 0.053 18.9 0.28
13.5 0.59 0.030 0.052 19.7 0.48
15.5 0.57 0.029 0.051 20.0 0.49
17.5 0.57 0.029 0.051 21.1 1.44
21.5 0.56 0.028 0.051 22.4 1.65
25.5 0.57 0.030 0.053 22.4 2.12
29.5 0.57 0.030 0.053 22.7 3.11
33.5 0.57 0.030 0.053 22.1 4.02
Table E.15 Geochemical data for I-Core from the core transect at Abbotts Hall salt marsh
(Figure 2.17)
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S-Core
Depth (cm) Cl (M) SO4 (M) SO4/Cl δ 34SSO4 (‰) Fe(II) (mM)
2 0.62 0.029 0.047 27.5 0.00
4 0.66 0.028 0.042 33.4 0.00
8 0.63 0.023 0.036 36.3 0.00
10 0.61 0.022 0.036 36.7 0.00
12 0.59 0.021 0.037 38.6 0.00
14 0.58 0.019 0.034 41.2 0.00
16 0.58 0.019 0.033 45.5 0.00
20 0.60 0.018 0.030 49.2 0.00
24 0.61 0.019 0.030 48.7 0.00
28 0.63 0.020 0.031 47.6 0.00
32 0.62 0.020 0.032 46.6 0.00
34 0.63 0.020 0.032 45.6 0.00
36 0.63 0.021 0.033 45.2 0.01
38 0.64 0.022 0.034 44.4 0.13
40 0.63 0.022 0.034 43.0 0.08
Table E.16 Geochemical data for S-Core from the core transect at Abbotts Hall salt marsh
(Figure 2.17)
Creek Core
Depth (cm) Cl (M) SO4 (M) SO4/Cl δ 34SSO4 (‰) Fe(II) (mM)
0 0.58 0.029 0.050 23.7 1.64
2 0.56 0.027 0.048 24.7 3.38
4 0.54 0.025 0.047 25.5 3.69
6 0.51 0.024 0.047 25.8 5.40
8 0.52 0.025 0.048 25.9 4.95
10 0.52 0.025 0.049 25.8 4.70
12 0.51 0.025 0.048 25.8 4.96
14 0.51 0.025 0.049 25.7 4.42
18 0.52 0.025 0.049 25.8 4.14
20 0.51 0.025 0.049 25.8 3.95
Table E.17 Geochemical data for Creek Core from the core transect at Abbotts Hall salt
marsh (Figure 2.18)
220 Data tables
Sample No. Organic Carbon content (%) Distance from boundary layer (Fig. 2-9) (m)
1 10.6 72
2 9.1 73
2 (Repeat) 8.6 73












10 (Acid cleaned) 11.1 170
11 11.0 187






















Table E.18 Organic carbon content (%) in the surface sediment in ponds as shown in Figure
2.16




































































































































































































































































































































































































































































































































































































































































































































































Depth (cm) δ 98Mo (‰) Mo (µg/g) Mn (µg/g) Fe (mg/g) Al (mg/g)
0.5 1.54 ± 0.02 2.20 ± 0.02 40.6 19.5 6.0
2.5 1.65 ± 0.04 2.17 ± 0.02 29.0 10.1 6.5
4.5 1.54 ± 0.04 2.51 ± 0.02 32.2 11.5 8.3
6.5 1.59 ± 0.03 5.43 ± 0.04 34.2 12.4 8.4
8.5 1.60 ± 0.03 5.84 ± 0.05 59.6 18.1 12.8
10.5 1.18 ± 0.03 8.55 ± 0.07 40.7 11.8 9.5
12.5 1.39 ± 0.04 3.32 ± 0.03 37.7 9.7 9.7
14.5 0.93 ± 0.02 1.99 ± 0.02 34.0 6.2 8.3
16.5 1.06 ± 0.02 2.09 ± 0.02 39.1 9.0 8.9
18.5 1.01 ± 0.02 2.03 ± 0.02 39.7 7.4 10.0
20.5 0.83 ± 0.02 5.04 ± 0.04 51.4 10.8 13.3
22.5 0.53 ± 0.02 1.61 ± 0.01 38.7 7.5 9.9
24.5 0.28 ± 0.05 1.12 ± 0.01 45.4 7.9 11.4
26.5 0.69 ± 0.05 1.15 ± 0.01 55.9 9.4 14.4
28.5 0.61 ± 0.05 0.77 ± 0.01 69.8 15.7 15.5
30.5 1.11 ± 0.02 1.79 ± 0.01 68.9 17.6 18.9
6.5 (repeat) 1.75 ± 0.02 4.20 ± 0.04 33.1 13.4 7.3
22.5 (repeat) 0.56 ± 0.02 1.27 ± 0.01 36.6 7.8 8.9
30.5 (repeat) 0.80 ± 0.02 2.69 ± 0.02 79.7 24.1 21.5
Phosphate-leached samples
0.5 1.33 ± 0.03 1.10 ± 0.01 35.5 17.1 4.6
20.5 0.51 ± 0.03 0.82 ± 0.01 32.1 6.1 5.7
28.5 0.46 ± 0.02 0.63 ± 0.00 42.0 10.6 8.6
Table E.20 Sedimentary Mo isotope composition and sedimentary concentrations of Mo, Mn,
Fe and Al in iron-rich ponds shown in Figure 4.2 and 4.5

































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































E.1 Data table index 225
Sulfide-rich sediments
Depth (cm) δ 98Mo (‰) Mo (µg/g) Mn (µg/g) Fe (µg/g) Ti (µg/g)
3 1.76 ± 0.05 1.84 ± 0.02 29.2 5447 48.2
7 1.86 ± 0.04 2.64 ± 0.02 41.6 6429 54.7
11 1.89 ± 0.05 3.44 ± 0.03 36.4 5477 45.0
15 1.73 ± 0.05 4.54 ± 0.04 69.5 8613 57.6
19 1.70 ± 0.04 4.27 ± 0.04 88.2 10075 65.7
23 1.52 ± 0.04 3.31 ± 0.03 98.7 8550 68.9
27 1.37 ± 0.04 3.15 ± 0.03 59.5 7398 72.1
31 0.98 ± 0.04 2.38 ± 0.02 51.9 7663 89.5
35 1.92 ± 0.06 2.78 ± 0.02 80.3 13152 110.2
19 (Repeat) 1.74 ± 0.06 3.81 ± 0.03 74.4 9075 58.8
Table E.23 Sedimentary Mo isotope composition and sedimentary concentrations of Mo, Mn,
























































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































Depth (cm) δ 98Mo (‰) Mo (µg/g) Mn (µg/g) Fe (µg/g) Ti (µg/g)
2 1.80 ± 0.05 2.67 ± 0.02 34.4 5513 52.2
6 1.66 ± 0.05 3.46 ± 0.03 33.2 5551 47.2
10 1.87 ± 0.04 4.05 ± 0.03 38.9 6285 52.3
14 1.87 ± 0.05 4.51 ± 0.04 41.4 7249 53.8
18 1.50 ± 0.04 4.76 ± 0.04 48.1 7907 59.3
22 1.41 ± 0.04 2.97 ± 0.02 37.1 7351 67.0
26 1.53 ± 0.06 3.62 ± 0.03 28.2 11336 66.0
30 1.67 ± 0.05 3.78 ± 0.03 49.3 13481 93.5
34 1.76 ± 0.04 4.21 ± 0.04 46.9 10895 88.4
Table E.26 Sedimentary Mo isotope composition and sedimentary concentrations of Mo, Mn,
Fe and Ti in intermediate ponds shown in Figure 4.2 and 4.5
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